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Abstract
During the VOCALS Regional Experiment in 2008 fourteen research flights were conducted over
the South East Pacific (SEP) to study the interaction between aerosol and cloud covering a wide
range of conditions from a more polluted coastal troposphere to the remote marine environment.
Size-resolved aerosol physiochemistry was measured above and below stratocumulus (Sc) clouds
along with in-cloud observations of cloud droplet size spectra. Because the nature and variability
of aerosol effective as cloud condensation nuclei (CCN) impact cloud microphysical properties
through cloud droplet number concentration (Nd ), size-resolved aerosol measurements were utilized
to establish air mass characteristics and their CCN activity over the SEP.
The aerosol number size distribution measurements were clustered into groups using a simple
k-means technique that recognizes similar pattern over the aerosol size range assessed. This cluster technique yields four distinct aerosol size distributions for the free troposphere (FT). These
are attributed to two local coastal pollution sources and long-range transport of aerosol from the
South Pacific and Australia based upon back trajectory analysis and investigation of aerosol physiochemistry. Marine boundary layer (MBL) observations reveal six distinct clusters associated with
different stages of aging and processing of coastal combustion sources, clean South Pacific and heavy
drizzling air masses. All air masses show CCN activity is strongly dependent on aerosol number
concentration and size distribution shape, while aerosol hygroscopicity plays a smaller role. This
confirms earlier studies although observed MBL hygroscopicity considerably exceeds the previously
recommended value of 0.7.
Derived MBL CCN also reveal a 1:1 relationship to Nd over the range of air mass characteristics observed once droplet concentrations are corrected for instrumental artifacts that tend to
undercount Nd in polluted clouds. This is contrary to some previous estimates of aerosol-cloud
interaction and could result in changes in local cloud radiative forcing of -3 to -10 W m−2 .
In-cloud measurements from VOCALS campaign also show a robust dependency of Nd with
the empirical correction factor k∗ utilized in cloud radiative transfer codes in climate models to
account for droplet spectral properties. This relationship can be traced to aerosol size distributions
below the clouds. Measurements for both clean marine and pollution influenced aerosol populations
indicate that as they undergo cloud processing, reducing the number of CCN and Nd , their droplet
mean radius (rµ ) increases while spectrum width (rσ ) is unaffected. The associated k∗ increases,
as it is roughly proportional to rµ / rσ . If this dependency is not accounted for, local forcing
ii

could be overestimated by 3 to 6 W m−2 in polluted clouds close to the Chilean coastline. In-cloud
measurements also showed that the highest drizzle rates occur in the absence of typical pollution
indicators as carbon monoxide and black carbon.
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Chapter 1

Introduction
Widespread stratocumulus (Sc) fields within the marine boundary layer (MBL) e.g. off the west
coasts of California, Namibia, and Chile are of particular interest to the global radiation budget
and climate because these clouds cover approximately 23% of the earth’s ocean surface (IPCC,
2007, 2013). Randall et al. (1984) also showed these low cloud fields contribute about 30% to 40%
of earth’s albedo. This feature makes them an essential component for global climate modeling, yet
Sc clouds are poorly represented in models. One of the largest uncertainties in describing these low
cloud fields arises from the deficit in understanding the role of aerosol. The complex interactions
of aerosol with cloud and of cloud with aerosol are well recognized but the resulting influence on
cloud albedo, important to their impact on the radiation budget, is still poorly characterized.
In order to accurately predict the formation, maintenance, and dissipation of these clouds it
is necessary to understand their sensitivity to natural and anthropogenic aerosol perturbations.
As clouds are essential to precipitation and the removal of aerosol, this represents a coupled
cloud/aerosol system. Understanding this system involves careful assessment of aerosol properties such as concentration, size, and chemical composition because these characteristics determine
whether aerosol become the cloud condensation nuclei (CCN) upon which cloud droplets form.
Growth to cloud droplet sizes and to drizzle sizes (Dp > 50 µm), also greatly depend on Sc cloud
properties such as updraft velocity, entrainment-mixing, cloud depth, available cloud liquid water
content (LWC) and its distribution over cloud droplet sizes.
Opportunities to study aerosol characteristics and their relation to Sc cloud properties were
designed into the extensive airborne measurements during the VAMOS (Variability of the American
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Monsoon Systems) Ocean-Cloud-Atmosphere-Land Study (VOCALS) campaign in 2008 over the
South East Pacific (SEP) harboring the largest Sc deck in the world. The following two sections
provide an overview of aerosol characteristics relevant to marine clouds and summarize previous
findings on how aerosol can interact with Sc clouds.

1.1

Abundance of Aerosol and Cloud Condensation Nuclei in the
Marine Troposphere

Liquid or solid particles suspended in the marine troposphere, known as aerosols, arise from various
natural and anthropogenic sources. For instance, aerosol in the MBL may be produced through
bubble bursting generated by wind-forced breaking of ocean waves (Lewis and Schwartz, 2004).
This source of sea spray aerosol (SSA) provides the largest natural source of primary (injected
directly into the atmosphere) aerosol mass in the MBL on a global scale (Warneck, 1988). However,
although ubiquitous over the oceans, SSA contributions to CCN number concentration are typically
small. In the VOCALS region they only appear to be about 20% of the total available MBL CCN
concentration (Blot et al., 2013). Nonetheless, SSA may play an important role in warm rain
formation (see section 2.2) as it forms coarse particles.
Another source of MBL aerosol mass is from oxidation of dimethyl sulfide (DMS), produced
by phytoplankton in the ocean, to sulfur dioxide (SO2 ). However, conditions for fresh particle
nucleation via gas-to-particle conversion (secondary aerosol formation) are generally unfavorable in
the MBL because pre-existing aerosol surface area is high in the absence of aerosol scavenging by
drizzle. Instead, SO2 is typically converted to sulfate in cloud droplets and added to pre-existing
particle surface when cycling through non-precipitating MBL clouds (e.g., Calvert et al., 1985;
Clarke et al., 1996). The effect of cloud cycling can often be observed via aerosol size distribution
measurements in the form of a so-called Hoppel minimum resulting from the decrease in aerosol
concentration typically between 70-120 nm (Hoppel et al., 1994; Frick and Hoppel, 1993; Kleinman
et al., 2012). This minimum separates two populations of aerosol: those that activated as CCN in
cloud and grew larger through sulfate formation in droplets, and the smaller ones not activating at
available Sc cloud supersaturations.
Large convective systems, as commonly observed in the tropics but also subtropical regions
can be sources of MBL volatile aerosol number through new particle formation in cloud outflow
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and subsequent subsidence into the lower troposphere. This fresh particle nucleation is commonly
associated with the cloud anvil of such systems (Clarke et al., 1998a, 1999). Here, conditions
for heterogeneous nucleation are favorable because pre-existing aerosol surface area is low due to
effective aerosol scavenging by precipitation in these clouds (Clarke et al., 2013). High humidity
and enhanced ultraviolet fluxes in the anvil region further favor formation of sulfuric acid and
nucleation of sulfate particles linked to DMS and SO2 lofted in the clouds from the MBL (Clarke
et al., 1999; Clarke, 1993; Hoppel et al., 1994; Perry and Hobbs, 1994; Hegg, 1990). Once entrained
into the MBL, the sulfate aerosol from cloud outflow events typically do not immediately contribute
to the available MBL CCN concentration because of their smaller size. Although sulfate aerosol
gain mass via coagulation and condensation during subsidence, these processes are typically not
efficient enough to raise their mean particle diameter above 0.035 µm until they are entrained into
the MBL where they are exposed to new DMS sources and cloud processing (Clarke et al., 1998a;
Vignati et al., 2004).
Long-range transport of aerosol from the continent is another source of FT aerosol that can be
entrained into the MBL, while continental aerosol may also be directly advected within the MBL
close to the coast (George and Wood, 2010). Emissions from copper smelters along the Chilean
coastline containing large amounts of oxidized sulfur gases, for instance, have been shown to interact
with Sc clouds over the SEP (Huneeus et al., 2006). However, observations from VOCALS indicate
that smelter emissions were not the dominant source of continental aerosol number over the SEP
(Twohy et al., 2013). The data also show that mineral dust aerosol mass, typically dominated by
coarse particles, was not the main continental source over the SEP during the campaign (Twohy
et al., 2013).
Biomass burning of natural or anthropogenic South American origin represented the largest
source of continental aerosol for the SEP during VOCALS and has been detected in remote regions
as far away as Fiji (Blake et al., 1999) and Christmas Island (Clarke et al., 2013; Freitag et al.,
2014). These emissions, once entrained into the remote MBL over the Central Pacific, have been
shown to represent a more important source of sulfate aerosol than the oxidation of ocean-released
DMS (Simpson et al., 2014). Similar conclusions have been drawn for the coastal MBL over the
SEP, although sea-to-air DMS flux remained the dominant source of MBL sulfate aerosol mass in
the remote SEP (Yang et al., 2011).
Much of this continental aerosol forms quasi-horizontal and almost ubiquitous layers in the FT
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(Newell et al., 1999). Such layers are confined in the vertical by potential temperature stratifications, have distinct aerosol and gas signatures and are often only a few hundred meters thick
(Stoller et al., 1999; Newell et al., 1999). During VOCALS, biomass burning layers over the SEP
have also been linked to Australian sources (Allen et al., 2011) and typically include huge enhancements of aerosol number. Aerosol formed during the combustion process are typically large enough
to directly activate as CCN in Sc clouds once entrained into the MBL. Biomass burning plumes
typically contain non-volatile (e.g. soot and refractory organics) in addition to volatile compounds
as non-refractory organics and partially neutralized sulfates (Zhang et al., 2007; Gunthe et al.,
2009; Clarke and Kapustin, 2010; Thornberry et al., 2010). Trace gases such as ozone (O3 ) and
carbon monoxide (CO) commonly trend with these aerosol signatures. CO is also recognized as an
excellent tracer for pollution because it has a lifetime of almost 2 months in the Pacific (Staudt
et al., 2001; Allen et al., 2004) and hence acts as nearly conservative tracer over the SEP.
Although previous work on aerosol characteristics over the SEP utilizing VOCALS measurements mentioned possible sources and aerosol physiochemistry (Allen et al., 2011; Kleinman et al.,
2012; Blot et al., 2013; Twohy et al., 2013; Lee et al., 2014), none of these publications provided
a detailed discussion of aerosol properties by source. It should also be noted that aerosol hygroscopicity, an important parameter in model parameterizations (see below), has not been derived
for VOCALS measurements. Additionally, previous discussion of CCN abundance by source was
limited to SSA CCN (Blot et al., 2013). Hence, a more comprehensive analysis of aerosol properties
such as concentration, size, and chemical composition is warranted and will be discussed in this
work.

1.2

Aerosol Indirect Effects in Stratocumulus Clouds and their
Treatment in Global Climate Models

A variety of mechanisms describing the interaction of aerosol and cloud have been postulated over
the last decades. Those relevant to Sc clouds are summarized here. However, the groundwork
that led to formulation of these interaction mechanisms had already been conducted in the late
60s. In cloud chamber experiments Gunn and Phillips (1957) showed that an increase in CCN
concentration would decrease the available water vapor per droplet if the total available water
vapor is held constant. As a consequence, droplet size for most droplets decreased.
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The first Aerosol Indirect Effect (AIE) on Sc clouds derives from the fact that cloud optical
thickness (τc ) and cloud albedo (αc ) depend on cloud droplet concentration (Nd ) and the cloudcolumn integrated LWC also referred to as cloud liquid water path (LWP). Under the assumption of
constant LWP, an increase in Nd would then increase the cloud albedo because the multiple smaller
droplets have a higher cross-sectional area than the larger droplets and scatter a larger portion of
incoming solar radiation (Twomey, 1974). This albedo effect is defined in the form of equation 1.1
dαc
dlnCCN

=
LW P

dlnNd
dαc
·
dlnCCN dlnNd

ACI =

dαc
dlnNd

=
LW P

= ACI · αc (1 − αc )

1 dlnNd
3 dlnCCN

αc (1 − αc )
3

or

(1.1)

LW P

(1.2)
LW P

dαc
dNd

=
LW P

αc (1 − αc )
3Nd

(1.3)

and can be given as ACI αc (1 − αc ) utilizing equations 1.2 (Feingold et al., 2001; McComiskey
and Feingold, 2008) and 1.3 (Platnick and Twomey, 1994). Equation 1.2 describes aerosol-cloud
interaction (ACI) which varies between 0 < ACI < 0.33 depending on the relationship of Nd to
CCN. Equation 1.3 expresses albedo susceptibility and because αc is inversely related to Nd , cloud
albedo is most susceptible to changes in CCN concentration in clouds with low Nd such as clean
marine stratocumulus clouds (∼ 200 cm−3 during VOCALS). Additionally, αc (1-αc ) reaches its
maximum of 0.25 when αc is 0.5. This maximum value is typically associated with relatively small
LWP values around 50 - 200 g m−2 (Wood, 2012a) commonly found in Sc clouds (Zuidema et al.,
2012; Painemal and Zuidema, 2013). Hence, Sc cloud albedo is highly susceptible to changes in
CCN concentration because Sc clouds typically exhibit low Nd and small liquid water paths.
This albedo or Twomey effect has been estimated to cool the earth by -0.7 W m−2 with an
uncertainty range of -1.8 to -0.3 W m−2 . This is illustrated in Figure 1.1a showing the global
mean radiative forcing of aerosol (colored bars) and its uncertainty (whiskers) according to the
Intergovernmental Panel on Climate Change (IPCC) from 2007 (IPCC, 2007). The latest report
shown in Fig. 1.1b shows similar values with a mean negative forcing of -0.55 W m−2 and an
uncertainty range from -1.33 to -0.06 W m−2 (IPCC, 2013). Both estimates are related to total
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anthropogenic forcing (red bars on bottom) with the radiative forcing scales aligned for both plots
and shown relative to solar forcing of the year 1750. A comparison shows the Twomey effect
substantially reduced overall anthropogenic forcing (+2.29 W m−2 as of 2011). It also indicates the
need for further research since uncertainty scales are large and have not changed much since 2007,
although global climate models have been improved constantly.
The shift to smaller droplet sizes as consequence of elevated CCN concentrations has led to
the postulation of another effect (second AIE) related to temporal development of cloud LWP or
simply cloud lifetime. Smaller droplets may inhibit the formation of precipitation and as such
tend to increase LWP and cloud lifetime (Albrecht, 1989). This lifetime but also the albedo effect
have been studied with high-resolution models that can provide a realistic representation of aerosol
sources and properties (see section 1.1) and also resolve the complex cloud microphysics involved.
However, global climate models (GCM) used to simulate climate change over a couple of decades
and more cannot depict this complexity. Hence, aerosol indirect effects are often poorly represented
in GCMs. A summary of current GCM model capabilities is given below.
A realistic representation of aerosol involves characterization of aerosol concentration, size, and
composition as well as the life cycle of aerosol including emission and advection of particles from various sources. The characterization of the aerosol life cycle also requires representation of nucleation,
condensation, coagulation and size-resolved dry and wet deposition. The most advanced GCMs
handle this information in a separate aerosol dynamics module that computes aerosol properties
for each time step. However, even the most advanced aerosol modules only include the evolution
of major compositions (e.g. sulfate, black carbon, organics, sea salt and mineral dust) and some
precursor gases of sulfate as DMS and SO2 (e.g., Ghan et al., 2012; Zhang et al., 2012). The
characterization of the aerosol size distribution is also limited since these aerosol modules simply
predict aerosol number and mass for three aerosol size modes (e.g., Andreae and Rosenfeld, 2008).
Hence, since CCN activity is strongly dependent on aerosol number concentration and size distribution shape (see section 5.5), while aerosol composition plays a smaller role (e.g., Dusek et al.,
2006; Gunthe et al., 2009; Rose et al., 2010), a better representation of aerosol size distributions is
warranted in the future.
Successful representation of aerosol indirect effects also depends on the GCMs aerosol activation scheme that predicts cloud droplet concentration Nd . This scheme uses the aforementioned
aerosol size and chemistry information to compute CCN availability at a given cloud supersatu6

ration which is inferred from computed grid-scale maximum vertical velocity (e.g., Abdul-Razzak
and Ghan, 2000). However, since cloud droplet size cannot be resolved droplet size distribution
width must be parameterized (see section 2.3) using empirical relationships (e.g., Martin et al.,
1994). Consequently, precipitation formation must be parameterized as well to predict the onset
of collision-coalescence. These parameterizations are improved constantly and more recent studies
discussed below suggest that the first aerosol indirect effect may not necessarily increase cloud
albedo as much as previously thought.
Evaluation of in-situ measurements showed (Hudson and Yum, 1997) that droplet distribution
width increases with increasing sub-cloud CCN concentration in marine stratus clouds. Based on
these findings further investigations indicated (Liu and Daum, 2002; Peng and Lohmann, 2003;
Pawlowska et al., 2006; Liu et al., 2008) that the cloud albedo effect is reduced in GCMs if the
increase in droplet distribution width with increasing CCN is considered. In fact, Liu and Daum
(2002) calculated global shortwave forcing as a result of the cloud albedo effect might be overestimated by 10-80% if the mitigating effect of a variable droplet distribution width is not considered.
More recent observations, on the other hand, found an inverse relationship between droplet distribution width and CCN concentration in trade wind cumuli (Hudson et al., 2012). It should
also be noted the relationship between droplet distribution width and MBL CCN concentration
may just be an artifact of the droplet instruments that tend to artificially broaden the droplet size
distribution (e.g., Lance et al., 2010; Brenguier et al., 2011).
Based on high-resolution model studies (e.g., Wang et al., 2003; Xue et al., 2008a) it has also
been proposed that the lifetime effect postulated by Albrecht may only be valid in precipitating
clouds, while aerosol perturbations in non-precipitating clouds might actually reduce cloud lifetime.
This could be due to two mechanisms possibly related to entrainment and mixing with unsaturated
cloud environment. These mechanisms are referred to as evaporation-entrainment (Kogan and
Martin, 1994; Xue and Feingold, 2006) and sedimentation-entrainment effect (Ackerman et al.,
2004; Bretherton et al., 2007). Note these effects differ from the semi-direct aerosol effect, which
relies on heating due to light absorbing aerosol dissipating clouds (Hansen et al., 1997; Ackerman
et al., 2000).
The evaporation-entrainment feedback hypothesizes a reduction in droplet evaporation time
scales due to smaller droplet sizes when CCN concentration increases. Hence, more rapid evaporation rates near cloud boundaries could cause more turbulence followed by enhanced entrainment of
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dry air. This could further reduce the mean cloud droplet size and may eventually lead to a reduction in LWP and a decrease in cloud lifetime. The second process called sedimentation-entrainment
effect was numerically shown to cause an initial LWP increase, consistent with earlier findings by
Albrecht (1989). However, because simulated non-precipitating clouds also accumulated more cloud
water in the entrainment zones at the top of the cloud, entrainment-mixing was eventually increased
via increased evaporative cooling as a result of additional droplet evaporation (Bretherton et al.,
2007). Consequently, increased entrainment-mixing caused a reduction of LWP in more polluted
clouds over time. Hence, while slightly precipitating polluted clouds (less accumulation of liquid
water at cloud top) could respond to aerosol forcing with both increased lifetime and LWP this
may not be the case for non-precipitating clouds.
These mechanisms highlight ongoing controversies of aerosol impacts on cloud albedo and lifetime. Although in-situ aerosol and cloud measurements may not be ideal to study these effects
because cloud temporal development is not captured, they may be used to validate and refine model
predictions. For instance, utilizing a combination of in-situ and remotely-sensed VOCALS measurements it was shown that albedo susceptibility (dαc /dlnNd ; see above) reached its maximum
value of 0.086 at an LWP of 58 g m−2 , while ACI was estimated to be close to its maximum possible
value (eq. 1.2) of 0.33 (Painemal and Zuidema, 2013). This highlights the strong susceptibility of
Sc cloud albedo to aerosol over the SEP. Precipitation susceptibility, which describes the fractional
decrease of precipitation with fractional increase in aerosol loading, was also discussed utilizing
VOCALS measurements. Terai et al. (2012) showed that precipitation susceptibility decreases
with increasing LWP. However, while these publications discuss the first and second indirect effect
utilizing sub-cloud VOCALS measurements, there is no discussion provided yet on the relationship
between droplet concentration Nd and MBL CCN. Additionally, the relationship between cloud
droplet distribution width and MBL CCN concentration was not yet discussed for VOCALS. This
work provides a comprehensive analysis of these aerosol-cloud interactions pursuant to the ongoing
controversies outlined above. This study also examines their implementation into climate models
in the form of parameterizations utilized to compute cloud optical properties.
In order to analyze aerosol characteristics during VOCALS and to study the aforementioned
relationships between cloud hydrometeor properties and MBL CCN concentration, this work is
structured as follows. First, basic theoretical concepts regarding CCN activation and droplet growth
are introduced in the next chapter. The parameterization of cloud optical properties in climate
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models is also summarized. In chapter 3, VOCALS flight patterns, meteorological conditions and
instrumentation are discussed. In chapter 4, measurement uncertainties and processing of data
are outlined. Results of air mass characterization and CCN abundance are presented in chapter
5, while chapter 6 links aerosol and CCN measurements to Sc cloud hydrometeor properties. In
chapter 7, the relationship between MBL CCN concentration and cloud droplet distribution width
is discussed followed by a summary and conclusions in chapter 8.
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Figure 1.1: Global mean radiative forcing of aerosol (blue and grey) compared to total anthropogenic forcing (red bars on bottom) and its uncertainty (whiskers) according to the Intergovernmental Panel on Climate Change (IPCC) from a) 2007 and b) 2013. Radiative forcing scales are
aligned for both plots and shown relative to the year 1750.
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Chapter 2

Scientific Motivation
2.1

κ-Koehler theory

A combination of thermodynamic and cloud microphysical processes must be considered to accurately describe formation of cloud droplets in Sc clouds. Thermodynamically, condensation of
water vapor occurs when a moist air parcel is cooled to its dew point (at constant pressure and
mixing ratio of dry to moist air). At this temperature, the actual vapor pressure e of water in the
parcel equals the saturated vapor pressure es over a plane water surface. Liquid and vapor phase
are in equilibrium (saturation). However, a pure water droplet is not stable at saturation and low
supersaturation (e > es ) because of its small radius and hence highly curved surface. Physically,
this relates to attractive forces between neighboring water molecules in the droplet. On a curved
surface, there are fewer adjacent molecules and hence less attractive forces than over bulk water.
Consequently, water molecules can escape a smaller droplet easier. This was derived by William
Thomson (1870), who related the saturated vapor pressure es (r) of a curved surface to that over a
plain surface es (∞) as
es (r)
= exp
es (∞)

 
A
r

with

A=

4σMw
RT ρw

(2.1)

where r is the droplet radius, σ the surface tension at the air-water interface (0.072 J m−2 ), Mw the
molecular weight of water, ρw the density of water, T the environmental temperature, and R the
individual gas constant of water vapor. A is the curvature coefficient, which depends only on tem-
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perature. Hence, required supersaturation over a curved droplet decreases with increasing droplet
radius (larger drops grow at the cost of smaller droplets). Given typical Sc cloud supersaturations
(< 1%) and boundary layer temperatures it has been shown (Pruppacher and Klett, 1978) that
collision probabilities of vapor molecules are too low to form clusters of water molecules (homogeneous nucleation) of radii large enough to meet the requirement for further vapor condensation (e
> es (r)). For example, at a supersaturation of 1% a cluster of water molecules must be larger than
0.121 µm for the droplet to be stable according to equation 2.1. Since nucleation rates at 1% are
too low to form these larger clusters, other microphysical processes become important.
Water molecules tend to condense on preexisting aerosol surface. Necessary supersaturation
can be further reduced if aerosol has an affinity for water (hygroscopicity). This “solution effect”
describes the importance of the chemical composition of aerosol for cloud droplet formation. The
reduction in vapor pressure can be visualized as a blocking effect of solution molecules at the
droplet surface because these limit the exchange of water molecules with surrounding air to those
places where water molecules occupy the droplet surface. Therefore, hygroscopicity of a particle is
proportional to vapor pressure reduction over the solution droplet and can be expressed as
e0
B
=1− 3
es (∞)
r

with

B=

6iMw ms
πρw Ms

(2.2)

where e0 is the vapor pressure of a solution droplet, ms the mass of solute, Ms the molecular weight
of the solute, i the van’t Hoff factor, and B is the hygroscopicity coefficient dependent on actual
mass, molar weight, and degree of ionic dissociation of the solution. Hence, more hygroscopic
aerosol of the same radius grows at the cost of less soluble aerosol. Combining both the curvature
and solution effect and expanding the exponential, an approximation for the equilibrium saturation
ratio S known as Koehler equation is obtained

S=

e0s (r)
A B
≈1+ − 3
es (∞)
r
r

.

(2.3)

An extension to this formulation has recently been proposed by Petters and Kreidenweis (2007).
It relates dry particle activation radius rdry to droplet activity using a single hygroscopicity param-
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eter κ. This parameter combines solute’s mass, molar weight, and degree of ionic dissociation:

S=

3 − r3
rwet
dry



3 − r 3 (1 − κ)
rwet
dry

· exp

A



rwet

or rearranged for κ



κ = GF 3 − 1 

κ≈

exp



A
GF ·rdry
RH
100%




− 1

4A3
3 log 2 S
27rdry

(2.4a)

(2.4b)

where rwet is the radius of the activated particle, RH the relative humidity, and GF the growth
factor, which can be expressed by the ratio of rwet /rdry . Equation 2.4a is the exact formulation of κKoehler theory and applies over the entire range of saturation ratios and hygroscopicity values, while
equation 2.4b is an approximation for hygroscopicity values greater than 0.2. Aerosol hygroscopicity
values can be estimated in the laboratory using equation 2.4a. If particles of known size and
chemical composition are measured before and after humidification to a preset RH, κ can be
linked to the particle growth factor GF . The relationship of critical supersaturation, dry particle
diameter, and aerosol hygroscopicity is illustrated in Figure 2.1 for selected κ values. Highly
hygroscopic salts typically exhibit κ values in the range of 0.5 - 1.2, while less hygroscopic species
as organics, dust, or black carbon show values in the range of 0.01 - 0.5. If aerosol chemistry
is measured and if hygroscopicity values κi for each chemical species with volume fraction υi are
known an overall hygroscopicity parameter can be estimated by summation of volume-weighted
individual hygroscopicity parameters (Petters and Kreidenweis, 2007):

κ=

X

υi κi

.

(2.5)

Derivation of equation 2.3 (or 2.4a) with respect to dry activation radius yields the extreme
values of the Koehler equation showing one global maximum of S. The values of S and r at this
global maximum are termed critical values (S ∗ , r∗ ) because growth beyond r∗ is unstable until
13

S ∗ drops below 1 (subsaturation). Solution droplets above this critical point are defined as cloud
droplets, while those below are entitled haze particles. The latter particles are in a stable regime,
where an increase/decrease in S results in particle growth/evaporation until equilibrium is reached
again. The above equations show individual cloud droplet growth depends on humidity of the
surrounding air as well as Condensation Nuclei (CN) type and mass. The theory presented here
provides the scientific motivation for detailed discussion of aerosol hygroscopicity and CCN activity
in chapter 5.

2.2

Droplet Growth and Warm Rain Initiation

CN able to grow into a cloud droplet in cloud at given supersaturation (typically < 1%) are defined
as CCN. Their behavior in cloud not only depends on aerosol composition and radius but also
on rates of transfer of water vapor to and latent heat of condensation away from the droplet.
Combining both diffusion equations with the aid of Clausius-Clapeyron and Koehler equations
and assuming a spherical droplet, the droplet growth equation for a single droplet can be derived
(Mason and Jonas, 1974)
(S − 1) − Ar +
dr
r
=
dt
FK + FD

B
r3

.

(2.6)

Here, FK is the thermodynamic term associated with thermal conductivity of air and FD is the
vapor diffusion term associated with water vapor diffusion in air. Equation 2.6 cannot be solved
analytically but a good approximation for larger droplets can be established by neglecting solution
and curvature effects (2.7a) resulting in equation 2.7b after integration over time t (assuming
constant temperature and pressure).
r

dr
(S − 1)
≈
dt
FK + FD

r=

q
r02 + 2 · t · C

with

(2.7a)

.

(2.7b)

Since equation 2.7b has a parabolic form (where C is the integration constant), it can be shown
that the radius difference between two droplets r1 and r2 decreases over time. Once the droplet
size distribution is implemented into equation 2.7, this effect is equivalent to a narrowing of the
droplet size distribution with increasing droplet distribution mean diameter. In this theory of
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condensational growth (eq. 2.7) cloud droplet number concentration Nd is directly proportional to
updraft velocity and available CCN spectrum. This was shown by Twomey (1959) who used these
relationships to analytically link observed Nd to updraft velocity and CCN concentration adding
an air mass dependent parameter to his equation.
Under atmospheric conditions interactions between cloud droplets need to be considered. In
response to lifting, S will increase through adiabatic cooling leading to initial growth of all CCN
sizes. Since S decreases due to water vapor depletion onto droplets, a maximum supersaturation
is reached just above cloud base. Supersaturation decreases above that altitude due to continued
vapor condensation onto the droplets. Consequently, those CCN below the point of S ∗ and r∗
shrink with decreasing S while larger activated sizes (cloud droplets) continue to grow. Therefore,
Nd is approximately stable above the altitude of maximum supersaturation if cloud top entrainmentmixing is small. This is shown in Figure 2.2f for an example profile (thick black line) from VOCALS
research flight 5 (October 25). The plot illustrates Nd over normalized height in Sc cloud, where
cloud base is 0 and cloud top is 1. Actual cloud thickness varied between 100 to 500 m during
the VOCALS campaign (Zuidema et al., 2012). Nd is also normalized to its maximum value
in cloud near the base around a normalized height of 0.05 (level of maximum S). Mean droplet
distribution radius (rµ ) also behaves according to theory in this example increasing above cloud
base as illustrated in Figure 2.2c. All other available profiles are illustrated as thin grey lines for
comparison of general behavior over height in cloud (for detailed discussion see section 7.2).
The aforementioned process of entrainment-mixing is a result of cloud turbulence. Turbulence can trigger mixing of saturated cloudy air with adjacent subsaturated cloud-free air when
a turbulent cloudy parcel overshoots into the cloud free environment. Evaporative cooling of the
evaporating droplets may then cause a downdraft of unsaturated air into the cloud. For closed Sc
decks this process is limited to the cloud top. The degree of cloud top entrainment-mixing for the
example profile can be examined by illustrating cloud liquid water content (LWC; total droplet volume) over cloud height as shown in Figs 2.2a and b. The depicted cloud, however, is not completely
adiabatic as Figure 2.2b shows through the ratio of actual LWC measurements and adiabatic LWC
(LWCa) with height in cloud. The latter estimate is the water content an air parcel would have if
lifted excluding the effects of entrainment-mixing and/or precipitation losses. It is only dependent
on cloud base temperature and to a weaker degree on cloud base pressure (Albrecht et al., 1990).
Note because measured LWC exhibits considerable uncertainty the ratio of LWC/LWCa can greatly
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deviate from 1 near cloud base where LWC is low (e.g. grey dashed lines in Fig. 2.2b).
Unlike Nd and rµ , the droplet distribution width or standard deviation (rσ ) does not agree with
condensational growth theory in the example profile. In contrast to equation 2.7b, which predicts
a decrease of rσ with height in cloud, values of rσ scatter around a median normalized value of
0.65 (± 0.15) over most of the cloud (Fig.2.2d). While this could be caused by variable updraft
velocity (see above and section 7.2), peak values near cloud top are linked to entrainment-mixing
because Nd and the ratio of LWC to LWCa decrease simultaneously (e.g. around 0.7 normalized
cloud height).
Since entrainment-mixing of small amounts of dry FT air can have profound effects on properties
of the upper portion of the cloud as indicated in the example profile a closer look at this mechanism
is warranted. Two types of mixing processes have been hypothesized and will be briefly explained
here according to theory. These mixing mechanisms are termed inhomogeneous (Baker and Latham,
1979) and homogeneous (Jensen et al., 1985). Both mixing processes are defined by the ratio of
droplet evaporation time scale to mixing time scale. The latter is just the time needed for cloud
homogenization following entrainment of subsaturated air into the cloud. Note these scenarios do
not consider the effect of FT CCN concentration and its possible activation in cloud upon mixing.
Homogeneous mixing events are fast and complete mixing events. As such, the time scale of
mixing of cloud free air with cloudy air is shorter than the time droplets would need to evaporate
completely. Since complete evaporation of larger droplets in the cloud is insignificant Nd remains
approximately constant although rµ should decrease as result of thorough mixing at cloud top.
rσ may also adjust because the smallest droplets have time to evaporate completely. A schematic
view of a homogeneous mixing event is depicted in Fig. 2.3a showing the temporal development
(top to bottom) of cloud droplet properties (black dots of varying size). The top view shows
detrainment (thick blue lines) of cloudy air (grey color) adjacent to overshooting cloud tops and
subsequent entrainment-mixing (red thick line). Mixing is initiated by cloud droplet evaporation
and subsequent evaporative cooling in the FT (red color). The middle view illustrates the decrease
of rµ at cloud top as consequence of fast and complete mixing. It also shows homogenization (thin
blue lines) via mixing of individual cloud parcels shown in blue. The bottom view highlights the
cloud after homogenization.
Inhomogeneous mixing is defined as a slow mixing process with less turbulent kinetic energy
available. Hence, mixing is spatially limited and affects some regions of the cloud first causing a
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nearly droplet-free but saturated parcel of air (from droplet evaporation). Other portions of the
cloud are completely unaffected. This is schematically shown in Fig. 2.3b highlighting spatially
limited mixing (top view) as well as droplet evaporation in affected parcels upon mixing (middle
view). The droplet-free but saturated air eventually mixes (small blue lines in middle view) with
unaffected cloud parcels resulting in an overall reduction of Nd near cloud top (bottom view).
Droplet mean radius rµ , on the other hand, remains approximately constant in this scenario because
mixing of a droplet-free but saturated parcel with an unaffected parcel does not evaporate any
droplets in the latter parcel (bottom view). However, in-cloud mixing may alter rσ as the saturated
air parcel tends to grow the larger droplets in the initially unaffected parcel upon mixing (bottom
view in Fig. 2.3b).
The above scenarios only consider differences in mixing time scales assuming a fixed droplet
evaporation time scale. However, polluted clouds may exhibit considerably shorter droplet evaporation time scales than cleaner clouds because droplets are likely smaller in radius. Consequently,
polluted clouds could exhibit more inhomogeneous mixing than cleaner clouds if the mixing time
scale is fixed. Additionally, the potential modification of rσ during entrainment-mixing processes
discussed above is subject of ongoing debate. Droplet distribution broadening to larger but also
smaller diameters was numerically shown to occur for either mixing mechanism (e.g., Lasher-Trapp
et al., 2005, and references therein). Moreover, entrainment-mixing is difficult to analyze because
of spatial and temporal limitations that come with aircraft measurements in cloud. Prediction of
cloud size distribution behavior during mixing becomes even more complex if the FT is recognized
as an additional source of CCN (see section 5.4.4).
The activation theory discussed above fails to explain the formation of precipitation. Equation
2.7b relates r to t0.5 , which implies an initial rapid increase of droplet radii but a diminishing
growth rate with time. In fact, simple calculations illustrate condensational growth with realistic
updrafts and vertical cloud extent cannot form drizzle drops (r > 25 µm) in 20 min. This time
span is frequently observed between the appearance of cumulus clouds and the onset of rain (e.g.,
Szumowski et al., 1997). Hence, another process must guide the formation of precipitation. In warm
clouds, this mechanism is called collision-coalescence of cloud droplets. This complex process is most
efficient when smaller droplets coexist with larger ones (e.g., Pruppacher and Klett, 1978). Bigger
droplets have a greater collision cross section (surface area another droplet can collide with and
coalesce), while smaller droplets promote high collision rates with bigger drops (via gravitational,
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aerodynamic, or electrical forces). There are, however, ongoing controversies on how the bigger
droplets are formed in clouds. It has been hypothesized that the existence of a few Giant CCN
(GCCN) could form such large drops, although measurements showed that GCCN are not always
present (Duce and Woodcock, 1971). A recent study also argued GCCN may only be required
in less turbulent and vertically limited Sc clouds because these constraints tend to limit droplet
growth to larger sizes (Jensen and Lee, 2008). Inhomogeneous mixing discussed above could also
have the potential to initiate collision-coalescence through droplet distribution broadening to larger
sizes (e.g., Lasher-Trapp et al., 2005). Increasing cloud turbulence might also promote warm rain
formation because smaller cloud droplets may respond faster to fluctuations in updraft speed and
therefore could increase the collection process (Baker and Latham, 1979; De Almeida, 1979; Reuter
et al., 1988).

2.3

Microphysical Cloud Parameters and their Model Parameterizations

Representation of cloud optical properties in climate models requires simplifications to run the
models efficiently and quickly. These parameterizations are defined and discussed here. Scattering
and absorption of solar radiation by Sc clouds is termed extinction and relates to total droplet
surface area. When integrated over cloud height it is also referred to as cloud optical depth or
cloud optical thickness τc and can be defined as (Hansen and Travis, 1974)
Z

H

τc =

σext (h)dh
Z H Z rmax
=
π
Qext (x)n(r, h)r2 drdh
0

0

∼
= 2π

rmin
h X
n
X

(2.8)

ni ri2 (hj+1 − hj )

j=1 i=1

where H is cloud depth, σext the extinction, h height above cloud base and Qext (x) the Mie efficiency
factor with size parameter x = 2πr/λ. The Mie efficiency factor converges towards a value of 2 at
a wavelength λ of 550 nm for droplet radii r larger than 2 µm (Bohren and Huffman, 1983). The
term n(r)dr describes the droplet number size distribution with πni ri2 being the cross-sectional
droplet area. The latter is used to derive extinction from droplet instruments with i droplet size
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bins where ni is the concentration per bin (cm−3 ) and ri the bin mean radius (µm). Cloud liquid
water content LWC if integrated over cloud height is equal to total droplet volume per unit area in
the cloud an can be expressed as
Z
LW P =
0

H

LW Cdh
Z H Z rmax

4
= πρw
3
4
∼
= πρw
3

n(r, h)r3 drdh

(2.9)

0
rmin
h
n
XX

ni ri3 (hj+1 − hj )

j=1 i=1

where ρw is the density of water, and 34 πni ri3 the droplet volume. Based on equations 2.8 and 2.9 as
well as the numerical definitions of droplet concentration Nd , the pth droplet distribution moments
Mp and distribution radii expressed as (Hansen and Travis, 1974)

Nd =

n
X

ni ,

Mp =

i=1
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M2
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n
X

rµ =
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,
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,

1/2
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1/3
,

n
1 X
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rσ Nd

(2.10)

i=1

with rs , rv and reff being mean surface area, volume and effective radius, respectively, it was shown
empirically (Twomey, 1974; Slingo, 1990; Bower and Choularton, 1992; Martin et al., 1994; Liu
and Hallett, 1997) and theoretically (Liu and Hallett, 1997) that optical depth scales as


2/3
τc ∼
= A · (Nd · H)1/3 · LW P 2/3
= 2π · H · M2 = 2π · H · N 1/3 · M3
with

A=

2π
(4/3πρw )2/3

.

(2.11)

Equation 2.11 assumes cloud properties are uniform with cloud height (i.e. LWC and Nd are
constant with height). However, LWC is clearly not constant with height (e.g. Fig. 2.2a), so
this equation, while still typically used in models, has known inaccuracies (e.g., Brenguier et al.,
2/3

2000). Equation 2.11 also asssumes that M2 equals N 1/3 M3 . This relationship is only valid for
monodisperse droplet size distributions where ni ri3 simply becomes Nd r3 . Hence, equation 2.11
requires a correction factor k to account for this simplification, which was deduced from Sc cloud
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observations (Martin et al., 1994):
3
rν3 ∼
= k · reff

τc ∼
= A · (k · Nd · H)1/3 · LW P 2/3

so that 2.11 becomes
2/3

Since M2 equals (kN )1/3 M3

.

(2.12)

in equation 2.12 it can be derived that k is linked to skewness a and

dispersion  = rσ /rµ via equation 2.10 (Martin et al., 1994):

k=

1 + 2

3

(a3 + 1 + 32 )2

≈

1 + 2

3

(1 + 32 )2

.

(2.13)

Another empirical parameter similar to k was also introduced earlier to improve parameterization
of optical depth linking rv and reff via rv = βreff (Pontikis and Hicks, 1992; Bower et al., 1994).
However, in this work the focus will be on k. Utilizing equation 2.12 in global climate models only
Nd and LWC have to be computed and integrated over the depth of the cloud in order to retrieve τc
for Sc clouds. With τc known, αc can be calculated utilizing radiative transfer codes (e.g., Slingo,
1990). However, a good first-order approximation of αc was calculated by Lacis and Hansen (1974)
αc ∼
=

τc
τc + 7.7

.

(2.14)

Equation 2.12 nicely expresses general dependencies of cloud optical thickness on k, Nd and
LWP. τc shows strongest response to changes in LWP, while Nd and k only contribute to the power
1/3. This indicates future modeling studies should focus on a more accurate representation of
LWP, which could be achieved by increasing computational resources. This is because LWP is
based on parameterizations of condensation, evaporation and precipitation that rely on fine model
grid resolution to correctly implement explicitly predicted large-scale model fields like temperature,
pressure and wind field. Because these computational resources are not yet available improving
representation of k and Nd appears as the better option for the near future. Additionally, in
section 1.2 it was argued that the cloud albedo effect might be overestimated by 10 - 80% if the
mitigating effect of a variable rσ is not considered (Liu and Daum, 2002). This directly relates to
the behavior of k because k is dependent on rµ and rσ and to a weaker degree on skewness a (eq.
2.13 and discussion below). Moreover, k and Nd also play a crucial role in the parameterization of
those processes responsible to predict LWP. For instance, precipitation formation explicitly requires
knowledge of droplet size distribution shape (and so k) and Nd to predict the onset of collision20

coalescence. It is therefore important to investigate the behavior of the k parameter with respect
to the two key cloud mechanisms controlling Nd and LWP. These are entrainment-mixing of FT
air and condensational growth, which is linked to available MBL CCN concentration and updraft
velocity (see previous section).
The dependency of k with rµ and rσ (eq. 2.13) is illustrated in Figure 2.4a for a set of simulated
50 normal droplet size distributions (skewness is set to 0). rµ and rσ are defined over the range
of 1-15 µm and 0.5-5 µm, respectively, simulating the variety of observable droplet parameters.
The illustration depicts an increase of k with rµ at constant rσ (color) is considerably larger at
low rµ . It also shows an increase of k at fixed rµ is related to a stronger decrease in rσ at low rµ .
This indicates k is less sensitive to small fluctuations in rσ and rµ at high rµ . Hence, cleaner air
masses typically associated with larger rµ should exhibit a more robust k. Fig. 2.4b also highlights
k as function of droplet dispersion  (rσ / rµ ) and skewness a, which describes the asymmetry of
the droplet size distribution. The three solid lines (skewness a of -4, 0, 4) represent the output of
equation 2.13, while colored dots depict actual droplet distribution measurements obtained during
VOCALS (see section 3.3.3 for instrumental details). It shows k is approximately anticorrelated to
 for all VOCALS measurements. It also illustrates the k parameter is only weakly dependent on
skewness of the droplet distribution exhibiting values between -2 to 2 during the campaign. Hence,
k may simply be expressed by rσ and rµ ignoring skewness (Martin et al., 1994). The dependency
of k is also shown as droplet concentration over bin diameter in Figure 2.5 for clarity. Each plot
contains 10 simulated normal distributions (skewness is zero) with the range of rµ and rσ defined
on top of each plot. Fig. 2.5a illustrates the increase of k from 0.85 to 0.98 with increasing mean
radius (rµ = 4 - 12 µm) at constant standard deviation (rσ = 1 µm), while plot (b) shows a k
increase from 0.65 to 0.93 for the same mean diameter range but a constant rσ of 2 µm. This
increase is comparable with the example profile discussed earlier (see Fig. 2.2e). The opposite
behavior is found if the mean diameter is held constant, while rσ is allowed to increase (Figs. 2.5c
and d). Concurrent with Fig. 2.4a k decreases with increasing rσ regardless of which rµ is chosen.
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Figure 2.1: Critical supersaturation as function of dry activation diameter and aerosol hygroscopicity κ for sea salt (1.19), ammonium bisulfate (0.73) and black carbon (0.1). Hygroscopicity values
are based on Petters and Kreidenweis (2007); Niedermeier et al. (2008); McMeeking et al. (2011);
Liu et al. (2013).
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Figure 2.2: Example profile (black line) from research flight 05 (October 25) showing typical behavior of cloud microphysical parameters over normalized height in Sc cloud (0 - cloud base, 1 cloud top). All other profiles are shown as thin grey lines. Measurements are normalized to their
maximum value in cloud as illustrated for a) LWC, c) mean droplet radius, d) droplet standard
deviation, e) droplet distribution k parameter, and f) droplet number concentration. b) shows ratio
of measured LWC to adiabatically-derived LWC values.
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Figure 2.3: Schematic view of mixing processes over time (from top to bottom) with droplets
of various sizes shown in black and individual cloud parcels shown in blue. Detrainment and
entrainment are illustrated by thick blue and red curved lines, respectively, while mixing between
individual cloud parcels is shown as small blue lines. a) Fast and complete mixing alongside
overshooting tops and b) slow and spatially limited mixing at cloud top.

24

Figure 2.4: a) Simulated relationship of k parameter over rµ color coded with droplet distribution
width and b) Measured droplet distribution k parameter over droplet dispersion  color coded with
droplet distribution skewness a.
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Figure 2.5: Simulated droplet distributions for various defined mean radii and standard deviations
as shown on the top of each plot. Color illustrates droplet distribution k parameter for each
distribution. The change in k parameter, median k parameter and k∗ for each set of distributions
are highlighted on the top right of each plot.
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Chapter 3

Experiment and Instrumentation
3.1

The VOCALS Field Campaign

The VOCALS campaign (Wood et al., 2011a; Mechoso et al., 2014) took place in October and
November of 2008 over the South East Pacific (SEP) and was devoted to studying the coupling of the
land-ocean environment with stratocumulus clouds over a wide range of conditions as exemplified
in Figure 3.1. The two satellite images of stratocumulus cloud structures over the SEP provide a
snapshot of mesoscale conditions as shown in the GOES image in plot 3.1a illustrating the hexagonal
structure of closed and open cells and also larger-scale structures from the MODIS image in plot
3.1b that highlights the spatial extend of Sc clouds along the Peruvian and Chilean coastline. The
MODIS image also shows a larger area of broken Sc clouds typically referred to as Pockets of Open
Cells (POCs) which can cover up 10 - 15% of the SEP. Since cloud fraction is decreased dramatically
in POCs, shortwave reflection is reduced by up to 5% at the top of the atmosphere for the SEP
alone (Wood et al., 2008).
The National Center for Atmospheric Research (NCAR) C-130 aircraft conducted 14 research
flights from Arica (18°S,70°W) as illustrated in Figure 3.2. Most flights were conducted along
20°S (blue lines) between 70 - 85°W. These typically consisted of 10 min legs above, in and below
cloud with occasional full profiles through the Sc deck. This is shown in the longitude-height
illustration of aircraft altitude (grey line) along 20°S for the inbound section of research flight 10,
November 6 (Figure 3.3). The 20°S missions were conducted to investigate gradients in aerosol
and cloud properties from a polluted coastal environment to more pristine conditions west of 80°W
(Bretherton et al., 2010; Allen et al., 2011) as illustrated in Figure 3.4. The plot shows aircraft
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altitude along 20°S for research flight 03, November 21, color coded with CO mixing ratio. Since CO
is an excellent tracer for pollution it is well-suited to mark the changes from a more polluted MBL
east of 76°W towards more pristine conditions east of this longitude. Above cloud CO measurements
in the FT also illustrate patchy pollution layers of limited vertical extend (section 1.1) frequently
observed during 20°S transects between the shoreline and 85°W. Some of the flights were devoted
to studying POCs (red lines in Fig. 3.2) in the stratocumulus deck (Bretherton et al., 2004; Clarke
et al., 2010; Wood et al., 2011b; Berner et al., 2011, 2013; Terai et al., 2014), while two flights
investigated coastal pollution outflow parallel to the Chilean coast between 20°S and 30°S (green
lines in Fig. 3.2).

3.2

Meteorological Environment

Wind field measurements off the coast of Central Chile (26 - 36°S) frequently reveal a region
of elevated southerly flow with mean wind speeds of 8 m/s and a maximum near the shoreline
(Garreaud and Muñoz, 2005; Rahn and Garreaud, 2010a,b). This phenomenon referred to as lowlevel coastal jet is part of the prevailing anticyclonic flow pattern in the SEP caused by large-scale
subsidence in the subtropical branch of the Hadley system. Anticyclonic motion around the center
of high pressure is forced into meridional direction near the shoreline due to the blocking effect
of coastal topography, which causes the coastal jet. The year-round southerly winds along the
Chilean coastline, reinforced by the land-sea thermal contrast to local wind maxima, induce deep
coastal upwelling of cold ocean water and nutrients due to the transfer of wind momentum into
the ocean. An immediate effect of the colder sea surface temperatures (SST) close to the shoreline
is the stabilization of the MBL. This is further supported by intense subsidence warming in the
vicinity of the anticyclone (climatological mean at about 27°S, 80°W) and subsequent formation
of a strong TWI (Toniazzo et al., 2011). This lower tropospheric stability, diminishes away from
the shoreline because upwelling and subsidence are strongest in the coastal environment. As such,
MBL depth gradually increases to the west as schematically shown in Fig. 3.4 (black dashed line),
while inversion strength weakens away from the coast (Bretherton et al., 2010).
As indicated above, strength and persistence of low-level southerly winds along the Chilean
coast, which become increasingly southeasterly towards 20°S, mainly depend on the strength of
the high pressure system and its distance to coastal mountains. Understanding of the coastal
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wind pattern in the FT, however, involves the effect of the Andes Cordillera as coastal terrain
does not exceed elevations above 1000 m. Due to the presence of the Andes, which rise above
4000 m within approximately 300 km of the coastline, anticyclonic motion above the TWI may
also be perturbed by topographic blocking. The resulting flow, however, can be opposite to the
southerly MBL flow since the larger-scale anticyclonic motion over the SEP may cause anomalous
high pressure along the Andes (Rahn and Garreaud, 2010a). The resulting gradient between the
anomalous high pressure and lower pressure away from the Andes may then induce northerly flow
commonly referred to as barrier jet.
Anticyclonic motion and its effects on the lower tropospheric structure over the SEP outlined
above provide an ideal setting for the formation of Sc clouds. While a cool and shallow and
hence generally well-mixed MBL provides ocean moisture for convection via radiatively driven
turbulent mixing, a warm and dry FT caps the convection and as such causes the layered appearance
of stratocumulus clouds. The key mechanism behind the formation of Sc clouds is convective
instability which is mainly driven by cloud top radiative cooling (Wood, 2012a). With increasing
MBL depth along 20°S from about 1000 m close to the coast to around 1600 m near 85°W, boundary
layer structure tends to become more decoupled (Jones et al., 2011) separating the cloudy upper
layer of the MBL from the well-mixed surface layer. However, even though turbulent eddies lack
the strength to mix the entire MBL away from the coastline, VOCALS observations show Sc clouds
are thicker in this region (Bretherton et al., 2010). Owing to increased cloud thickness, LWP and
decreased cloud droplet number concentration in the remote SEP (Bretherton et al., 2010; Twohy
et al., 2013), Sc clouds produce more drizzle away from the coastline. This is exemplified with
cloud radar reflectivity measurements from research flight 10, November 6, for the inbound section
of a 20°S study (Fig. 3.3). The radar return is shown in color from dark blue to dark red spanning
a reflectivity range from -30 to 20 dBz. It illustrates heavily precipitating Sc cells (orange to dark
red) offshore with the drizzle extending beneath the cloud base down to the ocean surface, while
Sc clouds closer to the coast are thinner and do not exhibit drizzle events (darker blue). Note
the spurious radar returns near 2000 m (scattered, dark blue) and 250 m (cyan) are not actual
measurements.
Pronounced drizzle events and subsequent wet aerosol removal often observed in the more remote
marine environment were also suggested as a necessary condition for POC formation. Recent studies
tested a variety of factors possibly controlling the transition from closed to open cellular structures
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utilizing large-eddy simulations (LES). These factors included MBL moisture and temperature
fluctuations, changes in large-scale vertical motion, solar heating changes as well as fluctuations
in aerosol number concentration (Wang et al., 2010; Berner et al., 2011; Kazil et al., 2011; Berner
et al., 2013). However, although these high-resolution LES studies successfully describe observed
POC structure and diurnal variation, the trigger for heavy precipitation that breaks up the closed
convection remains unresolved (Wood et al., 2011b; Terai et al., 2014). In the light of these studies
it is interesting to note that POC formation may be initiated spontaneously when heavy drizzle
depletes available MBL CCN to values too low to maintain a closed Sc cloud deck. This has
been hypothesized recently using VOCALS aerosol physiochemistry measurements. Clarke et al.
(2010) argued POC formation could be part of a natural Sc cloud life cycle over the SEP unless
the scavenged MBL is replenished with pollution aerosol (rich in CCN) from the FT via turbulent
cloud top entrainment-mixing. That is, a clean FT might not provide the CCN needed to maintain
the Sc cloud deck during pronounced drizzle events. Cloud top mixing that typically occurs when
turbulent cloud tops overshoot into the FT can entrain FT CCN, if present, but may also reduce
Sc cloud fraction (Wood, 2007; Xue et al., 2008b; Stevens and Feingold, 2009). Once overshooting
Sc tops evaporate in the FT, evaporative cooling causes downdrafts alongside the cloud tops that
entrain drier and warmer FT air. Mixing and subsequent entrainment of FT air may also be
initiated by strong wind shear across the MBL interface as observed during VOCALS closer to the
coastline and modeled via LES (Wang et al., 2012). As mentioned earlier, this wind shear across
the TWI can be connected to anticyclonic motion and its effects on lower tropospheric stratification
over the SEP.

3.3
3.3.1

In-Situ Airborne Measurements
Aerosol, CCN and Trace Gas Measurements

Aerosol physiochemistry measurements provided by the Hawaiian Group for Environmental Aerosol
Research (HiGEAR) are discussed here. Aerosol was brought into the aircraft through the University of Hawaii solid diffuser inlet (SDI), mounted on the C-130 pointing an angle of about
1.5°downward relative to the horizontal plane to correct for typical aircraft pitch during flight and
to reduce losses of larger particles. It has been shown (McNaughton et al., 2007) that this inlet and
the tubing to the instruments conduct particles with an efficiency close to 100% in the submicron
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range (<1µm) and provide effective sampling of aerosol number concentration since the majority
of aerosol number is found below 0.6µm. All measurements are synchronized for variable transport times between the inlet and instruments. The following aerosol instruments are of greatest
relevance for this study:
Measurement of total aerosol concentration was done using two TSI model 3010 Condensation
Nuclei (CN) counters operated at 1 Hz with a saturator/condenser temperature differential of 22°C.
The CN counters can detect particle concentrations up to 10000 cm−3 with a lower detection limit
of about 0.01 µm. One CN counter was operated to sample ambient CN (CNcold), while the other
instrument was equipped with a heater in front to heat the aerosol up to 360°C (see below). Both
CN counters and an additional Ultrafine CN counter (UCN; TSI 3025; 0.003 - 3 µm) performed
well during the campaign except during cloud passage or precipitation events, because cloud and
drizzle droplets tend to break into smaller particles (“cloud shatter”) when striking the sampling
inlet (Weber et al., 1998).
During VOCALS aerosol size distributions were measured over three orders of magnitude (0.01
- 10 µm) at ambient temperature using a Long Differential Mobility Analyzer ((L)DMA; TSI; 0.01
- 0.5 µm), an Optical Particle Counter (OPC; a modified LAS-X, Particle Measurement Systems,
Boulder, Colorado; 0.1 - 5 µm), and an Aerodynamic Particle Sizer (APS; TSI; 0.3 - 10 µm). A brief
description of these instruments is provided here. The DMA measures the electrical mobility of a
positively charged particle in an electric field of a column capacitor. Since the electric field forces
the particle towards the negatively charged column, which is balanced by aerodynamic drag force
that depends on particle diameter, particles can be sized by varying the strength of the electric field.
The negatively charged column has a small slit through which particles within a narrow electrical
mobility range are separated and subsequently measured by a CN counter (see above). In order
to obtain an aerosol size distribution, the measured mobility distribution was inverted by taking
into account bipolar charging probabilities and DMA diffusion broadening and losses (Zhou, 2001;
Zhou et al., 2002). To avoid measurement errors caused by aerosol variability during the DMA
scanning period, air samples were stored in an aerosol grab chamber for subsequent lagged analysis
(Clarke et al., 1998a). The OPC measures particles by detecting the light scattered by particles
at angles of 35 - 145°when passing through a He-Ne laser beam (633 nm). The relationship of
aerosol size to detector voltage signal was calibrated with polystyrene latex spheres and glass beads
for smaller and larger particles before the campaign, respectively. The APS measures particles by
31

accelerating them through a small nozzle before they are detected with two laser beams. Depending
on the particle shape and mass, particles are accelerated to different speeds, which are subsequently
measured via time-of-flight between the two laser beams. The relationship of aerodynamic diameter
to particle speed can be determined via calibration with particles of known size and composition.
The aerodynamic diameter is converted to geometric diameter in a subsequent step.
The three sizing instruments were combined by merging the size overlap regions of the instruments. All size bins of the LDMA were used during the merging, whereas OPC size distribution
information was restricted to 0.35 - 0.6 µm because OPC measurements above 0.6 µm are affected
greatly by Mie oscillations. Lower OPC size bins are excluded because the LDMA simply measures
more efficiently in that range. APS measurements are trusted above 0.6 µm. To obtain a single combined size distribution, faster measurements of APS and OPC were averaged in the range of ± 30 s
around LDMA size distributions (every 60 s). An example of combined aerosol size distributions is
depicted in Figure 3.5 illustrating aerosol number concentration and volume in plots 3.5a and 3.5b
(black lines), respectively. Aerosol number and volume are divided by logarithmic (log10) bin width
(e.g. dN/dlogDp or simply dN dlogDp ). This is the commonly used method to display aerosol size
distributions. The normalization is used because it shows aerosol size distributions independent
of bin width, which varies between instruments. In this case, however, actual aerosol number or
volume concentration can simply be retrieved by multiplying dN dlogDp or dV dlogDp with 0.02
because size distribution information from different instruments was converted to a logarithmically
equally spaced diameter between 0.01 - 10 µm. Additionally, since aerosol size distributions tend
to be nearly lognormal and because particle sizes cover three orders of magnitude, aerosol size
distributions are shown over logarithmic diameter (Dp ). Integral concentration between two desired diameters can also be easily approximated visually by estimating the area under the curve
between the two diameters and subsequently distributing the estimated area equally over one diameter decade on the x-axis. The integral concentration can then be inferred from the y-axis and
is equal to the y-dimension of the distributed area. The number size distribution shown in Fig.
3.5a reflects typical MBL conditions during VOCALS showing a Hoppel minimum around 75 nm,
which divides the aerosol into a smaller Aitken and larger accumulation mode (section 1.1). The
coarse mode between 0.5 - 4 µm can only be seen in the volume representation of the aerosol size
distribution since larger particles are much fewer in number. The reader is referred to chapter 5
for a detailed discussion on aerosol characteristics during VOCALS.
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The aforementioned heating of aerosol removes common volatile CN (CNvol) components such
as sulfuric acid, some nitrates, ammonium sulfate, and some organic carbon (Clarke, 1990) and
leaves residual CN concentrations defined here as non-volatile or heated CN (CNhot). When
heated up to 360°C, residual aerosol mostly includes light-absorbing soot, sodium sulfate, and nonvolatile organics below 1 µm, while the coarse components typically consist of dust or sea salt
(Clarke et al., 1997). However, some smaller residual particles from larger sulfates that do not
fully volatilize during the heating of ambient CN to 360°C can also contribute. For example, a 200
nm particle that loses 99.9% of its mass upon heating can still be detected as a 20 nm particle.
Additionally, if CNhot concentration is measured in the FT, sea salt contributions are expected
to be low. Sea salt is typically confined to the MBL as it is removed effectively by drizzle in Sc
clouds (Lewis and Schwartz, 2004). In addition to measurements of heated CN concentrations,
heated size distributions were also obtained. Another DMA and the OPC were modified with a
heater assembly, which also pre-heated the aerosol to 150-360°C (Clarke, 1990). This is illustrated
in Fig. 3.5 for thermal DMA (TDMA) and OPC measurements at 360°C marked as blue and red
lines in both plots, respectively. It shows much of the MBL aerosol number (plot a) is removed
after heating leaving only refractory components as soot, sodium sulfate, and non-volatile organics.
It also indicates that much of Aitken mode aerosol is composed of sulfate that evaporates when
heated up to 360°C. The coarse aerosol is likely sea salt since heated aerosol volume (red in Fig.
3.5b) is similar to ambient measurements of aerosol volume (black line). Note the minima seen in
the heated aerosol volume (red line) are an artifact of low counting statistics at larger aerosol sizes.
Overall uncertainty for particle sizing is estimated to 5%, while uncertainty in aerosol concentration
is around 10% (S. Howell, pers. comm.). It should also be noted that the LDMA failed during
research flights 5 and 10, while all other aerosol sizing instruments worked well during the whole
campaign.
In addition, a relatively new instrument, the Time of Flight (ToF) - Aerodyne aerosol mass
spectrometer (AMS), provided continuous information (at 1 Hz) on bulk submicron non-refractory
composition of aerosols (DeCarlo et al., 2006). The incoming aerosol flow from the aircraft inlet
passes an aerodynamic lens before it enters the AMS. This lens is basically a series of orifices of
decreasing sizes that focus the flow to a narrow beam targeted towards a heated surface (600°C)
which evaporates the particles. The resulting gas is ionized by electron impaction in a subsequent
step to measure the mass-to-charge ratio in an electric field via time-of-flight (mass spectrometer).
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To avoid ion collisions with air molecules, the instrument is maintained at a vacuum. The massto-charge ratio can be derived from the strength of the electric field, the charge of the particle,
the length of the flight path inside the mass spectrometer, and the time it takes from the point
of ionization till detection. With these measurements non-refractory organic mass (Org), sulfate
(SO4 ), nitrate (NO3 ), and ammonium (NH4 ) were subsequently calculated. The accuracy of the
latter measurements was estimated to 50% with 10% precision during VOCALS, while chlorine (Cl)
was detected irregularly at much higher uncertainty. The AMS performed well during all flights
except for research flights 5 and 6 due to instrument failure. A more thorough description of its
performance during the campaign and data processing techniques can be found elsewhere (Shank
et al., 2012).
Since the AMS does not detect refractory black carbon (BC; unique pollution indicator) a
Single Particle Soot Photometer (SP2) was deployed during VOCALS to measure the mass of
individual BC particles (Stephens et al., 2003; Schwarz et al., 2006). The SP2 uses a powerful laser
beam (1064nm; ∼ 106 W cm−2 ) that heats BC particles to incandescence. The peak value of this
incandescence signal, which is detected by two photomultiplier tubes, has been shown to linearly
correlate with the mass of the BC particle (Stephens et al., 2003). Coincidence errors (two particles
enter the beam at the same time) in the SP2 are reduced by focusing the aerosol stream at a low
flow rate of 120 vccm through a nozzle before it enters the laser beam. Since this does not ensure
constant single particle measurements, incandescence signals are further screened for non-Gaussian
signals that occur when two particles enter the beam at the same time. The SP2 was calibrated for
various BC masses with laboratory black carbon (Aquadag) during VOCALS using the LDMA to
size the dissolved Aquadag before it enters the SP2. The conversion from BC size to mass assumes
a density of 2 g m−3 for the Aquadag material. However, recent laboratory studies found other
black carbon materials more suitable for calibration of the SP2 (Moteki and Kondo, 2012; Gysel
et al., 2011), which could ultimately render BC mass measurements as too high during VOCALS.
This, however, does not change dependencies recognized in this work. It does also not affect aerosol
hygroscopicity estimates, since total BC mass observed during VOCALS is small compared to the
mass of other chemical compounds. Overall, uncertainty of the SP2 mass measurements due to
laser power and pressure fluctuations as well as detection limits (0.087 - 0.4 µm) has been estimated
to ± 23% (Schwarz et al., 2006), while BC concentration losses are expected to be small since much
of the ambient BC number concentration is found within the detection limits of the SP2 (Schwarz
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et al., 2010a). The SP2 functioned well during the whole campaign. A summary of the HiGEAR
instrumentation is shown in Table 3.1.
Additionally, non-refractory aerosol chemistry and BC were measured in the cloud occasionally
using a Counterflow Virtual Impactor (CVI) inlet sampling exclusively cloud droplet residuals
(Twohy et al., 2001). Cloud droplets entering the CVI are inertially separated from the air and dried
in-situ en-route to the aerosol instrumentation. The CVI measured cloud droplets between about 7
- 50 µm during VOCALS although the lower size limit was occasionally increased to study changes
of droplet residual properties with droplet size (Twohy et al., 2013). This was done by increasing
the counterflow so that larger droplets would be sampled exclusively. The CVI observations allow
the study of natural and combustion-influenced aerosol that were actually activated as CCN in the
Sc deck.
Measurements of CCN concentration (∼ 50 s) at variable supersaturation (S) between 0.1 and
1.5% S were collected with the University of Wyoming (UWy) CCN counter (Snider et al., 2006,
2010) during VOCALS. All particles entering the diffusion chamber are exposed to a preset supersaturation that is established via a temperature gradient between two horizontal plates covered
with water-saturated blotter paper. While the upper plate is at environmental temperature, supersaturation is reached in the volume between the plates by cooling the lower plate to avoid buoyancy.
The concentration of CCN is detected via light scattering when CCN pass through a solid-state
laser (670 nm) illuminating the diffusion chamber. Since the light detected by the photodetector is
the accumulation of scattering by droplets at various sizes and to a lesser degree from the unactivated aerosol, careful calibration of the instrument prior to actual measurements is required. It has
been shown that the photodetector voltage is linearly correlated to CCN number concentration in
the chamber at constant supersaturation (Snider et al., 2006). This relationship also depends on
aerosol properties, so calibration further involves several test cycles with varying particle diameters
and aerosol species as ammonium bisulfate or sodium chloride (Snider et al., 2006). Nevertheless,
even if calibrated carefully measured CCN will deviate from the actual CCN concentration because
ambient aerosol loading always contains several chemical compounds with varying particle hygroscopicity. Hence, measurement uncertainties for UWy CCN number concentration are estimated
to about 20% (Langley et al., 2010). The preset supersaturation also exhibits an uncertainty range
attributed to small fluctuations in the plate temperatures. As such, actual supersaturation S is
expressed as S = 0.61 ∗ Snominal ± 0.13 where Snominal is the preset uncorrected supersaturation.
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The correction factor of 0.61 was applicable during VOCALS, and ± 0.13 represents the uncertainty of the correction value (J. Snider, pers. comm.). The CCN counter functioned well during
the whole campaign except for portions of the flights affected by cloud shatter (see above) or by a
sticky CCN sampling valve. These intervals have been removed from the final data set.
CO and ozone mixing ratios were sampled with NCAR’s standard instruments (at 1Hz) to
provide measurements of two important trace gases (see discussion in section 1.1). The CO measurements are based on a response fluorescence sampling technique (commercial Aero-Laser VUV
CO monitor), which is described in detail by Gerbig et al. (1996). Instrument uncertainty has
been assessed earlier as ± 3 ppbv for CO values below 100 ppbv that are characteristic for values
observed during VOCALS (Pfister et al., 2010). Ozone was sampled with a Thermo Environmental
Instrumentals (TECO model 49PS) monitor that uses an ultraviolet absorption method to retrieve
O3 values with a ± 2 ppbv uncertainty (NCAR; www.eol.ucar.edu). Additionally, sulfur dioxide
(SO2 ) was measured (at 1 Hz) using an atmospheric pressure ionization mass spectrometer (e.g.,
Yang et al., 2011, and references therein). All trace gas units performed well during the whole
campaign except for the CO instrument that was not operated during the first research flight.

3.3.2

Meteorological Standard Instrumentation and Cloud Radar

Basic mission support instrumentation (at 1 Hz) aboard the C-130 was provided by NCAR. Measurements of air temperature employed standard Rosemount temperature sensors. The two collocated thermoelectric dew point sensors employed during flights tended to overshoot under certain
conditions. Responses were delayed for rapid transitions, such as descents from warmer altitudes
into the MBL and transitions from the cool and moist marine boundary layer into dry air aloft.
Hence, humidity measurements can be lower than actual upon descent below the inversion and
higher when profiling into the FT. Horizontal and vertical wind speed was measured with NCAR’s
wind gust package which worked well during all research flights. However, wind speed and direction
measurements for rapid changes in aircraft altitude in combination with turns have to be used with
caution and are excluded from the final data set.
Liquid Water Content (LWC) was measured by the King hot wire probe (King et al., 1978).
This instrument measures LWC in the range of 0.02 - 5 g m−3 by detecting the amount of evaporative cooling released when cloud droplets hit a heated wire freely exposed to the cloudy air.
Since the temperature of the wire is held constant, LWC can be directly related to the amount of
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energy needed to maintain the temperature. Convective heat losses, that will also cool the heated
wire, can be approximated from measurements in dry air at various air speeds and temperatures
and are subtracted from the actual measurements in cloudy air. Besides convective heat losses,
which represent a minor contribution to overall uncertainty, the King probe suffers from limitations
pertaining to droplet size. Cloud droplets larger than about 40 µm may shatter upon impact on
the heated element and hence could decrease the amount of evaporative cooling (Biter et al., 1987).
The collection efficiency below 5 µm has also been shown to be below 100% (King et al., 1978).
Robust performance of the King probe, however, can be expected in the range of 0.1 - 0.3 g m−3
as shown earlier (Gerber et al., 1994), which is representative of most Sc clouds during VOCALS
except for heavy drizzling cells in the POC regions. King probe measurements, available during all
flights, are used to define cloudy air as LWC > 0.05 g m−3 similar to previous analyses (Bretherton
et al., 2010; Allen et al., 2011; Twohy et al., 2013).
To complete the suite of cloud measurements during VOCALS, the high resolution UWy 95GHz
cloud RADAR (λ ∼ 3160 µm) also provided estimates of cloud boundaries and two-dimensional
hydrometeor variations during all research flights. Because the cloud RADAR cannot distinguish
between drizzle and cloud base returns, cloud base estimated in-cloud is based on flight level King
probe LWC, temperature and pressure assuming the cloud below the aircraft is adiabatic (see
section 2.2).

3.3.3

Hydrometeor Measurements

Size-resolved hydrometeor measurements in the form of cloud droplets and drizzle drops (Dp >
50 µm) were collected with a Particle Measurement Systems (PMS) Cloud Droplet Probe (CDP)
and a PMS Two-Dimensional Cloud Probe (2D-C), respectively. The CDP is basically an updated
version of the older forward scattering spectrometer (FSSP) probe that has been used since the late
1970s. It uses faster electronics but also benefits from improved aerodynamics designed to direct
shattered droplets away from the detection zone (Lance et al., 2010; Lance, 2012). The operating
principle relies on the detection of light scattered by cloud droplets that pass through a defined
sample volume illuminated by a He-Ne laser beam as illustrated in Figure 3.6. The plot depicts a
schematic view of the CDP showing the path of the focused laser beam through the instrument as
well as the droplet sample volume defined by electronic and optical components of the CDP. Only
light scattered by the droplets at angles between 5-13°can pass the CDP dump spot installed before
37

the light reaches the scattering photodetector module. This ensures that only droplet scattering
is measured. The photodetector module (Fig. 3.6) consists of a beam splitter that directs 50% of
the light to a masked qualifier photodiode with a small aperture placed in front. If the droplet
is within the sample volume, the scattered light is focused through this aperture and results in
a qualifier signal above a defined threshold value, while droplets outside the sample volume will
not raise the photodiode voltage above the threshold. The other 50% of the scattered light are
directed towards the signal photodiode that determines the particle size based on calibrations with
polystyrene latex spheres or glass beads at known sizes. The CDP measures droplets in the range
of 2-52 µm (30 size bins) with a 1.18 µm and 2.28 µm resolution for bins smaller 20 µm and greater
than 22 µm, respectively. This and its fast temporal and spatial resolution (at 10 Hz or 10 m
assuming an aircraft speed of 100 m s−1 ) allow for sufficient characterization of the droplet size
distribution in clouds. However, CDP measurements at 1 Hz are used in this work exclusively
since the relevant flight portions studied are vertical profiles through Sc clouds (5 m resolution
assuming a ascent/descent rate of 300 m min−1 ). The CDP probe as well as its predecessor, the
FSSP, however, is known to be prone to coincidence errors (Lance et al., 2010; Lance, 2012). As a
result, droplets may be undercounted and oversized when the signal of two droplets is recognized
as a single particle. Droplet oversizing but also droplet positioning in the sample volume as well as
inhomogeneities in laser beam intensity may artificially broaden the droplet size distribution (e.g.,
Lance et al., 2010; Brenguier et al., 2011). Since coincidence events in the CDP may also lead to the
conclusion that the Sc cloud is less polluted than it actually is (i.e. lower droplet concentration),
data processing and error analysis of the CDP measurements for this work are discussed in detail
in section 4.2.
The design of the 2D-C probe is similar to that of the CDP described above. Electronics and
optical components of the 2D-C, however, are designed to measure larger drizzle-sized hydrometeors
(at 1 Hz) in the range of 25-1560 µm (64 size bins) with a 25 µm bin resolution. The 2D-C
continuously records two-dimensional shadows of drizzle drops as they pass through a laser beam.
The resulting series of images that contains information on particle shape and size is stored during
flight and processed later with a variety of pattern recognition algorithms (e.g., Korolev, 2007).
Counting statistics of this instrument are robust although the lowest size bins of the 2D-C may
be prone to undercounting (Baumgardner and Korolev, 1997). Hence, the lowest size bin of the
2D-C is omitted for combined hydrometeor size distributions of CDP and 2D-C used to calculate
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cloud properties such as LWP or cloud effective radius. Since the size range of the instruments
overlap no droplet measurements are excluded. The CDP and 2D-C performed well during the
whole campaign except for research flights 3 and 4 where the CDP optical heaters failed causing
the loss of all CDP droplet measurements. A summary of hydrometeor instrumentation used is
shown in Table 3.1.
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Figure 3.1: Satellite images of stratocumulus cloud structures over the South East Pacific from a)
NASA GOES and b) MODIS TERRA. The mesoscale view from GOES illustrates the hexagonal
structure of closed and open cells, while the larger-scale MODIS image highlights the spatial extend
of Sc clouds along the Peruvian and Chilean coastline. This image also shows a larger area of broken
Sc clouds typically referred to as Pockets of Open Cells.
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Figure 3.2: Overview of VOCALS research flight paths for two pollution surveys along the Chilean
coastline (green), along 20°S (blue), and for POC missions (red). Arica airport and flight transits
are illustrated in grey color.

Figure 3.3: Longitude-height illustration of cloud radar reflectivity along 20°S for the inbound
section of research flight 10 (November 6). Aircraft altitude is shown as grey solid line.
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Figure 3.4: Longitude-height illustration of aircraft altitude color coded with CO mixing ratio along
20°S for research flight 03 (November 21). The black dashed line marks the approximate location
of the trade wind inversion.
Table 3.1: Overview of instrumentation.
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Figure 3.5: Example MBL aerosol number (a) and volume (b) size distribution (black line) obtained at ambient temperature. Also shown are simultaneous measurements of non-volatile number
(heated to 360°C) from the thermal DMA (TDMA, blue line) and OPC (red line).
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Figure 3.6: Schematic view of the cloud droplet spectrometer (CDP) optics adapted from Particle
Measurement Technologies manual illustrating the path of the laser beam through the probe and
the particle sample volume.
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Chapter 4

Measurement Uncertainties, Data
Processing and Validation
4.1

General Uncertainty Analysis

This section briefly summarizes two mathematical approaches routinely employed in CDP data
analysis before coincidence corrections for this probe is examined in the next section. A recent
literature review showed that the representation of two measurements by a linear fit is typically
done using ordinary least-squares estimation (LSE) which minimizes the distances of the fitted line
and the measurements on the y − axis (Cantrell, 2008). This method, however, ignores errors
related to data on the x − axis and as such has been shown to provide suboptimal regressions as
x values are rarely independent (York, 1966; York et al., 2004; Cantrell, 2008). As an alternative,
bivariate LSE is used in this work which measures distances along a line perpendicular to the
best fit and as such considers errors in x and y (York, 1966; York et al., 2004). The appropriate
equations, used in a Matlab routine, can be found in (York et al., 2004). Bivariate LSE can be
further optimized by weighting each data point pi of the regression with errors obtained for the
individual measurement xi and yi . This ensures outliers that can have high uncertainty will not
affect the regression. Errors of individual measurements, however, are typically not available but
can be inferred from the overall uncertainty of the instrument (see section 3.3), which consists of a
random (precision) and a systematic error (accuracy). Assuming a normal error distribution, the
error of individual measurements is then just uncertainty divided by three (or 1σ).
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A Monte Carlo (MC) simulation was performed for indirect measurements as aerosol hygroscopicity, derived from AMS, SP2 and the combined size distributions (see below). Each Matlab
MC routine uses the same processing steps and equations needed to obtain the indirect measurement. However, it adds estimated instrument errors (1σ) multiplied by a pseudorandom, scalar
value drawn from a normal distribution with a mean of zero and a standard deviation of one. An
individual volume measurement Mi , for instance, would then be expressed as
Mi M C = M i + Mi · σ m · χ

(4.1)

where MiM C is the perturbed individual measurement, σM the standard deviation of the instrumental uncertainty, and χ the pseudorandom scalar drawn from a normal distribution of 10.000
values.

4.2

Coincidence in the Cloud Droplet Probe

Coincidence errors in the CDP may result in droplet undercounting and oversizing as briefly discussed in section 3.3.3. The former effect may lead to the conclusion that a cloudy measurement is
less polluted than it actually is, while oversizing could artificially broaden the droplet size distribution (e.g., Lance et al., 2010; Brenguier et al., 2011). Since this would affect scientific results of this
work as the relationship between MBL CCN and Sc cloud Nd or parameterizations of cloud optical
depth, CDP measurements have been corrected for coincidence errors. The corrections applied are
discussed below.
Lance et al. (2010) performed a Monte Carlo analysis to simulate the response of the CDP
probe to prescribed droplet concentrations ranging from 10 - 510 cm−3 with four defined droplet
size distributions (normal distributions with varying volume mean diameter Dv = 5, 7.5, 10, and
20 µm and σ of ± 0.05 Dv ). The outcome of this analysis can be used here because the standard
CDP set up, also used during VOCALS, was used in this simulation. MC results are illustrated
in Figure 4.1 adapted from Figs. 12 and 13 of (Lance et al., 2010). Fig. 4.1a shows the degree of
undercounting increases with increasing droplet concentration because the chance of two particles
entering the beam at the same time is larger at higher Nd . Undercounting errors are, however, below
20% for uncorrected (measured) CDP concentrations smaller than 200 cm−3 (typical for VOCALS
offshore data) but can be as large as 50% at 400 cm−3 (polluted coastal measurements). This is
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also depicted in Fig. 4.1c showing the counting correction factor as function of uncorrected CDP
measurements. The counting correction factor is the value each of the 30 droplet size distribution
bins (between 2-52 µm) was multiplied with to obtain the correct CDP concentration.
Adjusting CDP Nd to actual values is a straightforward routine since the undercounting correction factor is simply dependent on uncorrected (measured) CDP droplet concentration. As a
result, corrected Nd should be close to actual Sc cloud droplet concentration (Lance et al., 2010;
Lance, 2012). The oversizing correction is, however, more complex because it is not only dependent on uncorrected droplet concentration but also uncorrected droplet size. The latter effect is a
result of the nonlinear relationship between droplet size and forward scatter intensity detected by
the CDP causing greater oversizing at smaller droplet diameters (Lance et al., 2010). The sizing
correction is illustrated in Fig. 4.1b showing the MC simulation results of uncorrected (measured)
droplet volume mean diameter Dv vs. uncorrected Nd . Corrected (actual) Dv is shown as black,
red, blue and grey lines for simulated normal distributions with varying volume mean diameter
equal to 5, 7.5, 10, and 20 µm, respectively. Actual Dv can now be interpolated for all VOCALS
measurements and is, for instance, around 7.9 µm at a measured droplet concentration of 300 cm−3
and a measured Dv of 10 µm. The sizing correction factor for these values shown in Fig. 4.1d is
then just 0.79 (7.9µm/10µm) and can be used as multiplier to shift all 30 droplet size distribution
bins to lower sizes. Note uncorrected Dv may also be slightly underestimated at lowest measured
Nd (sizing correction factor > 1; Fig. 4.1d).
The sizing correction applied to VOCALS measurements is not fully satisfactory as there is
no guidance given for adjusting actual Sc cloud droplet distributions rather than monodisperse
distributions (σ of ± 0.05 Dv ; see above). A perfect correction should incorporate individual sizing
correction factors for each CDP size distribution bin instead of a single correction factor applied to
all CDP size bins. The net effect is that the breadth of the droplet distribution is not altered by the
size correction. At the relatively low droplet concentrations during VOCALS, however, resulting
inaccuracies should be small (Lance et al., 2010).
The overall applicability of counting and sizing corrections is tested by comparing King probe
LWC with CDP-derived LWC. To reduce measurement uncertainties inherent to the King probe
(section 3.3.2), only King probe LWC data in the range of 0.05-0.3 g m−3 are considered. The ratio
of uncorrected CDP LWC to King LWC is shown in Figure 4.2a depicting an overestimation of CDP
LWC by 26% on average. This ratio only changes marginally after correcting CDP measurements
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for coincidence errors (Fig.4.2b). Nonetheless, illustrating CDP Nd as function of LWC ratio it
becomes clear the coincidence correction improves the relationship between CDP and King probe
data. This is depicted in Figs. 4.2c and d showing uncorrected and corrected CDP measurements,
respectively. While Fig. 4.2c clearly indicates a positive relationship (slope) of droplet concentration
vs. LWC ratio for various Dv (color), Fig. 4.2d exhibits a constant LWC ratio over Nd indicating
the oversizing bias has been reduced. Additionally, corrected CDP Nd is dramatically increased
above around 200 cm−3 (Fig. 4.2d) after the undercounting correction factor is applied (Fig. 4.1c).
Overall, this indicates the oversizing and undercounting correction considerably improve the CDP
data set because Nd -dependent coincidence errors are significantly reduced. This is the main goal
of the correction because droplet properties of polluted and clean clouds can now be compared to
each other. Nonetheless, the sizing correction is not fully satisfactory as discussed above because
CDP and King probe LWC differ by around 24% even after coincidence errors are corrected for
(Fig. 4.2b).
In addition, a Monte Carlo analysis (see equation 4.1) was performed assuming an additional
20% uncertainty of CDP size bin radii and bin concentrations after CDP measurements have already
been corrected for undercounting and oversizing. The additional error of 20% incorporates not
only uncertainties related to the coincidence correction discussed above but also other instrumental
uncertainties related to CDP counting statistics and uncertainties in true aircraft speed used to
calculate the CDP sample volume (Lance et al., 2010). Any discussion in this work utilizing indirect
variables derived from CDP size distributions (e.g. CDP Nd , LWC, k parameter) will incorporate
this additional uncertainty in the form of error bars.

4.3

HYSPLIT Back Trajectories

In order to improve the understanding of aerosol-cloud interactions air mass history is considered
by computing 3D back trajectories starting along C-130 flight tracks every 10 seconds. Over 40,000
back trajectories were calculated with a semi-automated computing routine described previously
(Freitag et al., 2014). The approach circumvents the direct calculation of total trajectory errors
and provides the investigator with a rapid means to employ “off-the-shelf” air history analysis
to interpret their data. This assesses trajectory reliability through visually identifying trajectory
ensembles associated with any assimilated in-situ physiochemical observation when color coded
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onto the trajectory. The high number of back trajectories needed for this approach is calculated
using NOAAs HYSPLIT (National Oceanic and Atmospheric Administration’s HYbrid Single Particle Lagrangian Integrated Trajectory) model (Draxler and Hess, 1997, 1998; Draxler, 1999). The
HYSPLIT modeling system (version 4.9, January 2010) is employed with meteorological output
fields of the National Center for Environmental Prediction (NCEP) Global Data Assimilation System (GDAS) prepared on a one degree latitude-longitude grid (360°by 181°) to calculate 3D back
trajectories (horizontal wind field plus vertical wind). The archived GDAS data are provided every
3 hours (analysis plus forecast runs) and are converted by NCEP from 64 sigma levels to 23 pressure
levels starting at 1000 hPa (1000-900 hPa in 25 hPa increments, 900-50 hPa in 50 hPa increments)
with the top level at 20 hPa.

4.4

Derivation of Aerosol Hygroscopicity

The continuous AMS measurements of ionic composition as SO4 , NO3 , and NH4 mass are used
to determine submicron volume fractions of inorganic salts based on the mixing rule described in
Zaveri et al. (2005). The mixing rule defines two regimes derived from the abundance of SO4 compared to nitrate and ammonium ignoring the abundance of sodium, chloride, and calcium. In the
sulfate-rich domain, SO4 anions are not completely neutralized by NH4 cations resulting in the formation of bisulfate (HSO4 ), a weak acid, while NH4 completely neutralizes SO4 in the sulfate-poor
domain. Based on these regimes the following electrolytes can occur: sulfuric acid (H2 SO4 ), ammonium sulfate ((NH4 )2 SO4 ), ammonium bisulfate (NH4 HSO4 ), triammonium hydrogen disulfate
((NH4 )3 H(SO4 )2 ), and ammonium nitrate (NH4 NO3 ). Nitric acid may also form but is ignored here
since it usually only exists in small amounts in both sulfate-poor and sulfate-rich aerosols (Zaveri
et al., 2005). This mixing rule technique was implemented into a Matlab routine that calculated
electrolyte volume fractions, which were subsequently used to determine aerosol hygroscopicity.
The individual aerosol hygroscopicity values for each inorganic salt are taken from previous publications and are summarized in Table 4.1 (Petters and Kreidenweis, 2007). Non-refractory organic
mass was also measured by the AMS and is converted to volume assuming a density of 1.27 g cm−3
(Cross et al., 2007). This density estimate is based on pollution measurements made at a rural site
in Nova Scotia, Canada, a couple of days downstream from urban pollution sources along the East
Coast, and as such appears to be close to conditions observed during VOCALS over the SEP. Note
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the organics are assumed to exclusively interact with water and not with the inorganic salts. The
hygroscopicity for organics is assumed to be 0.1 based on previous studies (Gunthe et al., 2009;
Dusek et al., 2010).
Since chlorine was detected irregularly by the AMS and at much higher uncertainty, estimates
of sea salt volume (for MBL measurements only) are based on heated volume size distribution
information (see section 3.3.1). It is assumed the heating to 360°C removes most volatile compounds
leaving sea salt and BC (generally present at much lower concentrations than sea salt) to be detected
by the TDMA and OPC (Fig. 3.5). In this work estimates of submicron sea salt volume are based on
OPC data exclusively because TDMA measurements are only available sporadically. This, however,
should not result in a great underestimation of sea salt volume since much of the aerosol volume
is found above the lower detection limit of the OPC (> 0.1 µm; Fig. 3.5b). As such, submicron
sea salt volume can be derived by subtracting BC volume from the integral volume of heated OPC
measurements smaller than 0.6 µm. It is highlighted again the majority of aerosol number is found
below 0.6 µm. Therefore, bulk CCN hygroscopicity is controlled by aerosol volume composition
below this diameter. Also note the conversion of measured BC mass to volume assumes a density
of 2 g m−3 (Moteki and Kondo, 2012). Aerosol hygroscopicity values used for BC and sea salt can
be found in Table 4.1 (Niedermeier et al., 2008; McMeeking et al., 2011; Liu et al., 2013).
AMS, SP2 and heated OPC measurements were combined to obtain submicron volume fractions
of chemical compounds. Aerosol hygroscopicity was subsequently derived via equation 2.5 (section
2.1). Since the accuracy of overall aerosol hygroscopicity largely depends on correct estimates
of aerosol volume, chemistry-derived volume was compared against the total submicron volume of
ambient aerosol size distributions (< 0.6 µm) as shown in Figure 4.3. This plot of 735 measurements
in the MBL and FT illustrates submicron chemistry-derived volume only deviates by 10% (bivariate
LSE; solid black line) from the 1:1 line (grey dashed line). This minor deviation, which lies within
measurement uncertainties, and the high correlation (R2 ∼ 0.82) show AMS, SP2 and heated
OPC measure most submicron volume. Hence, credibility of submicron aerosol hygroscopicity is
enhanced.
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4.5

Determination of CCN from Aerosol Size Distributions

In this section, HiGEAR measurements are first compared to other independent aerosol concentration data made aboard the C-130 to assess the reliability of CCN estimates determined from aerosol
number size distributions subsequently. Comparisons of HiGEAR UCN and CN measurements to
other instruments are depicted in Figures 4.4a and b, respectively, showing excellent agreement
for both measurements. The Wyoming instruments used the same aerosol inlet as HiGEAR instruments, while the NCAR CN counter (black dots in plot b) sampled off another inlet. Since
CN measurements from both inlets are very well correlated, credibility is enhanced for HiGEAR
concentration measurements. HiGEAR CN concentration was also compared to Wyoming CCN
concentration measurements. In order to restrict the comparison to cases when the CCN counter
measured most CN sizes, only data with CCN counter supersaturations higher than 0.9% were
included. To further minimize cases with significant particles at the smallest sizes, only measurements where the ratio of (UCN-CN)/CN was below 0.1 were considered. Both criteria aim to
reduce the number of CN not detected by the Wyoming CCN counter because particles are either
too hydrophobic or too small to activate, respectively. The comparison of both data, illustrated
in Fig. 4.4c, shows a strong correlation (R2 ∼ 0.74) and a small RMSE (∼ 158 cm−3 ) with only
a few outliers away from the 1:1 line (grey dashed line). This indicates CCN was measured efficiently at high supersaturation whereas no conclusion can be drawn for CCN measurements at
lower supersaturation. The last data quality check, illustrated in Fig.4.4d compares HiGEAR CN
concentration with integral number from the combined aerosol size distributions over the range CN
counter concentrations are obtained (0.01 - 3 µm; Table 3.1). For this comparison only measurements where the LDMA functioned properly are shown (not during research flights 5 and 10). The
plot highlights both data sets correlate very well (R2 ∼ 0.98) although the relationship exhibits a
larger RMSE (∼ 153 cm−3 ) than CN comparisons discussed earlier. The best fit also indicates a
deviation of about 9% from the 1:1 line (grey dashed line). Since all other concentration measurements agree very well, this suggests the error, although small, may be associated with the combined
size distribution integral number.
The next step involves derivation of CCN concentrations from the combined aerosol number
size distributions. CCN concentration is simply computed by integrating aerosol number concentration over those size bins larger than the dry activation particle diameter. In order to obtain
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the dry activation particle diameter cloud supersaturation and aerosol hygroscopicity have to be
known. The dry activation diameter can then be calculated by solving the exact κ-Koehler equation (2.4a) and its first derivative via Gauss-Newton approximation utilizing a standard Matlab
routine. Although aerosol hygroscopicity can be calculated with aerosol physiochemistry measurements, cloud supersaturation must be assumed (typically 0.1 - 0.2%) because actual measurements
of cloud supersaturation are not easily collected directly given the limited accuracy of dew point
and temperature sensors. However, knowledge of cloud supersaturation is not required if the dry
activation diameter is inferred from the Hoppel minimum of MBL aerosol size distributions (see
section 1.1). In this case, CCN concentration can be calculated directly by integrating aerosol concentration above the minimum. Cloud supersaturation may also be inferred from Hoppel minimum
diameter and aerosol hygroscopicity via equation 3.4a. The exact κ-Koehler equation can also be
solved by utilizing preset Wyoming CCN counter supersaturations. While these supersaturations
are arbitrarily chosen (between 0.1 - 1.5%) and are generally not related to ambient Sc cloud supersaturation observed during VOCALS, the resulting CCN concentrations can be compared to
CCN concentration measurements made with the CCN counter. Such a comparison, termed CCN
closure (see section 5.1), is very useful because it allows for evaluation of the reliability of aerosol
hygroscopicity estimates.
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Figure 4.1: Counting (a, c) and sizing (b, d) corrections applied to CDP measurements as suggested
by Lance et al. (2010, 2012). Plot a) shows the relationship of corrected vs. measured Nd , while
plot c) illustrates the counting correction factor as function of measured Nd . Plot b) shows the
dependency of measured Dv and measured Nd with corrected Dv (solid lines), while d) illustrates
the sizing correction factor as function of measured Nd and measured Dv (solid lines). The counting
and sizing correction factors are used as multipliers to correct concentration and diameter of each
CDP size distribution bin, respectively.
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Figure 4.2: (a, b) Histograms of LWC ratios with median and median absolute deviation shown in
illustration. (c, d) Relationship of CDP Nd vs. the ratio of CDP-derived LWC and King Probe
LWC color coded with CDP Dv . Plot a) and c) use measured (uncorrected) CDP data, while plots
b) and d) use the corrected CDP measurements as suggested by Lance et al. (2010, 2012).
Table 4.1: Summary of aerosol hygroscopicity estimates from previous literature. See text for
discussion.
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Figure 4.3: Relationship between submicron aerosol number size distribution (< 0.6 µm) and
aerosol chemistry-derived volume for all available measurements in the MBL and FT just above
Sc clouds. The chemistry-derived volume consists of AMS volume plus the volume fractions of BC
and sea salt (MBL only).
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Figure 4.4: HiGEAR condensation nuclei closures for measurements in the MBL and FT just above
Sc clouds for a) Ultrafine CN, b) Ambient CN where NCAR and Wyoming CN measurements are
marked in black and blue, respectively, c) Wyoming CCN with CCN counter supersaturations higher
then 0.9% and HiGEAR UCN fraction smaller than 10% of the total HiGEAR CN measurements,
and d) HiGEAR aerosol size distribution integral number between 0.01-3 µm.
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Chapter 5

Air Mass Characteristics over the
South East Pacific
In this chapter, results from the k-means cluster analysis of aerosol number size distributions separated into MBL and FT measurements are presented. The characteristic number size distribution
for each air mass is discussed in conjunction with back trajectory information and bulk aerosol
chemistry expressed as a single aerosol hygroscopicity parameter. In a final step, these results are
linked to previous studies and are evaluated towards understanding the relative contributions of
various aerosol sources to CCN abundance over the SEP during VOCALS so that modelers can
attribute aerosol indirect effects to aerosol of different origin. The analysis begins with the CCN
closure in the next section.

5.1

CCN Closure

To test whether hygroscopicity estimates and computed CCN are reliable, computed CCN concentration (derived from aerosol number size distributions) is compared to actual measurements of
CCN number concentration made with the Wyoming CCN counter (sections 4.4 and 4.5 explain the
method). Results of this comparison, termed “CCN closure”, are shown in Figure 5.1 for all available measurements in the MBL and FT. From the 739 and 675 available distributions in the MBL
and FT, respectively, only 403 are shown because AMS and/or CCN measurements were not always
available due to missing data or the time constraint applied to compare similar measurements (±
30 s around the measurement time of the combined size distribution). Smaller time intervals were
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tested but do not significantly change the CCN closure. All measurements illustrated are provided
with their respective error estimates (whiskers mark 1σ) and are fitted utilizing weighted bivariate
LSE (black line). Errors for measured CCN concentrations are assumed constant over the entire
range of concentrations obtained (20% divided by 3; see section 4.1), while errors for computed
CCN concentrations are based on MC simulation utilizing estimated uncertainties for AMS, BC,
and size distribution measurements.
Figure 5.1a shows the comparison of computed and measured CCN color coded with derived
aerosol hygroscopicity for each measurement using colors scaled between dark blue and dark red
for hygroscopicity values between 0.1 and 1.2. Hygroscopicity values below around 0.4 (blue colors)
indicate the measured aerosol was dominated by non-refractory organics and/or black carbon, while
those values above 0.9 colored in orange to red designate air masses contained a large volume of
submicron sea salt (Table 4.1). The CCN closure over the complete range of hygroscopicity values
observed shows a slope (0.92) close to 1:1 line (grey dashed line) with a minor y-intercept of -14
and a RMSE of 114 cm−3 . This indicates excellent closure (R2 ∼ 0.92) for the complete set of
measurements. Even so, when color coded with aerosol hygroscopicity, much of the data with CCN
concentrations below 400 cm−3 and with lower hygroscopicity values below 0.4 (blue colors) lie
below the best fit line. Conversely, those data with higher aerosol hygroscopicity above 0.9 (orange
to red) lie above the linear fit and some even above the 1:1 line. Data exhibiting intermediate
hygroscopicity values (cyan to yellow colors) are scattered around the best fit line. This behavior
changes slightly for measured CCN concentrations above 400 cm−3 where the majority of data
points, regardless of derived hygroscopicity, are located above the best fit line. Hence, computed
CCN concentration associated with low hygroscopicity values below 0.4 is underpredicted by 17%
on average for measured CCN concentrations below 400 cm−3 , while it is overpredicted by up to
35% for the highest CCN measurements above 1000 cm−3 illustrated in the inset in Fig. 5.1a.
Consequently, if only data points exhibiting higher aerosol hygroscopicity above 0.9 are considered
the best fit must improve resulting in an average overprediction of only 4 % (not shown).
A similar pattern is observed when the relationship of computed and measured CCN is color
coded with preset Wyoming CCN counter supersaturation (Fig.5.1b). Note again these supersaturations are arbitrarily chosen and are generally not identical with ambient Sc cloud supersaturation
observed during VOCALS. The coloration with supersaturation shows data points with highest supersaturations between 0.8 - 1.2% (orange to dark red colors) scatter around the 1:1 line for all
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measured CCN concentrations from 10 - 1800 cm−3 . If only these measurements are considered
computed CCN concentration is slightly overpredicted by 4% on average. Data points associated
with lower CCN counter supersaturations from 0.1 - 0.4% (blue colors), on the other hand, scatter
below the best fit line for measured CCN concentrations below 400 cm−3 , while they are approximately equally distributed around the linear fit for larger concentrations of measured CCN. Hence,
if only these data points are considered computed CCN is underpredicted by up to 30% on average for measured CCN concentrations below 400 cm−3 , while underprediction above 400 cm−3 is
reduced to 12% on average, which is close to the linear fit for all data points that indicated an
average underprediction of about 8%.
Summarizing the above findings the majority of computed CCN is underpredicted at low preset
supersaturations and for measurements with low aerosol hygroscopicity. However, computed CCN
are slightly overpredicted for highest supersaturations and high hygroscopicity. Ignoring preset
supersaturation changes for now the slight overprediction for data points exhibiting higher aerosol
hygroscopicity above 0.9 could be a result of sea salt volume retrieval (section 4.4). BC volume
is simply subtracted from the heated submicron OPC volume (360°C) by assuming all volatile
compounds are evaporated leaving sea salt and BC to be detected. This, however, may not always
be the case since residual submicron aerosol could also contain non-volatile organics, and even not
fully volatilized larger sulfate particles (Clarke et al., 1997). Hence, hygroscopicity values for the
heated OPC volume could be lower than the used sea salt value of 1.19. Consequently, since a
lower hygroscopicity will increase the dry activation diameter (e.g. equation 2.4b) and as such
could decrease the number of CN activated as CCN depending on the size distribution of aerosol
concentration, CCN overprediction could be reduced. Nonetheless, the minor uncertainty of 4%
indicates the sea salt retrieval approach to be reasonable.
The general underprediction at low hygroscopicity could simply be explained by an incorrect
choice of the hygroscopicity parameter for organic compounds (κOrg = 0.1; Table 4.1) since a higher
value decreases the dry activation diameter and as such could increase the number of CN activated
as CCN. As a consequence, those points colored in blue below 400 cm−3 of measured CCN in Fig.
5.1a could shift closer to the 1:1 line. However, increasing κOrg to a maximum likely value of 0.3
(Hersey et al., 2011) does not alter the CCN closure significantly (not shown). In fact, organic
compounds would have to be considered as ammonium bisulfate (κ ∼ 0.73) to obtain a sufficient
shift in the CCN closure. The change caused in computed CCN concentration by assuming all
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aerosols consist of ammonium bisulfate is illustrated in Figure 5.2a. The color is the same used in
Fig. 5.1a to allow for comparison of the same data points in both plots. Fig. 5.2a clearly shows
data points with low hygroscopicity values below 0.4 (blue colors) now scatter closely around the
1:1 line for measured CCN concentrations below 400 cm−3 .
Figure 5.2a also highlights computed CCN associated with low hygroscopicity values below 0.4
(blue colors) are significantly overestimated for the highest CCN measurements above 1000 cm−3
illustrated in the inset of Fig. 5.2a. Compared to the inset of Fig. 5.1a, which shows overpredictions
for highest CCN measurements up to 35%, Fig. 5.2a exhibits an increase to 200% and more.
However, because κOrg is already overestimated in Fig. 5.1a, the value would have to be decreased
from its initial value of 0.1 for highest CCN measurements to obtain a better CCN closure. This
difference compared to measured CCN concentrations below 400 cm−3 could be partially explained
by observed hygroscopicity changes of organic particles between measurements at the source and a
couple of days downwind knowing the highest CCN measurements during VOCALS are linked to
coastal observations (Allen et al., 2011; Kleinman et al., 2012). For instance, Moore et al. (2012)
found more oxidized and hence more hygroscopic organic aerosol in marine outflow of Los Angeles
pollution compared to measurements obtained directly over the metropolitan area. Consequently,
a κOrg of 0.1 could be too high for coastal measurements with fresh pollution but was not altered
for this analysis since these data only comprise a small subset of the total measurements. The
oxidation state of organic compounds, which causes κOrg to vary between 0 and 0.3 depending on
proximity to source, however, cannot fully account for the change in κOrg needed to obtain closure
for CCN measurements below 400 cm−3 as discussed above. Note BC volume was generally too
low to cause any shift in the CCN closure.
The underprediction of measured CCN for low hygroscopicity values may also be influenced by
the usage of bulk aerosol chemistry in this work. For instance, aerosol physiochemistry observations
at a ground site in New Hampshire showed CCN closure substantially improved, when size-resolved
rather than bulk aerosol chemistry measured with an AMS is used to compute CCN (Medina et al.,
2007). The improvement could be caused by a more accurate implementation of size resolved chemistry for organic and sulfate components. While both compounds are characteristic components of
accumulation mode aerosol larger than 0.1 µm (e.g., Novakov and Penner, 1993; Broekhuizen et al.,
2006; Wang et al., 2008), the latter may also form the smaller Aitken mode as commonly observed
for clean MBL size distributions (see Fig. 3.5a and discussion in section 1.1). Consequently, bulk
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AMS mass measurements could result in aerosol hygroscopicity estimates too low to describe the
small but very hygroscopic sulfate particles, since Aitken mode mass is negligible compared to
the mass provided by accumulation mode particles (Fig. 3.5b). The shortcoming of bulk AMS
measurements for clean MBL size distributions (with lower measured CCN concentrations) can be
derived by comparing Figs. 5.1a and 5.2a. The assumption that all particles consist of ammonium
bisulfate (Fig. 5.2a) shifts data points with small CCN concentration and low hygroscopicity values
below 0.4 (blue colors) closer to the 1:1 line. This shift also improves the overall underprediction
from a slope of 0.92 (Fig.5.1a) to 0.96 (Fig.5.2a). Hence, bulk aerosol hygroscopicity estimates for
clean MBL size distributions may be too low because the chemistry of the smaller sulfate particle mode that dominates number is not properly represented by bulk chemistry. In contrast to
marine size distributions, continental air masses during VOCALS typically exhibited a dominant
accumulation mode and as such are associated with high CCN concentrations, while the smaller
Aitken mode is not always present (Allen et al., 2011; Kleinman et al., 2012; Lee et al., 2014).
Hence, bulk chemistry estimates showing low hygroscopicity values for these size distributions tend
to be more accurate. Consequently, if these aerosol are assumed to consist of ammonium bisulfate
exclusively a huge error appears (see inset of Fig. 5.2a). Additionally, data points associated with
higher aerosol hygroscopicity above 0.9 are shifted below the linear fit line and as such contribute
to the overall increase in RMSE from 114 cm−3 to 218 cm−3 and the decrease in correlation from
0.92 to 0.85. Thus, the ammonium bisulfate assumption can only serve as first order approximation of aerosol chemistry for the complete range of VOCALS measurements covering conditions
from a more polluted coastline to a clean marine environment. A more detailed discussion on
hygroscopicity estimates for various air masses can be found in subsequent sections.
The above discussion showed the majority of computed CCN is underpredicted considerably at
low preset supersaturations, while it is slightly overpredicted at high CCN counter supersaturations
(Fig. 5.1b). This is in agreement with previous studies showing largest prediction errors at lowest
supersaturations (Chang et al., 2007; Medina et al., 2007; Bougiatioti et al., 2009; Gunthe et al.,
2009) and could be explained by the shape of the aerosol size distribution. The dry activation
diameter above which all CN are considered CCN is around 0.1 µm at low preset CCN counter
supersaturations for the range of aerosol hygroscopicity values observed during VOCALS (κ ∼ 0.17
- 1.06; compare with Fig. 2.1). Hence, at low supersaturations the dry activation diameter coincides
with the left slope of the accumulation mode peak (compare with Fig. 3.5a). As a consequence,
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small errors in supersaturation and/or aerosol hygroscopicity can cause larger errors in computed
CCN because a small change in dry activation diameter is associated with a strong change in
concentration vs. diameter. This response tends to be weaker at high preset supersaturations (dry
activation diameter around 0.025 µm). Most CN is activated as CCN for small activation diameters
and as such changes caused by supersaturation and/or hygroscopicity errors have little effect on the
total computed CCN concentration. The effect of aerosol size distribution shape can certainly be
observed by comparing Figs. 5.1b and 5.2b. It shows average CCN underprediction is greater for
data points with lower preset supersaturation (blue to cyan colors) compared to those with higher
supersaturations (orange to red) regardless of whether aerosol hygroscopicity is derived or assumed
to be ammonium bisulfate.
Overall, the above results indicate an excellent CCN closure with only a minor underprediction
of computed CCN concentration. This indicates the combined size distributions can be used to
conduct a sensitivity study on CCN activity. It further indicates assuming all particles consist of
ammonium bisulfate is a reasonable approximation of aerosol hygroscopicity in the clean marine
SEP and as such could be easily implemented in models by utilizing a single hygroscopicity parameter of 0.73 (Table 4.1). The above findings also add credibility to derived submicron aerosol
hygroscopicity parameters because these yield excellent CCN closure over a wide range of observed
air masses when the effect of the shape of the size distribution is accounted for. Nonetheless, accuracy of derived aerosol hygroscopicity decreases at highest CCN counter supersaturations due
to the lower detection limit of the AMS. However, this should not greatly affect the CCN activity
study since observed Sc cloud supersaturations are typically much lower. The above discussed CCN
closure highlights the necessity for a detailed sensitivity study directed towards understanding the
influence of aerosol number concentration and size distribution shape vs. aerosol chemistry and
hygroscopicity on CCN abundance in the SEP. This will be conducted in the subsequent sections.

5.2

Cluster Analysis of Aerosol Size Distribution Measurements

Aerosol physiochemistry varies in space and time and can be analyzed in numerous ways to obtain
air mass characteristics. One option is the clustering of aerosol number size distributions via kmeans cluster analysis outlined here. This is a straightforward method of vector quantization that
partitions n observations into k clusters. The number k of clusters must be fixed a priori. A
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standard Matlab routine is used to perform these partitions. In a first step, this routine selects a
random subset of the n observations and randomly chooses k centroids (µ), one for each cluster.
These centroids are used as a starting point in a subsequent step to allocate all observations to
the nearest centroid. Once each observation is assigned to a cluster, the routine starts again with
slightly altered centroid positions. The aim of this loop is to minimize a squared error function F :

F =

k X
n
X

(i)

n j − µi

2

(5.1)

i=1 j=1

where ||nij − µi ||2 is a chosen distance measure between observation ni (in the i − th cluster) and
the cluster centroid µi . The loop stops once the overall sum of squared distances (between n observations and k clusters) does not change by more than a value defined a priori. That is, the cluster
centroids do not move any more. Each observation ni consists of a d − dimensional real vector. In
this case, the ni observations are the 151 size bins of the combined aerosol number size distribution
between 0.01 - 10 µm, while d is equivalent to the number of size distributions measured during VOCALS. Measurement periods where instruments failed, vertical profiles and high-altitude data were
excluded, leaving 739 and 675 distributions in the MBL and FT, respectively. Profiles are excluded
to avoid sampling of different aerosol physiochemistry during collection of one aerosol size distribution since air mass behavior may change rapidly with altitude (see section 1.1). Measurements
at altitudes higher than a couple of hundred meters above the Sc cloud deck are excluded because
these aerosol can only interact with Sc clouds downwind of the sample region due to subsidence
rates in the order of cm s−1 . Each aerosol number size distribution is smoothed with an 11-point
Gaussian filter to flatten sudden peaks and minima in the aerosol size distribution that may arise
from the finite sampling period or particle losses en route to the instrument. Each aerosol number
size distribution is also normalized after the smoothing in order to cluster aerosol size distributions
by shape (its behavior over the size range sampled) rather than their magnitude (aerosol concentration). This method has been suggested to yield best results when clustering aerosol number size
distributions with the k-means clustering technique (Beddows et al., 2009; Dall’Osto et al., 2012;
Beddows et al., 2014). In order to test the reasonability of the approach outlined above, individual aerosol and trace gas properties that can be used to distinguish different air masses are also
clustered. These properties are CO and ozone mixing ratio, BC number concentration, the ratio
of CNhot/CNcold, and ambient relative humidity (see section 1.1 and 3.3.1 for justification). Note
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VOCALS background values of CO (52 ppbv) and ozone mixing ratio (15 ppbv) are subtracted
from actual measurements of CO (∆CO = CO - 52) and ozone (∆O3 = O3 - 15) to highlight
differences between distinct air masses. Background values are defined here as the average of the
bottom 1% of each data set. The clustering procedure is the same as described above just that ni
is now equal to 4.
As mentioned above, utilizing the k-means clustering technique the number of clusters must be
fixed a priori. To obtain the appropriate number a variety of statistical techniques can be applied
of which the so-called mean silhouette value has emerged as dependable and straightforward tool
(Rousseeuw, 1987; Beddows et al., 2009). The silhouette value si of an observation j, which can be
calculated with a standard Matlab routine, is expressed by
sj =

bj − aj
max {aj , bj }

(5.2)

where ai is the average dissimilarity of j to all other observations in the cluster that contains
j (intra-cluster difference). The lowest average dissimilarity of j to any other cluster j is not a
member of is defined by bi (inter-cluster difference). With the above definition of si it can be
shown that -1 < si < 1. As such, observation j is appropriately clustered when si is close to one.
In other words, this denotes the inter-cluster difference is larger than the intra-cluster difference.
The mean silhouette value is then simply the average of all si and can be used to evaluate the
appropriateness of the number of clusters chosen for the k-means technique. A mean silhouette
value between 0.51 - 0.7 and 0.71 - 1 indicates a reasonable or strong structure has been found,
respectively, while results below 0.5 are considered weak and could be artificial (Rousseeuw, 1987).
Results of the silhouette value analysis for preset cluster amounts from 1 - 20 are shown in Figure
5.3 for MBL and FT measurements in plots a and b, respectively. For this analysis all available
size distributions in the MBL (739) and FT (675) are used. Fig. 5.3a exhibits the highest mean
silhouette value of 0.65 for a preset cluster number of 2 suggesting a reasonable structure has been
achieved, while mean silhouette values for preset cluster numbers larger than 2 drop below 0.4
indicating a weak cluster structure that could be artificial. Hence, this analysis indicates MBL
number size distributions are clustered best if a cluster number of 2 is chosen. A similar behavior is
observed for FT measurements illustrating a drop of the mean silhouette value below 0.5 for preset
cluster numbers larger than 3 (Fig. 5.3b). However, a best choice is not as obvious as for MBL
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measurements since both a cluster number of 2 and 3 show comparable mean silhouette values
indicating the set of FT size distributions might be equally well sorted with either choice.
The same analysis was performed by ignoring size distribution information and instead utilizing
individual aerosol and trace gas properties for k-means clustering (see above). Mean silhouette
values for this data set are illustrated in Fig. 5.3c for MBL measurements, while FT data are
shown in plot (d). Comparison with plots (a) and (b) immediately highlights much weaker cluster
structures. All mean silhouette values for both MBL and FT are below 0.5, which indicates any
preset cluster amount from 1 - 20 yields a weak and perhaps artificial outcome. Highest mean
silhouette values of 0.34 and 0.45 for MBL and FT data, respectively, are found for a preset cluster
number of 3, although a cluster number of 2 yields similarly low values.
To test whether the outcome of the above analyses result in appropriately sorted aerosol number
size distributions, all members of individual clusters are simply illustrated together with their
computed cluster centroids (cluster mean aerosol number size distributions). A preset cluster
number of 2 is used for this illustration, since all mean silhouette analyses indicate this is an
appropriate value. The size distributions are shown in Figure 5.4 where plots a-d depict FT
measurements, while plots e-h illustrate MBL data. The left row shows results utilizing exclusively
aerosol number size distribution information, referred to here as cluster method 1 (CM1), while
the right row illustrates size distributions clustered by solely using individual aerosol and trace gas
properties (CM2). Cluster centroids for the first and the second cluster number are shown in black
and red, respectively. FT and MBL centroids are illustrated as solid and dashed lines, respectively.
The total amount of individual members (grey solid lines) in each cluster is shown in the top right
of each plot in Fig. 5.4. However, 69 and 72 size distributions for FT and MBL data, respectively,
are missing for CM2 (right row) because measurements of individual properties were not always
available. This, however, does not affect the goal of this test, which is to estimate the suitability of
utilizing mean silhouette values for determination of the correct cluster amount. The reader is also
reminded of the particularities that come with the normalization of aerosol number concentration
by size distribution bin width (i.e. dN dlogDp ; see discussion on Figure 3.5 in section 3.3.1).
Choosing a preset cluster number of 2, FT measurements show clear differences between the two
cluster centroids regardless of whether CM1 (Figs. 5.4a and c) or CM2 (Figs. 5.4 b and d) is used.
The first cluster for CM1 and CM2 (plot a and b) exhibits centroids (black lines) peaking at about
0.04 and 0.1 µm with similar peak concentrations around 10 and 19 cm−3 , respectively, while
65

the second cluster features centroids (red lines) peaking at 0.03 and 0.07 µm with comparable
peak number concentrations around 7 and 5 cm−3 . However, a close look at individual cluster
members (grey lines) shows a large fraction of number size distributions are ill-clustered as their
shape substantially differs from the shape of the cluster centroids. For instance, the first cluster
(plot a and b) contains about 30 size distributions with peak concentrations up 200 cm−3 around
0.1 µm of which most have a second lower peak below 0.04 µm also exhibiting increased aerosol
concentrations. Additionally, much of the size distributions scattering closely around the cluster
centroids in plot (a) and (b) only show a single maximum around 0.1 µm, while the second smaller
peak at 0.04 µm is missing. Similar deviations from the cluster centroids are found for the second
FT cluster (plots c and d) that contains a number of size distributions peaking below 0.03 µm with
much higher peak concentrations up to 50 cm−3 .
In the MBL, the majority of individual cluster members of cluster 1 (plots e and f) scatter closely
around the cluster centroids, which show similar peaks at about 0.045 and 0.145 µm, regardless
of whether CM1 (plot e) or CM2 (plot f) is used to cluster measurements. Nonetheless, while
the shape of individual member may be similar, total aerosol concentration (area under curve)
varies considerably between measurements. For instance, total accumulation mode concentration
(mode around 0.145 µm) of cluster 1 centroid is about 300 cm−3 for CM1 (plot e), while individual
members of this cluster exhibit total accumulation mode concentrations between 200 and 450 cm−3
not considering outliers. The second MBL cluster (plots g and h) illustrates a similar behavior as
the two FT clusters discussed above. While centroids for CM1 and CM2 depict the general shape
of participating members with peaks near 0.035 and 0.145 µm with the former peak containing
higher aerosol number concentration, much of the individual members are not well-represented by
this behavior.
Overall, these results indicate the limitations of simple statistical tools such as the mean silhouette value to retrieve appropriately clustered aerosol size distributions (Beddows et al., 2009;
Dall’Osto et al., 2012; Beddows et al., 2014). The clusters discussed above are simply not useful
for further analysis of air mass characteristics and potential CCN concentration estimates because
inner-cluster size distribution differences are almost as distinct as inter-cluster size distribution
differences. Consequently, in this work the amount of aerosol number size distributions clusters
was derived manually for each set of observations (MBL and FT), to obtain a cluster number that
reflects the number of air mass types observed. This was done by increasing the preset cluster
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number from 2 (above discussion) to 3 and subsequently examining the individual cluster members
in respect to their cluster centroids similar to the discussion provided above for 2 clusters. The
number of preset clusters was then increased by 1 again if the examination yielded individual members of each cluster were not well-represented by their respective cluster centroids. The resulting
number of clusters for MBL and FT measurements is 6 and 4, respectively (see next sections for
illustrations and discussion). It was further tested whether 7 and 5 clusters for MBL and FT data,
respectively, would yield even better results. However, since the 7th and 5th cluster centroid was
not distinguishable from the 6th and 4th cluster centroid for MBL and FT data, respectively, this
outcome was rejected.
Summarizing the above discussion, the degree to which cluster centroids retrieved via CM1 and
CM2 agree should also be highlighted because it adds credibility to the suite of aerosol physiochemistry measurements. It additionally indicates aerosol and trace gas observations may be used
in a future study to cluster measurements. In this case, however, only aerosol size distribution
information is used, since CCN activity that is best described by aerosol number concentration
is warranted. Previous studies with focus on aerosol optical properties also included aerosol area
and volume size distribution information (e.g., Porter and Clarke, 1997; McNaughton et al., 2009),
but since volume and area are essentially unrelated to CCN concentrations, they produce poorer
clustering results and are not used here.

5.3

Marine Boundary Layer Aerosol and CCN Sources

In this section, results from the manually derived k-means cluster analysis of MBL aerosol number
size distributions are discussed. Aerosol characteristics for each cluster are examined in a first
step in conjunction with back trajectory information and bulk aerosol chemistry expressed as a
single aerosol hygroscopicity parameter. In a second step, these findings are linked to previous
studies followed by an evaluation of CCN activity. The 6 retrieved MBL clusters (containing
at total of 739 distributions), denoted as air masses 1-6 for now, are illustrated in Figures 5.5af, respectively, with cluster median aerosol size distributions shown as thick colored lines, while
individual members of each cluster are the grey thin lines. The total number of size distributions
participating in each cluster is shown in the upper left of each plot. The larger plots illustrate
aerosol number size distributions, while the upper and lower insets illustrate area and volume size
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distributions, respectively. The median aerosol area and volume size distributions for each cluster
are obtained by averaging individual members, while median aerosol number size distributions in
the larger plots are represented by a lognormal fit utilizing equation 5.3 (Seinfeld and Pandis, 2006)
3
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which describes particle number concentration N over logarithmic (log10) diameter Dp as the sum
of three lognormal particle modes (Aitken mode, accumulation mode, and coarse mode). Each
lognormal mode can be described by its total number concentration NT otal , the geometric mean
mode diameter Dµ , and its geometric standard deviation σ. Lognormal fits are provided here
because fitted parameters can be easily implemented into climate models. Lognormal fits may also
be derived for area and volume distributions but are disregarded here since the focus is on CCN
concentration. The three parameters for each mode were derived for every aerosol number size
distribution utilizing a Matlab routine that aims to minimize the error between the actual number
size distribution and equation 5.3 in a least-squares sense by altering the 9 mode parameters.
The median lognormal aerosol number size distribution for each cluster can then be obtained by
averaging the individual parameters of aerosol size distributions participating in each cluster. All
median lognormal parameters for each particle mode and air mass cluster 1-6 are summarized in
Table 5.1. Errors quoted in parentheses depict the median absolute deviation. This is a robust
measure of uncertainty and can simply be calculated by taking the median of the absolute deviations
from the median of the data set.
The 6 clusters obtained from the k-means analysis indicate most individual aerosol number
distributions are well sorted closely following the shape of the median lognormal fit. For instance,
all but 12 of the 88 members of air mass cluster 1 (Fig. 5.5a) scatter closely around the lognormal
fit (black solid line), which shows a smaller Aitken (NT otal ∼ 337 cm−3 ) and a larger accumulation
mode (NT otal ∼ 535 cm−3 ) with mode mean diameters of 0.053 ± 0.007 and 0.145 ± 0.013 µm (Table
5.1), respectively. Although the outlier size distributions cause a high uncertainty in total particle
mode concentration of ± 100 and ± 67 cm−3 for Aitken and accumulation mode, respectively; their
mode mean diameters and σ are quite similar to the median lognormal fit parameters. This indicates
the outlier number size distributions are appropriately clustered and belong to the same air mass
given the possibility of varying source strength or dilution with relatively clean air. These effects
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tend to alter total particle mode concentration but not the shape of the aerosol size distribution.
Individual area and volume size distributions (insets in Fig. 5.5a) of air mass cluster 1 are also well
represented by their respective median distributions adding further credibility to the clustering.
Air mass cluster 3 (Fig. 5.5c) contains only 35 members with a wide range of peak coarse mode
volume concentrations (Dµ ∼ 1.66 µm) between 0 - 0.18 µm−3 cm−3 . At the same time, lognormal
fit parameters for aerosol number concentrations show a large uncertainty in median accumulation
mode mean diameter (0.124 ± 0.028 µm) and σ (1.81 ± 0.2), which could suggest more than
one air mass is present in cluster 3. On the other hand, Aitken mode lognormal fit parameters
only exhibit small errors and are distinct from any other MBL cluster (i.e. NT otal ∼ 1087 ± 80
cm−3 ). Air mass 4 may be examined (Fig. 5.5d) to understand the variability in air mass 3. It
shows a tightly clustered set of aerosol number size distributions but a wide range of volume size
distributions. This indicates the submicron modes (Aitken and accumulation mode) have another
source than the coarse mode. The latter is associated with sea salt production by breaking waves as
discussed below and can be introduced at variable concentrations depending on wind speed. Thus,
if the coarse mode is disregarded for air mass 3, the variability observed may just be caused by
the small number of observations available for this air mass. Air mass cluster 5 (Fig. 5.5e) also
exhibits considerable variability, although it is limited to median Aitken (0.034 ± 0.007 µm) and
accumulation mode (0.150 ± 0.016 µm) mean diameters. It appears these changes are caused by
the variation of the Hoppel minimum, which fluctuates between 0.05 - 0.09 µm, while NT otal and
σ are fairly stable. Some of the aerosol number size distributions also exhibit a nucleation particle
mode peaking below the lower detection limit of the combined size distributions (< 0.01 µm). As
such, this mode is not easily approximated with a lognormal fit and hence has been ignored in the
fitting routine. Overall, individual MBL aerosol number size distributions are well represented by 6
clusters and their respective lognormal fits. The large uncertainty in coarse aerosol concentration,
however, should not play an important role in modeling CCN activity because total concentration
is negligible compared to submicron aerosol concentration.
To better visualize differences between each air mass, all median aerosol size distributions are
combined in one plot (Fig. 5.6) using the same color scheme for air masses 1-6 applied in Fig. 5.5.
This figure also contains pie charts illustrating air mass median submicron aerosol volume fractions
of non-refractory organics, black carbon, sea salt, and sulfate containing electrolytes (SCE) in green,
black, cyan, and red color, respectively. SCE volume fraction is mainly composed of sulfuric acid
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and ammonium bisulfate for all air masses because ammonium sulfate and triammonium hydrogen
disulfate were only observed in small amounts in the MBL. Because measured nitrate concentrations
were similarly low in the MBL (Shank et al., 2012), ammonium nitrate is not included in the pie
charts. Actual quantities of submicron (< 0.6 µm) aerosol types are provided in µg m−3 in Table
5.2 for each air mass together with derived median values of submicron aerosol hygroscopicity and
other important aerosol and trace gas properties discussed below. Mass is chosen instead of volume
here for comparison with previous publications. The fractional amount of total measurements for
each air mass cluster is given in column 1 of this table.

5.3.1

Coastal Pollution

The analysis begins with air masses 1 and 2 (black solid and dashed lines in Fig. 5.6), which
show the highest accumulation mode aerosol concentration of the 6 MBL air masses of 535 and
330 cm−3 , respectively. Contrary to all other MBL air masses observed, their Aitken mode total
number concentration of 337 and 189 cm−3 , respectively, is markedly lower than the accumulation
mode number concentration. Since ∆CO mixing ratios (CO - 52 ppbv; see section 5.2) are highest
for these air masses as well exhibiting median values of 14 and 11 ppbv (Table 5.2), respectively,
this indicates a continental influence for both air masses. This is further supported by the location
of these measurements along the flight track as illustrated in Figure 5.7. This plot shows aircraft
flight tracks as grey lines, while locations of individual size distribution measurements of air mass
1 and 2 are displayed as black circles. It shows most of the air mass 1 and 2 observations where
made close to the coastline east of 78°W, which is in agreement with year-round southerly flow
along the Chilean coastline typically preventing pollution outflow beyond 78°W (see section 3.2).
The southerly flow is also indicated by 3-day MBL back trajectories initiated along those portions
of the flight track where MBL size distributions were made (section 5.5). Figure 5.8a illustrates
these 3-day back trajectories for the 6 MBL air masses combined because the resolution of the
meteorological data set is not fine enough to resolve MBL turbulence. However, back trajectories
clearly show differences between coastal (blue to cyan color) and remote air mass history (green
to dark red). Aircraft measurements east of 78°W are associated with back trajectories closely
following the Chilean coastline of which some even have a northerly component. Observations west
of 78°W, on the other hand, exhibit back trajectories with a southeasterly direction over the SEP
with most trajectory paths more than 300 km away from the coast.
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Characterizing both air masses 1 and 2 as pollution is additionally supported by elevated BC
and bulk AMS mass measurements of submicron non-refractory organics, sulfate, ammonium, and
nitrate (Table 5.2), which are up to an order of magnitude higher than values observed for the
other four air masses. The pie charts for air mass 1 and 2 (Fig. 5.6) also indicate similar submicron
aerosol volume fractions for SCE (75 - 80%), organics (11 - 15%), BC (1%), and sea salt (7 - 9%)
indicating similar sources and air mass history. Ship observations during VOCALS also linked high
sulfate concentrations observed close to the coastline to coastal pollution sources. Yang et al. (2011)
calculated the MBL sulfur budget over the SEP and found sulfate aerosol via oxidation of oceanreleased DMS is only an important source west of 78°W, while anthropogenic sources dominated
MBL sulfate aerosol east of 78°W. This is in agreement with air mass 1 and 2 characteristics
because the increase in BC indicates combustion. Elevated ammonium mass concentrations of
0.35 and 0.12 µg m−3 (Table 5.2) further indicate sources as farming activities and/or soil dust
contributions although the latter source typically forms coarse mode aerosol not sampled by the
AMS.
The heated CN concentration measurements (see section 3.3.1) also show the majority of measured CN remains after heating to 360°C, unlike all other air mass clusters. Air masses 1 and 2
exhibit a CNhot to CNvol ratio of 1.8 (494 cm−3 / 274 cm−3 ; Table 5.2) and 1.6, respectively, indicating much of the available CN is composed of black carbon, non-volatile organics, sodium sulfate,
or sea salt that remain after sulfate and ammonium are evaporated during the heating process.
Since sea salt aerosol above 0.06 µm was shown earlier to only contribute about 17 - 36 cm−3 on
average during VOCALS (Blot et al., 2013), this indicates most CN are provided by continental
sources. This is further supported by a careful analysis of Shank et al. (2012) who found submicron
organic aerosol mass correlates very well with BC mass even at the lowest concentrations indicating
little to no marine source of organic compounds over the SEP during VOCALS. Consequently, most
of the CN that can activate as CCN in Sc clouds are of continental origin and are composed of
organic material, ammonium bisulfate, sulfuric acid, and to lesser extent of black carbon (Table
5.2). The relative contribution of sea salt aerosol to available CCN, however, is likely higher than
its contribution to total CN concentration because most of the sea salt particles activate in cloud
due to their larger size and high hygroscopicity (Blot et al., 2013). Similar behavior is likely for
organic and black carbon particles since these are characteristic components of accumulation mode
aerosol (e.g., Novakov and Penner, 1993; Schwarz et al., 2010a) and as such can activate as CCN
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due to their larger size even though their hygroscopicity is low.
Comparison of the two polluted air mass clusters also shows a more developed Hoppel minimum
for air mass 2 (black dashed line; Fig. 5.6). This indicates air mass 2 has experienced prolonged
cloud processing, which separates those CN that activate as CCN in cloud (and as such can convert
SO2 to sulfate mass in droplets) from the smaller ones not activating at Sc cloud supersaturations.
Indeed, a closer look at the location of measurement reveals most of the air mass 2 observations
were made west of 78°W, while air mass 1 observations were sampled closer to the Chilean coastline
(separation not shown). The decreased accumulation mode in air mass 2 compared to air mass
1 indicates cloud processing also involved wet removal of CCN. The growth of activated CN in
cloud in the absence of precipitation would otherwise increase accumulation mode aerosol number
concentration. However, the ∆CO decrease from 14 to 11 ppbv (∼ 20% reduction) between air
mass 1 and 2, respectively, indicates air mass 2 also mixed with cleaner South Pacific air. Hence,
decreased accumulation mode concentration in air mass 2 is also linked to dilution although wet
removal explains most of the number concentration decrease in the accumulation mode (330 cm−3
/ 535 cm−3 corresponds to ∼ 40% reduction; Table 5.1). Based on these findings air mass 1 and 2
are termed as unprocessed and processed pollution, respectively.
VOCALS observations from the G-1 aircraft, which focused on coastal pollution measurements
(Kleinman et al., 2012; Lee et al., 2014), showed similar MBL aerosol size distributions with increased Aitken and accumulation mode concentration and a less developed Hoppel minimum closer
to the shoreline. Polluted aerosol chemistry measurements are also in good agreement with ship
observations during VOCALS that showed average organic and sulfate mass values of 0.29 ± 0.11
µg m−3 and 1.4 ± 1 µg m−3 for air masses with continental influence (Hawkins et al., 2010), respectively.

5.3.2

South Pacific Air

The cluster analysis of MBL size distributions indicated a second set of air masses with similar
aerosol chemistry but distinct aerosol size distributions. These two clusters are referred to as air
mass 3 and 4 and are highlighted as solid and dashed red lines in Fig. 5.6. Both air masses show
similar accumulation mode concentrations of 184 and 190 cm−3 for air mass 3 and 4 (Table 5.1),
respectively, while associated mode mean diameters of 0.124 and 0.145 µm vary considerably. Air
mass 3 also exhibits a broader accumulation mode (σ = 1.81) compared to air mass 4 (σ = 1.43).
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The differences in size distribution shape between air mass 3 and 4 are even more pronounced in
the Aitken mode size range. Air mass 3 has the highest number concentration for all air masses
(around 1087 cm−3 ), while air mass 4 shows a total Aitken mode concentration of 381 cm−3 . Mode
mean diameters are separated by 0.01 µm with air mass 3 exhibiting the lower mean diameter at
0.029 ± 0.005 µm. To better understand these differences in number size distribution, measurement
location and back trajectory information is examined next.
Unlike polluted air masses, measurement locations of air mass 3 and 4 are scattered over the
entire spatial range covered by VOCALS research flights (red circles in Fig. 5.7). However, a closer
look at measurement locations showed air mass 3 observations are limited to measurements south
of 25°S made during the two pollution survey flights parallel to the Chilean coastline (separation
not shown). Based on 7-day back trajectory information presented in Fig. 5.8b, it is likely that
air mass 3 and 4 represent different processing stages of clean South Pacific air advected over the
SEP at altitudes below about 2 km (color along trajectory paths). This is supported by median
∆CO and ∆O3 mixing ratios of 4 and 6 ppbv for air mass 3, respectively, exhibiting the lowest
values of all MBL air masses just above VOCALS background measurements (per definition mixing
ratios are equal to zero for background data). ∆CO and ∆O3 are slightly higher for air mass 4 but
lower than in polluted air masses. Cluster 3 apparently represents clean South Pacific air, which
mixed with coastal pollution once it entered the SEP to form cluster 4. The mixing close to the
Chilean coastline can occur when pollution is advected in the MBL from continental sources but
has also been shown to take place via entrainment of FT pollution (Clarke et al., 2010). The latter
can occur because the MBL is extremely shallow close to the coastline (see section 3.2). As such
coastal pollution may get detrained into the FT directly at the source (George and Wood, 2010).
Clean South Pacific air (air mass 3) can also be identified with BC mass showing a median value
of 0.001 µg m−3 , an order of magnitude lower than observed in polluted air masses. These clean
South Pacific BC mass observations are in good agreement with recent findings from Schwarz et al.
(2010b), who summarized BC measurements made during a major airborne campaign. This aircraft
study involved numerous complete tropospheric profiles over the Pacific from a couple of hundred
meters up to 10 km between 67°S and 80°N along approximately 160°W. Their measurements show
similarly low BC mass values around 0.001 µg m−3 for the remote MBL between 60 - 20°S, which
coincides with the end points of 7-day MBL back trajectories (Fig. 5.8b). Their lowest campaign
values, below 0.0001 µg m−3 , were found in the MBL south of 60°S, while the northern hemisphere
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typically contained much higher BC mass values.
The distinction of air mass 3 and 4 via k-means clustering also supports conclusions from two
separate studies and applies their findings to the Southern Ocean. First, the concurrent increase
of submicron ammonium mass and ammonium bisulfate with other aerosol and gas tracers in air
mass 4 (Table 5.2) show the Southern Pacific is not a source of ammonium. Similar observations
have been reported for the South Atlantic exhibiting ammonium measurements above the detection
limit exclusively for continental air masses (Zorn et al., 2008). The second study showed the SEP
is not a source of organics (Shank et al., 2012). This may be extended to the South Pacific as low
organic mass values around 0.03 µg m−3 for air mass 3 indicate.
Mixing of clean South Pacific air with coastal pollution may also explain the observed shift in
accumulation mode diameter from 0.124 to 0.145 µm between air mass 3 and 4 since the mixing
adds larger organic and BC particles to the clean background air. Indeed, comparison with air
masses 1 and 2 highlights the accumulation mode diameter and σ of air mass 4 are close to the
fit parameters derived for polluted air. However, mixing does not explain the decrease of total
Aitken mode concentration and the shift to a larger Aitken mode mean diameter of 0.039 ± 0.002
µm. Instead, this may be the result of cloud processing because smaller Aitken mode sulfate
particles can coagulate with activated accumulation mode particles during cloud passage. This
decreases Aitken mode number concentration, while accumulation mode mass increases slightly and
number remains constant. The cycling through Sc clouds, however, does not necessarily increase
Aitken mode diameter via condensation since the small aerosol are typically not activated in clouds.
Consequently, vapor condensation onto Aitken mode particles outside of clouds might play a role as
shown in previous studies (Kerminen and Wexler, 1997; Pierce and Adams, 2007). These modeling
studies showed Aitken mode growth via condensation outside of cloud is the dominant growth
mechanism, while coagulation in clouds provides the largest sink for Aitken mode particles. A recent
study also provided evidence for Aitken mode growth via condensation in the MBL. O’Dowd et al.
(2010) discussed measurements from Mace Head coastal station (Ireland) revealing the growth
of a 0.015 µm peak to 0.05 µm in 48 hours, which is equivalent to a growth rate of about 0.8
nm hour−1 . In the case of air mass 3 and 4, the growth rate is around 0.4 nm hour−1 (10 nm / 24
hours) estimating it takes about 24 hours for air mass 3 to travel from its measurement location
south of 25°S to 20°S where most of the air mass 4 measurements were made (see Fig. 5.8a). The
obtained growth rate is approximately half of what has been reported by O’Dowd et al. (2010)
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consistent with higher concentrations of condensable material available of the coast of Ireland (e.g.,
O’ Dowd et al., 2004).
The clean South Pacific bimodal aerosol size distributions are also consistent with many previous
studies reviewed by Heintzenberg et al. (2000). Summarizing 30 years of MBL measurements
Heintzenberg et al. found Aitken mode mean concentrations of 300 - 600 cm−3 in the southern
hemisphere compared to 150 - 300 cm−3 observed in the northern hemisphere. Accumulation mode
concentrations were found to be similar in both hemispheres varying from 100 - 200 cm−3 , while
Aitken and Accumulation mode mean diameter are about 0.035 and 0.150 µm in the southern
hemisphere and increase both by about 25% for northern hemispheric measurements. However,
the clean South Pacific Aitken mode (air mass 3) exhibits a larger concentration (1087 cm−3 )
and a smaller mode mean diameter (0.029 µm) indicating fresher particles as observed earlier
during a Southern Ocean cruise of the coast of New Zealand (Hoppel and Frick, 1990). Their data
showed several episodes of aerosol size distribution measurements similar to air mass 3 exhibiting
an Aitken mode with high concentrations around 900 cm−3 and a mode mean diameter around 0.02
µm, while accumulation mode concentration was about 65 cm−3 . These observations were linked to
precipitation scavenging during passage of frontal regions and as such led to the conclusion that the
small Aitken mode particles must have nucleated recently. While nucleation of new particles may
occur in the MBL if preexisting aerosol surface area is low due to precipitation scavenging (Hoppel
and Frick, 1990; Clarke et al., 1998b), other observations suggest smaller FT sulfate particles may
also get entrained into the MBL through convective mixing (Bates et al., 1998; Clarke et al., 1998a,
2013).
Based on differences in air mass chemistry and size distribution information between polluted
air masses (1 and 2) and air mass 3 and 4, the latter are denoted as unprocessed and processed
South Pacific air masses, respectively. Further comparison of South Pacific air with polluted air
reveals the Hoppel minima of the former are located at around 0.08 µm, 0.005 µm larger than the
minima observed for polluted air masses close to the coastline (see Fig. 5.6). This observation
differs from coastal measurements made with the G-1 aircraft east of 78°W, which showed a steady
decrease of the Hoppel minimum with increasing distance from the shoreline (Kleinman et al.,
2012; Lee et al., 2014). The decrease observed was hypothesized to be linked to an increase of
cloud supersaturation at cloud base that would activate smaller particles further offshore. Their
hypothesis also assumes supersaturation offshore is increased either because Sc clouds are thicker
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and more turbulent and/or because observed total aerosol concentration decreases away from the
coast (e.g., Allen et al., 2011).
The majority of observed CN for South Pacific air masses are volatile CN. Only 13 and 31%
of unprocessed and processed South Pacific air are CNhot, respectively, indicating the majority
of particles are composed of sulfate (Table 5.2). The composition of those CN activating as CCN
in cloud likely differs from total CN composition because most sulfate particles are too small to
activate in Sc clouds. Particles composed of organics, black carbon, and sea salt are more likely to
contribute a substantial amount to CCN concentration.

5.3.3

Pockets of Open Cells

The third type of air mass with similar aerosol chemistry but distinct aerosol size distributions is
illustrated in Fig. 5.6 with solid and dashed blue lines for air mass 5 and 6. Both are denoted
as POC/heavy drizzle air masses as seen by their location of measurement along research flight
tracks illustrated as blue circles in Fig. 5.7. The majority of the 272 aerosol size distributions were
obtained during POC drift missions (also see Fig. 3.2).
Both POC air masses exhibit low accumulation mode concentrations of 109 and 81 cm−3 on
average for air mass 5 and 6, respectively, compared to South Pacific or polluted air. This indicates
much of the accumulation mode aerosol concentration has been scavenged by recent drizzle events,
which is supported by higher median humidity values around 76% (Table 5.2) compared to pollution
air masses or processed South Pacific air. The decrease in accumulation mode mean diameter from
0.150 to 0.089 µm between air mass 5 and 6 also suggests the latter has undergone prolonged
precipitation scavenging. This is further supported by small Aitken mode concentrations and mode
mean diameters for POC air masses. Air mass 6 exhibits the lowest Aitken mode mean diameter
around 0.022 ± 0.001 µm of all air masses, which indicates recent nucleation and subsequent
growth of ultrafine particles in the absence of preexisting aerosol surface area decreased due to
heavy drizzle events. Previous modeling studies found substantial binary nucleation (i.e. sulfuric
acid and water) of fresh particles is likely to occur if preexisting aerosol surface area is below 25
µm−2 cm−3 (Frank, 1995). This is the case for POC median aerosol area size distributions shown
in the upper subset of Fig. 5.6 (blue lines). The integral areas are 15 and 8 µm−2 cm−3 for air mass
5 and 6, respectively, indicating favorable conditions for new particle formation. This is consistent
with previously discussed VOCALS observations that revealed an ultra-scavenged layer exhibiting
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aerosol concentrations below 5 cm−3 in the uppermost part of the MBL inside POCs (Wood et al.,
2011b; Terai et al., 2014).
Air masses 5 and 6 are also consistent with airborne observations made inside a POC located
off the coast of California (Petters et al., 2006). These observations showed similar Aitken mode
properties showing a total concentration of 400 cm−3 and a mean mode diameter around 0.002 µm,
while accumulation mode aerosol concentration was around 32 cm−3 exhibiting a mean diameter
of 0.128 µm. Based on these findings Petters et al. concluded the Aitken mode is likely the result
of recently nucleated particles.
Another observation of POC structure was made by ship in the SEP during a cruise in 2003
showing similar aerosol size distributions (Wood et al., 2008). These observations also showed a
much higher accumulation mode aerosol concentration in the adjacent overcast region compared
to measurements made inside the POC. Based on precipitation rates found over the SEP, it was
concluded heavy drizzle events in the POC center could remove CCN at a rate of 30 - 300 cm−3 day−1
(Wood and Hartmann, 2006; Wood et al., 2008). The gradient in accumulation mode number
concentration was also observed for VOCALS POCs as discussed earlier (Wood et al., 2011b; Terai
et al., 2014) and is represented by median POC size distributions with air mass 5 (solid blue line;
Fig. 5.6) and 6 (dashed blue line) describing the drizzling overcast region and the nearly cloud-free
POC center, respectively.
Precipitation scavenging also removes most submicron aerosol mass leaving only 0.49 and 0.21
µg m−3 for air masses 5 and 6 (Table 5.2), respectively. In this regard, POC air masses are similar
to clean unprocessed South Pacific air (air mass 4). They also exhibit similarly low organic, black
carbon and ammonium mass. This highlights the efficiency of heavy drizzle to remove continental
aerosol and to set conditions close to South Pacific background levels. However, POC air masses are
distinct from clean South Pacific air in that their Hoppel minima are located at smaller diameters.
Air mass 5 and 6 show a minimum diameter of 0.07 and 0.055 µm, respectively, while South Pacific
air mass minima are around 0.08 µm (Fig. 5.6).
Two of the 7 POC missions sampled precursor conditions not considered a clear POC feature
(Terai et al., 2014). This is also supported by size distribution cluster results. The two flights can
be easily identified in Fig. 5.7 around 21°S, 82°W and 22°S, 80°W because both reveal a larger
amount of non-POC air masses. The feature around 21°S, 82°W exhibits processed pollution air
around its southern edge (black circles), while the complete survey around 22°S, 80°W shows size
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distributions measurements associated with processed and slightly polluted South Pacific air masses
(red circles). In the latter case the POC had simply disappeared and was replaced by another air
mass. The former observation could either be related to MBL advection and mixing with POC air
or entrainment of FT air in the overcast region adjacent to the POC. Overshooting of Sc cloud tops
and subsequent entrainment-mixing of FT pollution in the overcast region adjacent to the POC
was discussed by Clarke et al. (2010) who proposed pollution, if present, could replenish scavenged
MBL CCN and prevent cloud dissipation. Note CCN replenishment in the POC itself would be
reduced since the POC center is almost cloud free. This mechanism could also explain the decreased
∆CO and ∆O3 mixing ratios (both 8 ppbv) in the POC center (air mass 6; Table 5.2). In fact,
∆CO and ∆O3 mixing ratios (10 and 15 ppbv) are close to processed pollution values (11 and 15
ppbv) under the adjacent overcast region.

5.3.4

Aerosol Hygroscopicity

The above discussion argues VOCALS MBL air masses should be sorted into 6 distinct aerosol
number size distributions to sufficiently describe air mass origin, history, and potential CCN activity. Since chemical composition of polluted, South Pacific and POC air involves various volatile and
non-volatile species, description of their hygroscopicity expressed as a single parameter becomes
useful. This will be discussed here before CCN activity is examined in the subsequent section.
Median hygroscopicity values are summarized in Table 5.2 based on air mass dependent SCE,
BC, organic, and sea salt volume fractions shown in the pie charts in Fig. 5.6. The highest
aerosol hygroscopicity values are found for South Pacific air masses exhibiting median values of
0.93 ± 0.09 and 0.92 ± 0.08 for air masses 5 and 6, respectively. As discussed earlier, these high
hygroscopicity values are attributed to small contributions of continental aerosol and high volume
fractions of sulfuric acid and sea salt, which have hygroscopicity values around 0.9 and 1.19 (Table
4.1), respectively. Similarly elevated hygroscopicity values are observed for POC air masses showing
median values of 0.84 ± 0.1 and 0.76 ± 0.09 for air mass 5 and 6, respectively. This indicates the
effective removal of larger continental particles with lower hygroscopicity by prolonged drizzle events
in pockets of open cells, as discussed above. The lowest aerosol hygroscopicity values are found in
continental air masses with median values of 0.69 ± 0.05 and 0.70 ± 0.03 for air masses 1 and 2,
respectively.
These hygroscopicity measurements can be compared to previous shipborne observations made
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during two cruises in the SEP during November-December of 2003 and 2004 (Tomlinson et al.,
2007). Both cruises included measurements along 20°S between around 71 - 85°W. The 2003 cruise
also sampled along the Peruvian coastline, while the 2004 cruise included measurements along the
Chilean coastline south of 25°S. Hygroscopicity was measured by comparing dry vs. humidified
(85%) aerosol particle size for selected dry diameters between 0.013 - 0.6 µm (i.e. equation 2.4a).
The growth factors measured for all dry sizes were similar to growth factors estimated for pure
sulfuric acid and ammonium bisulfate particles indicating submicron aerosol number concentration
during both cruises was dominated by sulfate aerosol. Tomlinson et al. (2007) also obtained heated
size-resolved aerosol concentration similar to heated measurements discussed in this work, which
indicated most of the particles contained a refractory portion. This is in good agreement with
VOCALS observations since chemistry measurements showed SCE fractions around 50% for South
Pacific and POC air masses, while these increase to 75% and more for polluted air masses (pie
charts, Fig. 5.6). Measurements south of 20°S also showed growth factors for the largest dry
diameters (0.45 and 0.6 µm) exceeded those expected for sulfuric acid (κ ∼ 0.9). This is likely due
to the greater influence of sea salt on total submicron aerosol hygroscopicity for clean Southern
Ocean air masses as shown in this work.
The clean Southern Ocean hygroscopicity measurements are also in line with airborne observations from Hudson (2007), who obtained hygroscopicity values around 0.87 ± 0.24 in the MBL
over the Eastern Caribbean Sea near the island of Antigua with no islands upwind of the measurement location. For measurements with lowest aerosol concentrations around 170 cm−3 , Hudson
found even higher hygroscopicity values of 0.97 ± 0.37 indicating sea salt as the dominant source
of submicron aerosol volume.
Other marine hygroscopicity measurements closer to continental sources showed lower hygroscopicity estimates similar to what is observed for pollution air masses. For instance, measurements
made at a coastal site in Puerto Rico showed an average hygroscopicity of 0.6 ± 0.2 (Allan et al.,
2008), while observations made during a cruise of the coast of Cape Verde in the Atlantic exhibited
even lower values between 0.47 - 0.5 (Good et al., 2010). This is supported by another cruise
in Northwestern Pacific conducted approximately 1500 km of the coast of Japan (Mochida et al.,
2011). Their marine hygroscopicity estimates are around 0.48 - 0.56 derived via particle growth at
an RH of 85% for diameters from 0.05 - 0.2 µm. The classification as marine air mass was made
based on back trajectories, which showed marine air mainly advected from the Central Pacific.
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Aerosol number size distributions discussed in this work are also similar to processed South Pacific
air exhibiting a bimodal structure with low aerosol concentrations. However, Mochida et al. (2011)
noted derived growth factors were mostly below those for sea salt particles linking this observation
to calm weather during that period. Hence, aerosol hygroscopicity could be higher when sea salt
production is enhanced during periods of increased wind speeds.

5.3.5

CCN Activity

As in previous literature CCN activity is defined here as the fraction of CN that can activate as
CCN at a given supersaturation. The range of possible Sc cloud supersaturation S may be inferred
via eq. 2.4 from the Hoppel minima exhibiting a median at 0.072 ± 0.005 µm (Fig. 5.9a). S
is depicted in Fig. 5.9b in blue and brown assuming a constant κ of 0.73 (ammonium bisulfate)
and physiochemistry-derived aerosol hygroscopicity, respectively. This yields a median of around
0.22 % for either method indicating a lack of sensitivity of S to either approach. S can differ
significantly from its median because the width of the Hoppel minimum indicates much lower and
higher supersaturations are possible. For instance, processed South Pacific air exhibiting a Hoppel
minimum around 0.08 µm extends from 0.039 - 0.145 µm (red dashed line in Fig. 5.6). This
corresponds to a median S of 0.19% (assuming κ ∼ 0.73) but with a range from 0.56% to 0.09%.
CCN activity results for MBL air masses are illustrated in Fig. 5.10 utilizing the same air mass
color scheme as used in Fig. 5.6. Fig. 5.10a highlights CCN activity is strongly dependent on
the distribution of aerosol number concentration over diameter. For instance, while 66% of the
available CN will activate as CCN in clouds for polluted air masses at average S of 0.22% (black
lines in Fig. 5.10a), only 13% activate at this S for unprocessed (red solid line) South Pacific air.
The lines shown in this plot depict CCN activity for median size distributions and hygroscopicity
values (Fig. 5.6 and Table 5.2). The shading around each line depicts the variability introduced by
adding/subtracting a constant value of 0.3 from the median air mass hygroscopicity. The choice of
0.3 to simulate the dependency of CCN activity on hygroscopicity is based on the MBL distribution
of κ exhibiting a median at 0.77 and extreme values of 0.3 and 1.1. Hence, shading around lines
approximately represents the variety of submicron aerosol hygroscopicity values observed. For
instance, the shading around the dashed red lines representing CCN activity of processed South
Pacific air illustrates the uncertainty introduced by varying the air mass median κ of 0.92 by
± 0.3. As such, the lower limit of the shaded area represents CCN activity of processed South
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Pacific air at a κ of 0.62. The upper limit corresponds to a hygroscopicity of 1.22. Overall, CCN
activity only changes slightly by introducing variability to air mass median κ. This indicates aerosol
hygroscopicity only plays a minor role in the activation of CCN. For instance, variable κ changes
CCN activity at 0.22% S by ± 4% and ± 2% for polluted and South Pacific air masses, respectively.
The need for accurate representation of air mass characteristics in terms of aerosol concentration
and size distribution shape in models becomes even more apparent when actual CCN concentration
is examined. This is illustrated in Fig. 5.10b. For instance, while both pollution air masses activate
similar CN fractions regardless of supersaturation because of their similar size distributions shape
(Fig. 5.10a), activated CN concentrations vary substantially since unprocessed pollution (solid
black line; Fig. 5.10b) exhibits higher total Aitken and accumulation mode aerosol concentrations
(Fig. 5.6). At an S of 0.22%, around 600 particles can act as CCN for unprocessed pollution, while
available CCN concentration of processed pollution is half of that.
The CCN activity curves illustrate another feature. The sensitivity of activated CCN to changes
in aerosol hygroscopicity varies with S as clearly visible for processed South Pacific air (dashed red
lines) in Fig. 5.10a. Sensitivity is lowest for this air mass at cloud S around 0.15 - 0.2% (CCN
variability of ± 2%), while it increases above and below this supersaturation range. This behavior
is related to the shape of the aerosol number size distribution as conversion of S to diameter
shows. Assuming a constant hygroscopicity (κ ∼ 0.73) supersaturations of 0.15% and 0.2% can
be converted to 0.094 and 0.077 µm dry activation diameter, respectively. If compared with the
actual number size distribution in Fig. 5.6, it becomes clear these diameters surround the Hoppel
minimum located around 0.08 µm. Hence, changes in aerosol hygroscopicity will cause smaller
errors in computed CCN compared to larger errors expected for lower or higher supersaturations,
which shift the dry activation diameter into the accumulation or Aitken mode, respectively. Similar
variation in sensitivity to aerosol hygroscopicity is observed for all MBL air masses although at
varying supersaturation because Hoppel minima vary with air mass. Nonetheless, even though
sensitivity of activated CCN to hygroscopicity varies, it only plays a minor role compared to aerosol
number concentration and distribution shape.
It is reasonable to ask whether median air mass size distributions and hygroscopicity values
are sufficient to describe observed CCN variability. This was evaluated by comparing the abovediscussed air mass median CCN activity curves with CCN activity for individual MBL size distributions and hygroscopicity values. Results of this analysis are presented in Table 5.3 showing median
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absolute deviation (MAD) from air mass median CCN activity (grey shading) at selected cloud
supersaturations (column 1). The errors colored in blue represent the variability introduced by
utilizing actual hygroscopicity values instead of air mass median values. Errors colored in red use
actual aerosol number size distributions instead of air mass median distributions. The lower portion
of the table (orange color) shows errors obtained by using both actual number size distributions
and aerosol hygroscopicity. The relative errors indicate most of the error is caused by variability
in aerosol concentration and distribution shape. The shape of the size distribution also causes the
varying error with increasing supersaturation. For instance, at S of 0.22%, air mass 6 indicates
lowest sensitivity to hygroscopicity (2%) but exhibits larger errors for size distributions (18%).
Errors increase for lower and higher supersaturations similarly to what has been discussed above
for processed South Pacific air. Overall, this table shows median size distributions and submicron
aerosol hygroscopicity estimates describe CCN activity for observed MBL air masses to within 5
- 19% at average S (0.22%) The best results are for pollution. Less precise estimates for POC air
masses are obtained because pronounced drizzle events and new particle formation in POCs alter
the size distribution shape considerably.

5.4

Aerosol and CCN in the Free Troposphere

In this section, results from the k-means cluster analysis of FT aerosol number size distributions are
examined in the same fashion as used for the above MBL discussion. The 4 retrieved FT clusters,
denoted as air masses 1-4, are illustrated in Figures 5.11a-d similar to Fig. 5.5. Note again,
median aerosol number size distributions are represented by a lognormal fit utilizing equation 5.3,
while average area and volume size distributions are simply median distributions. Lognormal fit
are summarized in Table 5.4. The k-means clustering results for FT measurements show most
individual aerosol number distributions are well sorted and consistent with the shape of the median
lognormal fit. For instance, most of the 140 members of air mass 2 illustrated in Fig. 5.11b scatter
closely around the lognormal fit (brown dashed line), which represents observed size distributions
best if only a single accumulation mode is fitted (Kleinman et al., 2012). Total accumulation mode
number accumulates too 726 ± 169 cm−3 , while the mode mean diameter (0.088 µm) only varies
by 0.01 µm (Table 5.4).
Larger deviations from the median number distribution are observed for air mass 1 (Fig. 5.11a)
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showing a wide range of accumulation mode total concentrations around 2312 ± 643 cm−3 , although
accumulation mode mean diameter and σ are fairly stable exhibiting values of 0.086 ± 0.007 µm and
1.56 ± 0.04, respectively. Similar deviations are observed for the Aitken mode total concentration
and mode mean diameter. While this variability indicates the cluster median number distribution
does not describe the observations entirely, all participating members of this air mass are distinct
from any other FT cluster and hence represent a distinct air mass. Air mass cluster 4 (Fig. 5.11.d)
also exhibits considerable variability, although it is limited to σ and median Aitken (0.033 ± 0.011
µm) and accumulation mode (0.083 ± 0.021 µm) mean diameters. Some variability could be a result
of air mass processing during advection over the SEP, which will be examined below. Nonetheless,
since all participating members of this air mass are distinct from the other 3 FT clusters, these
represent a separate air mass and successful k-means clustering. Overall, most individual FT aerosol
number size distributions are well represented by 4 clusters and their respective lognormal fits.
However, the coarse aerosol number mode shows larger variability in total number concentration
(∼ 50%) and mode median diameter (± 0.1 µm) similar to what has been observed for MBL air
masses. Nonetheless, this does not influence total CCN concentration significantly because their
number is negligible compared to the accumulation mode.
Based on the above examination, median aerosol size distributions are used for a detailed
discussion of FT aerosol characteristics. Similar to Fig. 5.6 all 4 FT distributions are combined in
one plot (Fig. 5.12) using the colors and line styles from Fig. 5.11. Figure 5.12 also contains pie
charts illustrating air mass median submicron aerosol volume fractions of non-refractory organics,
black carbon, and SCE in green, black, and red color, respectively. Sea salt and dust are not included
because Sc clouds effectively scavenge the former, while the latter mostly contains coarse mode
aerosol particles. However, BC volume is not equal to total heated submicron OPC measurements
(< 0.6 µm) in all cases and as such suggests unidentified refractory components are present in the
FT. Since these only comprise a small fraction (∼ 7%), they are ignored here. Measured ammonium
nitrate concentrations are also low and are not included in the pie charts (Table 5.5).

5.4.1

Local Pollution Sources along the Shoreline and The Santiago Plume

The analysis begins with air masses 1 and 2 (brown solid and dashed lines in Fig. 5.12), which
have the highest accumulation mode aerosol concentration of the 4 FT air masses of 2312 and 726
cm−3 (Table 5.4), respectively. These concentrations are higher than any accumulation mode con83

centration observed for MBL air masses (81 - 535 cm−3 ; Table 5.1) and as such indicate continental
sources. This is also supported by elevated ∆CO mixing ratios exhibiting median values of 17 and
20 ppbv, respectively (Table 5.5). These ∆CO values are higher than that observed for unprocessed
MBL pollution (14 ppbv).
Air masses 1 and 2 measurement locations along VOCALS flight tracks (Fig. 5.13; brown
circles) indicate South American sources. Air mass 2 observations are linked to measurements close
to the coast around 20°S, while the 29 air mass 1 measurements were found around 22°S, 80°W and
south of 25°S (separation not shown). HYSPLIT trajectories also indicate both South American
air masses are distinct from air masses 3 and 4. This is shown in Figure 5.14 illustrating end points
of 7-day back trajectories starting along those portions of research flight tracks where FT aerosol
size distribution measurements were made (see Fig. 5.13). South American air masses are shown
in plot 5.14a, while end points for air masses 3 and 4 are illustrated in plot 5.14b. Each trajectory
end point is color coded with trajectory altitude at this point to illustrate possible subsidence over
the SEP. Fig. 5.14a indicates most trajectories remain close to the coast at low altitudes below
3 km (blue color) indicating local coastal sources for air mass 1 and 2. End points in Fig. 5.14b
are found over the Southern Pacific at high altitudes above 6 km (yellow to dark red color). This
shows these air masses have subsided over the SEP over the last 7 days before their measurement
along the flight track. This is also supported by low humidity observations around 2-4% (Table
5.5) indicating the effect of subsidence warming (see discussion below).
Based on back trajectory information and measurement location, air mass 2 appears to be
local coastal pollution with sources along the Northern Chilean and Southern Peruvian coastline,
while air mass 1 is pollution advected from the Santiago de Chile metropolitan area located near
33°S, 70°W. This is shown in Figure 5.15, which illustrates 3-day back trajectories for air mass
1 measurements. The model reveals trajectories passed over or near the Santiago at altitudes
below 2.5 km (cyan to yellow color), low enough that mixing with the mega city pollution plume is
likely. This is remarkable given HYSPLIT model resolution is only 1°by 1°. This supports recent
assessments of HYSPLIT accuracy (Freitag et al., 2014).
Santiago plume observations made around 22°S, 80°W during research flight 14 are further
downwind from the source compared to those from research flight 12 along the Chilean coastline
(Fig. 5.15). This is also reflected in HiGEAR measurements; a detailed analysis of air mass 1 size
distributions shows measurements made around 22°S, 80°W are best represented by the lognormal
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fit obtained for air mass 1 (Fig. 5.11a), while observations made during research flight 12 are linked
to those size distributions showing the large Aitken mode total concentrations between 1000 - 7000
cm−3 . Since the ∆CO is stable at 17 ± 1 ppbv, this indicates no mixing with other air masses.
Hence, Aitken mode particles must have grown via gas-to-particles conversion and/or coagulation.
Back trajectories indicate that the advection time between coastal and offshore measurement locations of Santiago pollution are around 24 hours. Hence, the shift in Aitken mode diameter from
around 0.014 µm to 0.021 µm would indicate a growth rate of approximately 0.3 nm hour−1 , which
is close to what was observed for clean South Pacific air in the MBL (0.4 nm hour−1 ). Consequently,
cluster 1 could be split into two separate air masses to better represent atmospheric processes. However, typical VOCALS S (∼ 0.22%) is too low to activate Aitken mode particles, so the differences
are inconsequential for CCN calculations. The lognormal fit for air mass 1 approximately describes
the average aerosol number size distribution for the Santiago plume (Fig. 5.11a).
The Santiago plume contains the largest organic volume fraction (67%; Fig. 5.12) of all MBL
and FT air masses observed during the VOCALS. This is in good agreement with measurements
made at ground stations in the Santiago metropolitan area (Artaxo et al., 1999). Since organics
are elevated, volume fraction of SCE decreases to 31% as shown on the pie chart in Fig. 5.12, while
BC volume fraction is similarly low as observed for MBL air masses. HiGEAR AMS measurements
also indicate much of the sulfate contained in the Santiago plume formed ammonium sulfate (0.31
± 0.31 µg m−3 ; Table 5.5) and to a lesser degree triammonium hydrogen disulfate (0.07 ± 0.07
µg m−3 ), while sulfuric acid was not found. This indicates low acidity of the plume compared to
MBL measurements that showed substantial amounts of H2 SO4 . Santiago plume hygroscopicity
calculations yield a median of 0.33 ± 0.11.
In contrast to the Santiago plume, local coastal pollution is primarily ammonium bisulfate
(84%), while only 10% of the volume is attributed to non-refractory organic material. Additionally,
this air mass exhibits the highest BC mass values (0.045 ± 0.018 µg m−3 ) of all air masses observed
in the MBL and FT. This indicates combustion-derived aerosol from urban fossil fuel but also
biomass burning activities as evident from ground station measurements at Paposo, Chile (25°S,
70°W), made during the VOCALS period (Chand et al., 2010). Both South American air masses
also depict substantial amounts of coarse mode volume of around 1 µm−3 cm−3 (lower inset in Fig.
5.12) indicating dust particle transport from the arid Chilean coastline or interior.
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5.4.2

Clean Background Aerosol and Long-range Transport of Anthropogenic
Pollution

The second set of FT air masses (green lines in Fig. 5.12) is associated with long-range transport of
aerosol over the SEP as back trajectories discussed in the previous section showed. Both air masses
exhibit a broad accumulation mode near 0.08 µm with low total number concentrations around 127
± 47 cm−3 and 192 ± 67 cm−3 for air mass 3 and 4, respectively, compared to South American
air masses. The pie charts in Fig. 5.12 also show both air masses have similar submicron aerosol
chemistry indicating continental influence based on the elevated black carbon and organic volume
fractions. Allen et al. (2011) showed that back trajectories extended to 10 days and beyond link
these air masses to Australian wild fires active during the VOCALS period. The low accumulation
number concentration is as expected for FT long-range transport since continental aerosol mixes
with clean air during the passage over the South Pacific. Additionally, both air masses contain
almost no coarse mode volume (lower inset in Fig. 5.12) because coarse particles have large masses
and hence a reduced atmospheric lifetime (and/or because they were not emitted in significant
numbers).
Air masses 3 and 4 exhibit quite similar accumulation modes (see above) as well as HiGEAR
chemistry and gas tracers (Table 5.5). However, Aitken modes are distinct exhibiting mode mean
diameters around 0.024 µm and 0.033 µm for air mass 3 and 4, respectively, with corresponding
total number concentrations of 280 ± 98 cm−3 and 115 ± 65 cm−3 . Air masses 3 and 4 also show
distinct CNhot to CNvol ratios exhibiting a ratio of 0.21 and 0.9, respectively. This clearly indicates
the Aitken mode of air mass 3 is mainly composed of sulfate particles. The different CN ratio can
only result from Aitken mode differences because the accumulation mode and associated chemistry
are similar. The volatile Aitken mode in cluster 3 is consistent with a mixture of continental aerosol
and cloud outflow from the South Pacific, but there is insufficient evidence to make a definitive
conclusion.

5.4.3

Aerosol Hygroscopicity

Derived median aerosol hygroscopicity values for air mass 3 and 4 are similar (κ ∼ 0.47) because
the AMS does not measure particles smaller than about 0.05 µm. This does not influence the CCN
activity analysis much since the larger accumulation mode particles that activate in Sc clouds once
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entrained into the MBL are of interest. The biomass burning plumes are somewhat less hygroscopic
than local coastal pollution, which have a median hygroscopicity value of 0.57 ± 0.11. The lowest
hygroscopicity values are observed for the Santiago plume with values around 0.33 ± 0.11.
The Santiago city plume hygroscopicity value agrees very well with estimates of aerosol hygroscopicity for heavily populated regions. For instance, ground station measurements in Ontario,
Canada, and on Mt. Feldberg near Frankfurt, Germany, revealed average hygroscopicity values of
0.3 (Chang et al., 2010) and 0.15 - 0.3 (Dusek et al., 2006), respectively. Other megacity plumes
from Guangzhou (Rose et al., 2010) or Mexico City (Shinozuka et al., 2009) also exhibited similarly
low hygroscopicity values.
Nonetheless, while the Santiago plume estimates are close to previous observations, hygroscopicity values for local coastal pollution are substantially higher emphasizing the variability of aerosol
hygroscopicity for various air masses as highlighted earlier for airborne measurements made over
the western US. Determining aerosol hygroscopicity for dry particles for diameters from 0.05 - 0.3
µm by growing them at an RH of 84% (using equation 2.4a), Shinozuka et al. (2009) found κ values
ranging from 0.18 to 0.47 over the US West coast. The lowest values were obtained when organic
mass fraction was highest.

5.4.4

CCN Activity

CCN activity for observed FT air masses is illustrated in Figure 5.16 (similar to Fig. 5.10). Analogous to what was observed for all MBL air masses, CCN activity is strongly dependent on aerosol
number concentration and distributions shape, while aerosol hygroscopicity only plays a minor role.
Assuming FT air masses get entrained into the MBL eventually, about 52 and 95 cm−3 can act as
CCN for air mass 3 and 4 at approximated VOCALS S of 0.22%, respectively. Coastal air masses
1 and 2, on the other hand, provide much higher CCN concentrations of 934 and 385 cm−3 at this
S, respectively. If median air mass hygroscopicity is varied by ± 0.3 (shading in Fig. 5.16), these
CCN concentrations only change by around ± 13% for air masses 2 - 4, while coastal pollution
CCN concentrations vary by about ± 20%. This is related to the steeper accumulation mode shape
of the aerosol number size distribution (Fig. 5.12). Nonetheless, compared to the CCN variation
introduced by different FT air masses these are minor changes. As in section 5.3.5 (Table 5.3),
Table 5.6 shows results of testing how well the median air mass size distributions and hygroscopicity
values describe the CCN variability. As in the MBL measurements, most of the error is caused by
87

variability in aerosol concentration and distribution shape.
The above discussion highlights the FT as a potential source of MBL CCN. However, most
FT aerosol may not activate as cloud droplet during the initial process of entrainment-mixing. In
section 2.2, it was discussed that homogeneous mixing only decreases mean droplet diameter, while
droplet concentration remains approximately constant. Hence, most FT CCN are not likely to
become stable droplets in this scenario because the larger existing droplets will grow at the cost
of smaller ones. Similar circumstances apply for inhomogeneous mixing although most FT CCN
may initially grow in the droplet-free but saturated parcel until they evaporate upon mixing with
adjacent cloudy parcels.
Additionally, cloud supersaturation near cloud top is generally smaller than just above cloud
base. Hence, available FT CCN concentration may be much smaller than what was found for an
assumed Sc cloud supersaturation of 0.22%. For instance, if a supersaturation of 0.05% is assumed
at cloud top during entrainment-mixing, available CCN concentration would reduce by one order
of magnitude from 400-900 cm−3 to 20-40 cm−3 for Chilean/Peruvian pollution, respectively. Even
lower concentrations would have to be expected for long-range transported air.
Moreover, the influence of hygroscopicity increases at lower supersaturations. If median air
mass hygroscopicity is varied by ± 0.3 at 0.05% supersaturation, activated CCN concentrations
change by up to ± 50% (shading in Fig. 5.16). This again highlights the complexity of processes
influencing CCN activity. However, the above discussed mechanisms inhibiting FT CCN activation
only apply during the initial entrainment and mixing. If the Sc cloud persists longer entrained FT
aerosol will cycle through cloud and be exposed to higher supersaturations just above cloud base.

5.5

Implications for Models

The above examination of air mass characteristics via k-means clustering demonstrated its value for
distinguishing between various marine and continental air masses contributing to CCN abundance
over the SEP during VOCALS. The analysis further revealed these air masses can be sorted into
source-dependent aerosol size distributions that might be useful to initiate models and to test model
representation of various atmospheric processes as advection, entrainment or cloud processing of
aerosol.
In the MBL, unprocessed South Pacific air has been identified as an aerosol source size dis-
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tribution, while all other MBL air masses are a result of aerosol processing in the SEP. Polluted
MBL aerosol number size distributions (black lines in Fig. 5.6) and the unperturbed local coastal
pollution distribution observed in the FT (brown dashed line in Fig. 5.12) are similar indicating
the development of a Hoppel minimum via cloud processing as discussed earlier. Hence, to model
interaction of coastal pollution with Sc clouds the unperturbed FT aerosol number size distribution should be used since it matches the source distribution better than already processed MBL
pollution. However, polluted MBL air masses show much larger organic mass values (0.24 - 0.33
µg m−3 ) compared to the coastal pollution air mass in the FT (0.09 µg m−3 ) suggesting polluted
MBL air may be the result of mixing of more than one continental source with clean South Pacific
air. The k-means clustering also revealed source distributions of Australian biomass burning, the
Santiago plume, and perhaps signatures of convective cloud outflow.
All of these classified MBL and FT air masses show that CCN activity is strongly dependent
on aerosol number concentration and size distribution shape, while aerosol hygroscopicity plays a
smaller role. This confirms many earlier studies (e.g., Dusek et al., 2006; Gunthe et al., 2009; Rose
et al., 2010) highlighting the importance of detailed air mass characteristics that form the base for
an accurate representation of CCN variability in models. However, for simplicity modelers often
assume a constant aerosol source size distribution or use prescribed CCN concentration instead that
may describes average conditions but often fails to reproduce observed variability. For instance,
Wood et al. (2012b) used a fixed FT CCN concentration of 125 cm−3 in their modeling study to
examine precipitation driving of cloud droplet variability in Sc clouds over the SEP. This fixed CCN
concentration was insufficient to replenish MBL CCN in most cases and as such is not sufficient to
maintain cloud droplet concentration against precipitation scavenging. Examination of FT CCN
activity, however, shows 25% (Table 5.5) of the FT measurements are related to coastal pollution,
which had much higher CCN concentrations at assumed Sc cloud supersaturations. These coastal
plumes were occasionally observed in remote regions (section 5.4). Hence, entrainment of CCN is
likely to exceed precipitation loss at such times.
Additionally, examination of air mass characteristics revealed distinct submicron aerosol hygroscopicity estimates for various air masses. While polluted MBL hygroscopicity estimates are close
to 0.7 as recommended for marine air masses in a review of aerosol-cloud interactions (Andreae and
Rosenfeld, 2008), many of the MBL measurements (64%) exhibit higher hygroscopicity. This is more
consistent with Pringle et al. (2010), who modeled the global distribution of aerosol hygroscopicity
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and found κ values close to 1 for much of the southern oceans between 40-60°S. Hygroscopicity measurements of continental aerosol in the FT also indicate the proposed average continental
hygroscopicity value of 0.3 (Andreae and Rosenfeld, 2008) is not sufficient to describe observed
variability over the SEP during VOCALS exhibiting values from 0.22 in the Santiago plume to
0.68 in local coastal pollution air. Nonetheless, while aerosol hygroscopicity only plays a minor role
in determining CCN variability for MBL CCN it may play a vital role during entrainment-mixing
when cloud supersaturation is low.
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Figure 5.1: CCN closure for all available measurements in the MBL and FT utilizing derived aerosol
hygroscopicity for CCN computation. Plots are color coded with a) derived aerosol hygroscopicity
κ and b) preset supersaturation of the Wyoming CCN counter. Insets show the high CCN concentration range, while the 1:1 line is represented by dashed lines. Whiskers mark standard deviations
of measurements and solid lines illustrate weighted linear correlations.
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Figure 5.2: CCN closure for all available measurements in the MBL and FT assuming all aerosol
consists of ammonium bisulfate for CCN computation. Plots are color coded with a) derived aerosol
hygroscopicity κ and b) preset supersaturation of the Wyoming CCN counter. Insets show the high
CCN concentration range, while the 1:1 line is represented by dashed lines. Whiskers mark standard
deviations of measurements and solid lines illustrate weighted linear correlations.
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Figure 5.3: Mean silhouette value over number of aerosol size distribution clusters prescribed for
k-means clustering routine for MBL (left column) and FT (right column) measurements. The upper
row illustrates cluster results utilizing size distribution information exclusively, while the lower row
highlights results using solely individual aerosol and trace gas properties. See text for discussion.
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Figure 5.4: Cluster mean aerosol number size distributions (centroids; colored thick lines) for a
prescribed cluster number of 2 for FT (plots a-d) and MBL measurements (plots e-h). K-means
clustering results utilizing solely aerosol and trace gas information as input for cluster analyses
are shown in the right column, while results using aerosol number size distribution information
exclusively are illustrated in the left column. The total number of individual measurements (grey
lines) participating in each cluster is shown in the top right of each plot.
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Figure 5.5: Cluster median MBL aerosol size distributions (thick colored lines) plus individual
members of each cluster (grey thin lines, total number shown in the upper left of each plot).
Main plots show aerosol number size distributions with the median distribution represented by a
lognormal fit. Upper and lower insets illustrate area and volume size distributions, respectively,
with unfitted median distributions. MBL air masses shown are a) unprocessed pollution (air mass
1), b) processed pollution (air mass 2), c) unprocessed South Pacific air (air mass 3), d) processed
South Pacific air (air mass 4), e) processed POC/Heavy drizzle air (air mass 5), and f) heavily
processed POC/Heavy drizzle air (air mass 6). See text for discussion.
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Table 5.1: Median lognormal fit parameters to MBL air masses defined in Fig. 5.5 for three modes where NT otal is total aerosol number
concentration, Dµ mean particle diameter, and σ the standard deviation of the modal distribution. Errors quoted in parentheses
depict the median absolute deviation to the fitted parameters. Unprocessed pollution, processed pollution, unprocessed South Pacific
air, processed South Pacific air, processed POC/Heavy drizzle air, and heavily processed POC/Heavy drizzle air are denoted with
numbers 1-6, respectively.

Figure 5.6: As Fig. 5.5 but with all cluster median MBL aerosol size distributions in one plot.
Pie charts illustrate submicron aerosol volume fractions for each air mass for sulfate containing
electrolytes, non-refractory organics, black carbon, and sea salt in red, green, black, and cyan
color, respectively. Unprocessed pollution (solid black lines), processed pollution (dashed black
lines), unprocessed South Pacific air (solid red lines), processed South Pacific air (dashed red lines),
processed POC/Heavy drizzle air (solid blue lines), and heavily processed POC/heavy drizzle air
(dashed blue lines) are denoted with numbers 1-6, respectively.
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Table 5.2: Median values and median absolute deviation (shown in parentheses) of selected aerosol and gas measurements for 6
MBL air masses defined in Fig. 5.5. Fraction of total measurements and actual number are shown in column 1. Unprocessed
pollution, processed pollution, unprocessed South Pacific air, processed South Pacific air, processed POC/Heavy drizzle air, and
heavily processed POC/Heavy drizzle air are denoted with numbers 1-6, respectively.

Figure 5.7: Location of MBL aerosol size distribution measurements (as shown in Fig. 5.5) along
research flight paths sorted into three major air mass categories: coastal pollution (air mass 1 and
2), South Pacific air (air mass 3 and 4), POC/Heavy Drizzle air (air mass 5 and 6).
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Figure 5.8: 3-day (top panel) and 7-day (bottom panel) back trajectories starting along those
portions of research flight tracks where MBL aerosol size distribution measurements were made (see
Fig. 5.7). Circles represent model output at 2 hour resolution, while color indicates (top) longitude
at trajectory start points along flight tracks and (bottom) corresponding trajectory altitude along
the trajectory path.
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Figure 5.9: Frequency plots of a) Hoppel minima derived from all available MBL aerosol number
size distributions and b) Sc cloud supersaturations computed via κ-Koehler theory based on derived
Hoppel minima (dry activation diameters). Histograms colored in blue and brown use a constant
κ of 0.73 (ammonium bisulfate) and physiochemistry-derived aerosol hygroscopicity, respectively.
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Figure 5.10: MBL air mass-dependent CN fraction (in a) and actual aerosol number concentration
(in b) activated as CCN over prescribed cloud supersaturation based on κ-Koehler theory utilizing
air mass mean hygroscopicity values (solid and dashed lines) provided in Table 5.2. Shading for
each air mass represents the uncertainty introduced by adding/subtracting a fixed value of 0.3 from
air mass mean hygroscopicity. Air mass color scheme is the same used in Fig. 5.6.
102

Table 5.3: Uncertainty of air mass median CCN activity (grey shading) at selected cloud supersaturations. Relative errors (median absolute deviation) represent the variability introduced by
utilizing actual hygroscopicity values instead of air mass median hygroscopicity (blue) and by using actual aerosol number size distributions instead of air mass median aerosol size distributions
(red). Relative errors marked in orange illustrate variability introduced by utilizing both actual
hygroscopicity and aerosol number size distribution. Unprocessed pollution, processed pollution,
unprocessed South Pacific air, processed South Pacific air, processed POC/Heavy drizzle air, and
heavily processed POC/Heavy drizzle air are denoted with numbers 1-6, respectively.
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Figure 5.11: Cluster median FT aerosol size distributions (thick colored lines) plus individual
members of each cluster (grey thin lines, total number shown in the upper left of each plot). Main
plots show aerosol number size distribution with the median distribution represented by a lognormal
fit. Upper and lower insets illustrate area and volume size distributions, respectively, with unfitted
median distributions. FT air masses shown are a) Santiago plume (air mass 1), b) local coastal
pollution (air mass 2), c) Clean background air (air mass 3), and d) long-range transported pollution
(air mass 4). See text for discussion.
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Table 5.4: Median lognormal fit parameters to FT air masses defined in Fig. 5.11 for three modes where NT otal is total aerosol number
concentration, Dµ mean particle diameter, and σ the standard deviation of the modal distribution. Errors quoted in parentheses
depict the median absolute deviation to the fitted parameters. Fraction of total measurements and actual number are shown in
column 1. Santiago plume air, local coastal pollution, clean background air, and long-range transported pollution are denoted with
numbers 1-4 respectively.

Figure 5.12: As Fig. 5.11 but with all cluster median FT aerosol size distributions in one figure.
Pie charts illustrate submicron aerosol volume fractions for each air mass for sulfate electrolytes,
non-refractory organics, and black carbon in red, green, and black color, respectively. Santiago
plume air (solid brown lines), local coastal pollution (dashed brown lines), clean background air
(solid green lines), and long-range transported pollution (dashed green lines) are denoted with
numbers 1-4 respectively.
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Table 5.5: Median values and median absolute deviation (shown in parentheses) of selected aerosol and gas measurements for 4 FT
air masses defined in Fig. 5.11. Air mass fraction and actual number are shown in column 1. Santiago plume air, local coastal
pollution, clean background air, and long-range transported pollution are denoted with numbers 1-4 respectively.

Figure 5.13: Location of FT aerosol size distribution measurements along research flight paths
sorted into two major air mass categories: coastal pollution (air mass 1 and 2) and long-range
transported aerosol (air mass 3 and 4).
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Figure 5.14: End points of 7-day back trajectories starting along those portions of research flight
tracks where FT aerosol size distribution measurements were made (see Fig. 5.13). Coastal pollution (air masses 1 and 2) is shown in a), while long-range transport (air masses 3 and 4) is
illustrated in b). End points are color coded with their corresponding trajectory altitude.
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Figure 5.15: 3-day back trajectories starting along those portions of research flight tracks where
FT air mass 1 aerosol size distribution measurements were made. Circles represent model output
at 1 hour resolution, while color indicates corresponding trajectory altitude along the trajectory
path. Flight tracks are shown as grey lines.
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Figure 5.16: FT air mass-dependent CN fraction (in a) and actual aerosol number concentration
(in b) activated as CCN over prescribed cloud supersaturation based on κ-Koehler theory utilizing
air mass mean hygroscopicity values (solid and dashed lines) provided in Table 5.5. Shading for
each air mass represents the uncertainty introduced by adding/subtracting a fixed value of 0.3 from
air mass mean hygroscopicity. Air mass color scheme is the same used in Fig. 5.12.
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Table 5.6: Uncertainty of air mass median CCN activity (grey shading) at selected cloud supersaturations. Relative errors (median absolute deviation) represent the variability introduced by
utilizing actual hygroscopicity values instead of air mass median hygroscopicity (blue) and by using actual aerosol number size distributions instead of air mass median aerosol size distributions
(red). Relative errors marked in orange illustrate variability introduced by utilizing both actual
hygroscopicity aerosol number size distribution. Santiago plume air, local coastal pollution, clean
background air, and long-range transported pollution are denoted with numbers 1-4 respectively.
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Chapter 6

Links between Aerosol and Sc Cloud
Hydrometeors
This chapter discusses links between observed aerosol characteristics and Sc cloud hydrometeor
properties. These are cloud droplet number concentration Nd obtained by the CDP probe and
drizzle rate derived from the 2D-C drop size distribution. Additionally, cloud droplet residual
chemistry obtained via the CVI inlet is examined for one case during research flight 12. Aerosol
and CCN characteristics used here are based on the analysis conducted in the previous chapter.

6.1

Out-of-Cloud Aerosol Measurements vs. Hydrometeors

In section 5.1, aerosol number size distribution-derived CCN was compared to measured CCN
concentration (CCN closure) to test whether the former data set could be used to discuss CCN
activity during VOCALS campaign. Here, size distribution-derived CCN concentration is also
compared to cloud droplet number concentration Nd (droplet closure) since the link between both
is crucial to estimate aerosol indirect effects on Sc clouds (see section 1.2). An overview of general Nd
and CCN concentration behavior along 20°S is provided in Figure 6.1. This discussion, however,
is kept brief since the general decrease of Nd and CCN concentration away from the shoreline
(section 3.1) has already been studied (Bretherton et al., 2010; Allen et al., 2011). The focus will
be on links between Nd and CCN concentration instead with the latter derived via two different
assumptions. Fig. 6.1e and f illustrate MBL estimates of CCN concentration along 20°S derived
by assuming all aerosol is composed of ammonium bisulfate (ABS CCN) and by assuming CCN
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concentration can be described as the subset of CN with particle diameters larger than 0.1 µm
(referred to here as accumulation mode aerosol concentration; ACMC), respectively. ABS CCN
derivations presume an average Sc cloud supersaturation S of 0.22% (see Fig. 5.9b) and are used here
instead of aerosol-hygroscopicity derived CCN because the latter measurements are less frequently
obtained. However, aerosol-hygroscopicity derived CCN and ABS CCN concentration are close to
each other as discussed in the previous chapter. Fig. 6.1e and f depict a general decrease in CCN
concentration away from the shoreline with ABS CCN being constantly higher than ACMC. This
is no surprise because the dry activation diameter linked to S of 0.22% is 0.073 µm assuming all
particles are composed of ammonium bisulfate (Fig. 5.9a). If compared to uncorrected original CDP
Nd measurements shown in Fig. 6.1c, it becomes clear both CCN estimates slightly overestimate Nd
concentration in the remote SEP west of 80°W, while they substantially deviate from uncorrected
Nd observations close to the Chilean coastline. For instance, for the longitude bin of 70 to 72°W
uncorrected Nd is around 275 cm−3 on average, while ABS CCN and ACMC show median values
around 370 and 300 cm−3 , respectively. The deviation is even larger for the longitude bin of 72 to
74°W. A part of the deviation along 20°S can be related to the greater variability of MBL CCN
compared to the relatively smooth decrease of Nd along 20°S. This variability is probably related
to the less frequent measurements of MBL CCN compared to in-cloud Nd observations. However,
the constant overestimation of CCN in relation to Nd points to an instrumental bias discussed
below. Corrected CDP Nd measurements (see section 4.2) are illustrated in Fig. 6.1d. Since the
CDP tends to undercount droplets at high droplet concentrations (e.g. Fig. 4.1a) corrected Nd
concentration must be substantially higher close to the Chilean shoreline compared to uncorrected
measurements (compare Fig. 6.1c and d). As a result, MBL estimates of CCN concentration are
now close to CDP Nd concentration as a comparison of Fig. 6.1d with Figs. 6.1e and f shows.
Surprisingly, this comparison also reveals ACMC values are closer to corrected Nd concentration
along 20°S than the ABS CCN estimates. This could indicate Hoppel minimum-derived S (0.22%)
may not be representative for average conditions during VOCALS and may have to be set to lower
values.
Before the effect of supersaturation is discussed in detail, measured Nd concentration is compared to global climate model (GCM) estimates of Nd along 20°S. GCM Nd results are highlighted
in Figure 6.2 obtained from Wyant et al. (2015) who analyzed a variety of model outputs along
20°S for the VOCALS period. Aircraft measurements of uncorrected FSSP Nd are also shown as
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black crosses, while uncorrected CDP Nd concentration from this work is superimposed on this plot
(orange crosses). Uncorrected CDP Nd concentration is likely higher than uncorrected FSSP Nd
because the CDP probe measures droplets with diameters as small as 2 µm, while the lower FSSP
detection limit is around 5 µm. Both the uncorrected FSSP but also MODIS satellite data (black
circles) led to the conclusion that modeled Nd approximately represents measurements along 20°S
(Wyant et al., 2015). However, when compared to corrected CDP Nd concentration superimposed
on the plot (red crosses), it becomes clear most models but also MODIS substantially underestimate
droplet concentration over the SEP during the VOCALS period. GCM underestimation of Nd in
remote areas is about a factor of 2 on average, while it increases to a factor of 3 - 4 for the heavily
polluted coastline. The only two models that approximately predict actual measurements near the
polluted coastline are the IOWA WRF (dashed green) and UKMO (grey) models although both
considerably underestimate Nd in the remote SEP.
Vertical profiles are studied next to examine the aforementioned connection between MBL
CCN and corrected CDP Nd in detail. Vertical profiles are chosen because this directly connects
individual CCN and Nd observations compared to the illustration along 20°S (Fig. 6.1). A total
of 81 profiles are available for this analysis consisting of 43 profiles through the entire cloud and
another 38 partial profiles that only include the lower half of the Sc cloud (attributed to sampling
strategy; e.g. Fig. 3.4). Nonetheless, cloud average droplet concentration data for the partial
profiles are considered accurate because Nd is approximately stable above the level of maximum
supersaturation (compare with Fig. 2.2f). Results from all 81 profiles are depicted in Figure
6.3. Plot (a) illustrates profile median (<>) cloud droplet concentration as function of those CN
larger than the derived Hoppel minimum diameter (Fig. 5.9a) with measurements color coded by
MBL air mass number as discussed in the previous chapter (e.g. Fig. 5.6). The plot depicts a
robust correlation (R2 ∼ 0.74) but also an excellent closure (slope is 0.89) between MBL CCN and
corrected droplet concentration regardless of air mass characteristics. Similar results are obtained
for ABS CCN (Fig.6.3b). The deviation from 1:1 (grey dashed line) in Fig.6.3b could indicate
cloud supersaturation is lower than Hoppel minimum S (∼ 0.22%) for all 81 profiles because ABS
CCN concentration at this S is larger than Nd . As mentioned earlier this could suggest the Hoppel
minimum diameter does not describe average Sc cloud supersaturation when converted to S via
κ-Koehler theory. Instead, average cloud supersaturation during VOCALS might be much lower
than 0.22% as Fig. 6.3c indicates. This plot illustrates profile median Nd vs. ACMC revealing a
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1:1 relationship with much smaller root mean square error (RMSE). Since ACMC represents those
CN larger than 0.1 µm, average cloud supersaturation can be fixed to a single value of around 0.14
% assuming an aerosol hygroscopicity of 0.73 (ammonium bisulfate). This is somewhat surprising
given that Hoppel minimum-derived supersaturations discussed in this work (Fig. 5.9b) show both
much larger and more variable values. Previous observations under marine Sc clouds also revealed
S derived via droplet closure frequently exceeded 0.3% (e.g., Hudson et al., 2010).
A possible explanation for the disagreement between Hoppel minimum-derived S and observed
S (via Fig. 6.3c) was given by Twohy et al. (2013) who studied number size distributions of
droplet residual aerosol in the range of 0.055 - 1 µm during VOCALS utilizing a CVI inlet (section
3.3.1). They found particles much smaller than 0.1 µm also activated as cloud droplets. This
was attributed to those cloud parcels exhibiting highest vertical velocities exceeding 1 m s−1 . Note
cloud supersaturation is around 0.4 - 0.9% at a vertical velocity of 1 m s−1 depending on aerosol
concentration (Chuang, 2006). However, since much smaller vertical velocity values are much
more likely to be observed during cloud passage (Twohy et al., 2013), smaller particles should
activate less frequently than larger aerosol. Hence, average Sc cloud S could be smaller than
Hoppel minimum-derived S. Because smaller aerosol tend to grow faster through mass uptake in
cloud than larger aerosol, the Hoppel minimum can develop even though large supersaturations
needed to activate small particles are rare. Nonetheless, while this could explain the difference
between Hoppel minimum-derived S and observed S, the applied CDP undercounting correction
could also cause this disagreement. Corrected Nd concentration could be underestimated (∼ 10%;
Fig. 6.3a) given that the undercounting correction was simply estimated via Monte Carlo simulation
(see section 4.2). Hence, this could cause the shift of the linear fit below the 1:1 line in Figs. 6.3a
and b.
The observed strong relationship between profile median CDP Nd and ACMC (Fig. 6.3.c) is in
good agreement with earlier publications that proposed the use of a simple relationship of Sc cloud
Nd with aerosol above a fixed particle diameter of typically 0.1 µm (e.g., Martin et al., 1994; Twohy
et al., 2005; Lu et al., 2008; Hegg et al., 2012). If this relationship holds for various air masses it
could provide for a simple parameterization in global climate models that would otherwise have to
base aerosol activation on computed vertical velocity (e.g., Abdul-Razzak and Ghan, 2000). On
the other hand, Pringle et al. (2009) challenged this simple parameterization by running a global
climate model with a coupled chemical transport model to simulate aerosol advection from various
116

sources. The GCM also included nucleation, condensation, coagulation and size-resolved dry and
wet deposition of aerosol with an aerosol activation scheme based on vertical velocity. They found
the resulting global Nd distribution differs substantially from that Nd distribution obtained by using
a simple Nd -ACMC relationship. Based on this and the above discussion, the relationship shown
in Fig. 6.3c should be seen as a first order approximation of actual conditions. While it provides
good results for distinct air masses as continental pollution (black and red in Fig. 6.3c) and clean
South Pacific air (magenta and green) during VOCALS as well as for different stages of air mass
processing (e.g. black vs. red), it may not hold for other parts of the world. Similar conclusions can
be drawn for another possible parameterization of Sc cloud Nd via CNhot concentration. This is
depicted in Figure 6.3d showing heated CN observations (section 3.3.1) exhibit a robust relationship
with Nd over all MBL air masses defined. The link between heated CN and accumulation mode
concentration was discussed in chapter 5. This relationship was also noted earlier by Clarke and
Kapustin (2010) who found a strong linear relationship of CNhot with CN larger than 0.08 µm
over aerosol concentrations ranging from 100 - 2000 cm−3 . However, while CNhot may serve as
rough CCN proxy for MBL observations during VOCALS, this does not necessarily apply to FT
measurements as discussed in the next section.
The linear fits used in Figure 6.3 differ from most publications that typically used a power law
relationship to link MBL aerosol concentration to Nd . This is exemplified in Fig. 6.3e for two
recent VOCALS publications. The Terai et al. (2012) and Kleinman et al. (2012) relationships
are illustrated as solid red and black lines, respectively, over the range of ACMC concentrations
measured. Both fits clearly deviate from the results presented here (compare with Fig. 6.3c).
This could be due to the fact that their CDP Nd was not corrected for droplet undercounting
in the more polluted clouds close to the Chilean coastline (black and red dots in Fig. 6.3c).
Hence, these relationships have also been corrected for droplet undercounting here according to the
discussion provided in section 4.2. These corrected Terai et al. and Kleinman et al. relationships
are illustrated as dashed red and black lines in Fig. 6.3e, respectively, and exhibit a clear shift
towards the 1:1 line compared to the uncorrected data. However, while the corrected Kleinman
et al. measurements could be approximated with a linear fit and are close to 1:1, the corrected
Terai et al. data considerably deviate from 1:1 for higher ACMC concentrations although their data
could now be approximated with a linear fit. Overall, this indicates a linear relationship may be
more appropriate to fit measurements over the narrow range of ACMC and droplet concentrations
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sampled. Nonetheless, Nd will fall off at higher ACMC concentrations in more polluted regions
(not observed during VOCALS). Implications for climate models that may result from the use of a
linear fit vs. a power law relationship for VOCALS data are discussed below in section 6.3.
The strong Nd -ACMC relationship observed previously led to the assumption that cloud top
entrainment-mixing of FT air only played a minor role in determining average Sc cloud Nd (Martin
et al., 1994; Twohy et al., 2005; Lu et al., 2008). However, a strong Nd -ACMC relationship does
not automatically imply entrainment-mixing of FT air does not occur. For instance, from the two
mixing mechanisms discussed in section 2.2, only inhomogeneous mixing predicts a decrease of Nd
upon entrainment-mixing. FT CCN contributions could also be “hidden” in the MBL CCN data
if entrainment occurred before measurements were made. Consequently, vertical profiles through
cloud may not detect any effect of FT CCN on Nd if entrainment occurs during the profiling through
cloud or if sufficient time has passed since the entrainment event occurred. Because of this, cloud
properties should be linked to MBL and FT air masses simultaneously to study entrainment-mixing.
This approach will be discussed below for one case with clean South Pacific MBL air below cloud
and pollution aloft.

6.2
6.2.1

In-Cloud Aerosol Measurements vs. Hydrometeors
Signatures of FT Entrainment in Droplet Residual Chemistry

In section 5.4, FT entrainment was mentioned as a source for MBL CCN. This source is discussed
here in detail for one case study utilizing the combined set of MBL and FT aerosol physiochemistry
observations and computed back trajectories. Additionally, these data are complemented by a novel
data set of droplet residual chemistry analyzed later in this section. The relevant flight portion
made along 75°W during the second pollution survey along the Chilean coastline (research flight
12) is depicted in Figure 6.4a. It starts around 28.5°S in the MBL. The aircraft then crossed the
trade wind inversion (TWI; black dashed line) and profiled deep into the FT (grey shading) before
it descended to just above the cloud deck near 1000 m. The TWI location was estimated via the
rapid change in relative humidity shown in Fig. 6.4b (measurements are smoothed with an 11point Gaussian filter for visibility). The level leg in the FT was followed by a descent into the Sc
cloud deck and subsequent in-cloud measurements at constant altitude (blue shading). The last
portion of this case study includes another set of MBL observations near 24.5°S. Fig. 6.4a also
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illustrates various aerosol and gas characteristics observed along the flight track. It shows elevated
CNhot concentration (in red) around 1000 m near 26°S exhibiting concentrations up 2500 cm−3 ,
while ACMC (> 0.1 µm; black dots) is approximately half of that. Since black carbon and ∆CO
(background value of 52 ppbv subtracted; section 5.2) measurements are elevated at this location
as well (Fig. 6.4d), this indicates a combustion plume was encountered just above the cloud deck.
Aerosol chemistry additionally shows, this air mass contained huge amounts of organics compared
to sulfate (Fig. 6.4c), which was linked to the Santiago plume in section 5.4.1 (e.g. compare with pie
chart number 1 in Fig. 5.12). The analysis in section 5.4.1 was also supported by back trajectories
that revealed the plume originated from the Santiago de Chile metropolitan area (Fig. 5.15). This
is shown again in Figure 6.5a in an enhanced illustration for the case study discussed here. This
plot depicts 48-hour back trajectories starting along those portions of the flight track (grey line)
where the plume was encountered. Back trajectories are color coded with trajectory altitude to
illustrate subsidence from 2 - 2.5 km near Santiago de Chile (located at 520 m) to 1 km around
75°W, 27°S. Figure 6.5b shows the same back trajectories just with the organics to sulfate ratio
(shown in Fig. 6.4c) colored upon the trajectory paths.
The Santiago plume was also encountered further south around 27.5°S during the ascent to
higher altitudes. A closer look at this measurement location reveals a CNhot gradient through the
TWI as shown in Fig. 6.4d. This aerosol gradient, which is also visible in aerosol chemistry (Fig.
6.4c) as well as ∆CO and BC observations (Fig. 6.4d), indicates entrainment-mixing occurred
at this location. This is further supported by back trajectories that arrive along the MBL leg
around 28°S (Fig. 6.5a). The trajectories indicate MBL flow was southerly for the last 48 hours
and did not contact the continent. Hence, MBL air around 28°S is likely of clean South Pacific
origin because trajectories also indicate the air mass had not subsided from higher altitudes. This
is also supported by MBL measurements at the beginning of the sub-cloud leg south of 28°S. These
data show low ACMC and CNhot concentrations around 140 and 200 cm−3 , respectively. BC mass
is similarly low exhibiting values around 5 - 6 ng m−3 . Additionally, ∆CO is around 3.5 ppbv,
which is close to the campaign minimum observed further south during this research flight. Similar
measurements were also made during the sub-cloud leg near 24.5°S indicating the same clean South
Pacific air mass was measured at this location again. This is also supported by back trajectories
for this flight portion showing analogous behavior as discussed for the MBL leg around 28°S (Fig.
6.5a). Additionally, k-means clustering of aerosol size distributions (chapter 5) reveals both MBL
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legs exhibit processed South Pacific air mass characteristics (air mass 4) as illustrated in Figure
6.6a. This plot depicts previously defined MBL and FT air mass numbers in red and black color
along the flight track (grey line), respectively.
The above discussion highlights MBL air was of clean South Pacific origin south and north of
the in-cloud leg location (blue color in Fig. 6.6a). Hence, sub-cloud air under the in-cloud leg
is likely of the same origin. Consequently, this connects cloud measurements to two distinct air
masses above and below cloud and as such provides an ideal setting to study entrainment-mixing
via droplet residual chemistry obtained with the AMS and SP2 behind the CVI inlet (see section
3.3.1). Unlike the discussion in chapter 5, sea salt cannot be used because droplet shatter in cloud
spoils the OPC data.
Air mass and droplet residual chemistry is illustrated in the pie charts in Fig. 6.6a depicting
relative fractions of various chemical components contributing to the bulk aerosol volume measured
(AMS plus BC volume). The top pie chart shows Santiago plume chemistry from the FT leg around
26°S highlighting the large organic volume fraction of 81% (in green) characteristic for this air
mass. Cloud droplet residual volume fractions are illustrated in the middle pie chart and exhibit
aerosol chemistry similar to MBL observations from around 24.5°S (bottom). However, in-cloud
observations exhibit a 7% higher organic volume fraction compared to MBL measurements, which
is balanced by a 10% decrease in sulfate fraction (red color). This change could be caused by
preferred activation of typically larger organic MBL aerosol compared to smaller sulfate particles
(e.g. chapter 5). However, sulfate volume fraction likely increases in cloud due to the conversion of
sulfur dioxide to sulfate in cloud droplets (section 1.1). Hence, this indicates entrainment-mixing
of organic-rich Santiago plume air provided additional CCN for the cloud. This is also supported
by individual observations of droplet residual organic and sulfate volume fraction illustrated in Fig.
6.6b. The plot depicts the organic volume fraction in cloud droplet residuals increased from subcloud fractions of 22% to values of 41% for portions of the in-cloud leg consistent with cloud-top
entrainment of the Santiago pollution plume. Figure 6.6b is also color coded with the fraction
of the total droplet concentration Nd measured by the CVI inlet, which was intentionally altered
by changing the counterflow to study characteristics of larger droplets. The coloration shows this
did not affect the overall behavior of organic and sulfate volume fractions. The above results
support an earlier entrainment-mixing study of research flight 12 observations over the southern
SEP south of 24°S (Clarke et al., 2010). However, the Clarke et al. study only examined out-of120

cloud aerosol gradients across the trade wind inversion to illustrate the effect of entrainment-mixing
of FT pollution into the MBL. The study did not demonstrate actual activation of FT CCN in
cloud shown in this work via droplet residual analysis.
This case study also provides the opportunity to revisit the relationship of MBL CCN with
cloud droplet concentration Nd discussed in the previous section. Corrected CDP Nd is illustrated
in Fig. 6.4a as blue line exhibiting a cloud leg average of 170 cm−3 , while it considerably increases
to around 250 cm−3 towards the end of the in-cloud leg. As such, CDP Nd is approximately
equal to the closest ACMC measurement below cloud (black dots in Fig. 6.4a), which exhibits a
concentration of around 240 cm−3 . Sub-cloud CNhot concentration is in the same range indicating
MBL measurements of heated CN are a good CCN proxy (e.g. Fig. 6.3d). However, while this
may hold for MBL measurements over the SEP, it was mentioned above that CNhot concentration
is much larger than ACMC in the Santiago plume. Hence, this indicates CNhot may not serve as
CCN proxy for all air masses.
Based on the above discussion, contamination of clean South Pacific air with pollution (section
5.3.2) is linked to entrainment-mixing of Santiago plume air during research flight 12. This case
study also highlights entrainment-mixing already occurred before in-cloud measurements were obtained since observations upwind around 28°S exhibit a clear aerosol gradient through the TWI.
Back trajectories also show strong subsidence of Santiago plume air, which brings the combustion
layer directly over the Sc cloud deck. Continued entrainment further downwind is inevitable and
will eventually mix the complete Santiago plume into the MBL further north. Assuming a typical
entrainment rate near 0.2 - 0.5 cm s−1 (Wood and Bretherton, 2004) the plume will entrain into Sc
clouds over the SEP for the following 16 - 42 hours given an approximate plume layer depth of 300
m (orange shading in Fig. 6.4e). Additionally, trace gas measurements made in the Santiago plume
in the FT indicate this air mass was not only rich in CCN but also rich in sulfur dioxide (green
line in Fig. 6.4a). Hence, this plume also provides aerosol mass via conversion of sulfur dioxide to
sulfate in cloud droplets. Because this was just one flight randomly timed to sample this coastal
aerosol, and because these emissions and the Sc cloud decks are persistent features over the SEP,
this feature must be a common influence on downwind clouds over the region.
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6.2.2

Black Carbon Measurements made with the Aerosol Inlet

As mentioned earlier, AMS and SP2 measurements behind the CVI inlet were only available for
a small fraction of the total in-cloud sampling time during VOCALS. However, it turns out that
in-cloud BC data from the solid diffuser inlet (SDI; section 3.3.1) are apparently unaffected by the
droplet shatter that spoils other aerosol data. Figure 6.7 shows black carbon (BC) concentration
versus ∆CO for in-cloud (blue) and sub-cloud (black) measurements during research flight 5 (October 25). BC and ∆CO are both combustion indicators and so correlate well below cloud. This
correlation continues in cloud, indicating that BC particles remain intact even though CN counts
skyrocket as droplets shatter in the SDI (not shown). This is not entirely unexpected since soot
is insoluble and in solid phase. But this means in-cloud BC concentration can be used to examine
the effect of pollution presence on drizzle occurrence in Sc clouds.
Drizzle onset requires that cloud droplets be sufficiently large. When droplet mean radius
rµ exceeds approximately 12 µm Sc clouds exhibit noticeable drizzle rates (Gerber, 1996; Boers
et al., 1998; Pawlowska and Brenguier, 2003). This threshold for warm rain initiation is typically
reached near cloud top and as such depends on cloud thickness H but also available MBL CCN
concentration (section 2.2). Consequently, to detect any effect of MBL CCN on rµ or drizzle rate,
cloud thickness has to be held constant. This is challenging to achieve because cloud boundary
measurements are not necessarily available when measuring rµ inside cloud. While cloud top can
typically be inferred from the gradient in radar return if the aircraft is sufficiently below cloud
top, cloud base estimation is often impaired by drizzle radar returns from below the cloud base.
As such, cloud base may be adiabatically derived from in-situ observations of liquid water content
LWC at aircraft altitude (Albrecht et al., 1990). Since this approach assumes measured LWC was
not reduced by cloud top entrainment-mixing it restricts the analysis to data of the lower half of
the cloud not affected by cloud top mixing (Bretherton et al., 2010). Measurements are further
restricted to a narrow layer between 0.3 to 0.5 normalized cloud height (with 0 as cloud base and 1
as cloud top) to account for the increase of rµ with height in cloud. Drizzle losses may also affect
this cloud base estimate but is ignored here (see below).
In-cloud observations of 2D-C derived drizzle rate as function of droplet concentration Nd are
illustrated in Figure 6.8a for four fixed cloud thickness bins at average cloud thickness of 250, 350,
450, and 550 m colored in black, blue, red and green, respectively. For instance, the 250 m cloud
thickness bin contains cloud thickness values in the range of 200 to 300 m (see legend in Fig. 6.8a).
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The log-log illustration in Fig. 6.8a clearly highlights the rapid increase of drizzle rate from around
0.1 mm hour−1 (horizontal grey dashed line) up to 8 mm hour−1 below a droplet concentration
of around 50 cm−3 (vertical grey dashed line). Drizzle rates above 0.1 mm hour−1 are typically
considered as heavy drizzle events and have been linked to the onset of POC formation (e.g., Wood
et al., 2008). Thicker clouds (in red and green) also exhibit higher drizzle rates regardless of droplet
concentration. At higher droplet concentrations drizzle rate decreases to insignificant values for all
cloud thickness bins. Drizzle rates below 0.01 mm hour−1 are likely too small to be detectable below
cloud base and simply indicate only a few drizzle drops are present in cloud (Wood et al., 2008). A
comparison with Fig. 6.8b highlights the onset of heavy drizzle at around 50 cm−3 can be linked to
a mean droplet radius of around 10-12 µm depending on cloud thickness (color in Fig.6.8b). This
is in accordance with previous estimates (see above). It also shows the increase of drizzle rate for
thicker clouds (at constant Nd ) is directly connected to larger droplet mean radii. Figure 6.8a and
b also indicate adiabatic cloud base estimates do not greatly influence results presented because
differences between thinner (black and blue) and thicker and more drizzling clouds (red and green)
are independent of drizzle rate changes over Nd .
The above discussion reveals drizzle rate decreases with increasing Nd (or MBL CCN) at constant cloud thickness. This effect can be directly linked to continental pollution when measurements
are colored with BC number concentration. This is shown in Figs. 6.8c and d for drizzle rate and
rµ as function of Nd , respectively. Again, because cloud thickness is kept approximately constant in
each bin (color in Fig. 6.8a) the decrease in drizzle with increasing pollution and so Nd is not related
to meteorological effects such as varying sea surface temperature or stratification of the boundary
layer (i.e. coupled/decoupled MBL). Hence, observations could simply indicate cloud processing of
aerosol in form of precipitation scavenging reducing Nd and BC with increasing drizzle rate. In this
case, drizzle would control aerosol. However, this scenario presumes BC must have been present in
the heavily precipitating clouds before it got scavenged out of cloud. Hence, CO, which correlates
well with BC throughout the campaign, should be elevated for these cases because it is not affected
by precipitation scavenging. Since this is not observed for high drizzle rates (and rµ ) as illustrated
in Fig. 6.8e (and f), measurements suggest aerosol controls drizzle rate (and rµ ). A similar analysis
was already conducted earlier for VOCALS measurements although this discussion was based on
sub-cloud observations (Terai et al., 2012). The study focused on actual estimates of precipitation
susceptibility (not conducted here again), which describes the fractional decrease of precipitation
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with fractional increase in aerosol loading. They found that precipitation susceptibility decreases
with increasing LWP. However, their analysis did not directly examine whether the decrease in
aerosol concentration was caused by precipitation scavenging or whether the increase of aerosol
caused a decrease of drizzle rate.

6.3

Implications for Models

The discussion in section 6.1 revealed cloud droplet number concentration Nd is closely connected
to available sub-cloud CCN concentration concurrent with many previous publications (e.g., Martin
et al., 1994; Twohy et al., 2005; Lu et al., 2008; Hegg et al., 2012; Kleinman et al., 2012; Terai
et al., 2012). Moreover, after CDP Nd is corrected for droplet undercounting which becomes a large
source of error in the more polluted clouds, MBL CCN and Nd scatter closely around the 1:1 line.
This result significantly differs from previously derived relationships that often used a power law fit
to link MBL CCN to Nd likely because their Nd was not corrected for droplet undercounting. This
may have a considerable effect on the calculation of cloud radiative forcing in global climate models.
In section 1.2, the first aerosol indirect effect was defined via equation 1.1, which describes the effect
of CCN on cloud albedo. This effect can be seen as the product of aerosol-cloud interactions (ACI)
and albedo susceptibility with the former expressing the change of Nd with a change in MBL CCN.
Hence, the magnitude of ACI can simply be inferred from droplet closure results discussed in section
6.1.
Estimation of this ACI value with actual observations is of great interest to the modeling
community because global climate models often bypass the complications of aerosol activation
at cloud base by using this empirical relationship. For the linear relationship along the 1:1 line
discussed in section 6.1 ACI is close to its mathematically possible upper limit of 0.33 (see equation
1.2) regardless of CCN concentration. However, if a power law fit is used to describe the effect of
MBL CCN on Nd during VOCALS (e.g. Fig. 6.3e) the ACI value must decrease with increasing
CCN concentration. For instance, for CCN concentrations around 1000 cm−3 power law fits used
for VOCALS data yield an ACI value of around 0.28 (Fig. 6.3c). While this small change of around
0.05 may appear to result in a minor overall change of the first aerosol indirect effect, it was shown
recently that an increase of 0.05 could in fact result in local forcing of -3 to -10 W m−2 (McComiskey
and Feingold, 2008). The authors further noted this local forcing, determined for a single vertical
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profile through cloud, would still be substantial if globally averaged and compared to the total
net anthropogenic radiative forcing of +2.29 W m−2 (as of 2011; see Fig. 1.1). Therefore, droplet
undercounting, if not corrected for, may represent a significant source of error for the evaluation
and validation of the first aerosol indirect effect in climate models.
The droplet closure-derived ACI value of around 0.33 is also close to previous estimates utilizing
VOCALS measurements (Painemal and Zuidema, 2013). However, their ACI value of around 0.32
was not deduced from in-cloud droplet concentration observations. ACI was instead calculated utilizing a novel idea that connects sub-cloud radiation and accumulation mode aerosol concentration
measurements. Hence, because CDP Nd was not used in their study no discussion was provided
on CDP instrumental artifacts, which become important when ACI is derived via droplet closure.
Overall, the agreement between the two independently derived ACI values for VOCALS (droplet
closure vs. radiation measurements) supports both their novel retrieval method and the droplet
undercounting correction discussed here.
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Figure 6.1: FT (top row), in-cloud (middle row) and below-cloud (bottom row) measurements
observed along 20°S gridded into 2 degree longitudinal zones. Shown are number concentrations
of ammonium bisulfate-derived CCN (a and e), CCN defined as CN larger than 0.1 µm (b and
f) and CDP droplets (c and d). Plot c) and d) illustrate uncorrected and corrected CDP number
concentration, respectively. Median values for each box are shown as thick grey line with box
bottom/top marking lower/upper quartile. Whiskers describe extreme values within 1.5 times the
interquartile range.
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Figure 6.2: This figure was obtained from Wyant et al. (2015) to illustrate mean cloud droplet
number concentration output of various global climate models (GCMs) along 20°S for the VOCALS
period. GCM model results were compared to uncorrected FSSP Nd measurements (black crosses)
and MODIS estimates (black circles). Uncorrected and corrected CDP Nd concentration from this
work are superimposed on the plot and illustrated as orange and red crosses, respectively.
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Figure 6.3: In-cloud profile median (<>) CDP Nd (corrected) as function of sub-cloud MBL CCN
defined as a) CN larger than Hoppel minimum diameter (see Fig. 5.9a), b) CN activating at average
S assuming all aerosol is composed of ammonium bisulfate (see Fig. 5.9b), c) CN larger than 0.1 µm
and d) CN measured with the CNhot counter. Unprocessed and processed pollution, unprocessed
and processed South Pacific air and processed and heavily processed POC/Heavy drizzle air are
denoted with MBL air mass number 1-6 (see Fig. 5.6), respectively. The 1:1 line is marked as
grey dashed line, while the linear fit is shown as black line. e) Various uncorrected and corrected
relationships of Nd with ACMC from previous literature.
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Figure 6.4: a-d) A flight segment along 75°W during research flight 12 (November 11) with various
aerosol and gas tracers observed along the flight track (grey line). The high altitude portion of
the flight track is shaded grey, while the in-cloud leg is shown in blue. e) Detailed view of flight
portion between 28 - 27°S over altitude with the Santiago plume layer shown in orange. The trade
wind inversion is marked as black dashed line in all plots. All measurements are smoothed with an
11-point Gaussian filter for visibility.
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Figure 6.5: Same flight portion as shown in Fig. 6.4 (grey line) with 48-hour back trajectories
starting along the flight track in the MBL below 300 m and in the FT around those altitudes where
the Santiago plume was encountered. Back trajectories are color coded with a) trajectory altitude
and b) organics/sulfate ratio as shown in Fig. 6.4c.
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Figure 6.6: a) Same flight portion as shown in Fig. 6.4. Numbers colored in red and black along the
flight track (in grey) depict observed MBL (processed South Pacific air) and FT (Santiago plume)
air masses, respectively (see chapter 5). The trade wind inversion is marked as black dashed line,
while the in-cloud portion is highlighted in blue. Pie charts illustrate submicron volume fractions
of sulfate, organics, ammonium, nitrate and black carbon in red, green, orange, blue and black,
respectively for Santiago plume (top), in-cloud CVI measurements (middle) and South Pacific air
(bottom). b) In-cloud CVI organic volume fraction as function of sulfate volume fraction colored
with the fraction of total CDP Nd measured by the CVI.
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Figure 6.7: In-cloud (blue) and sub-cloud (black) measurements (10s) of BC number concentration
vs. ∆CO (CO minus background value of 52 ppbv) from research flight 5 (October 25). Both data
sets were obtained with the University of Hawaii solid diffuser inlet.
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Figure 6.8: (left column) In-cloud measurements of 2D-C derived drizzle rate as function of CDP
Nd and (right column) CDP mean radius rµ vs. CDP Nd . Color scheme in a and b illustrates
observations binned by cloud thickness H (100 m bin width), while color in c and d designates BC
number concentration in cloud. Plots e and f color observations with ∆CO (CO minus background
value of 52 ppbv). The grey dashed horizontal and vertical lines mark a drizzle rate of 0.1 mm hour−1
and droplet concentration of 50 cm−3 , respectively (see text for details).
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Chapter 7

Links between Aerosol and the Cloud
Droplet Size Distribution
The previous chapters analyzed CCN activity of distinct air masses and their relationship to cloud
hydrometeors. This examination, however, largely ignored the size distribution of cloud droplets
and as such neglects its potential effects on macroscopic cloud properties such as cloud optical depth
or cloud albedo. The possible significance of the droplet size distribution width rσ was discussed
in section 1.2, while theoretical behavior and its use in model parameterizations were outlined in
sections 2.2 and 2.3, respectively. In this chapter, actual droplet distribution measurements are
examined for horizontal in-cloud legs at constant altitude as well as vertical profiles through the
cloud deck. These observations are linked to MBL CCN in a second step followed by a discussion
on how to implement results into model parameterizations.

7.1

Observations along In-Cloud Legs

The cloud droplet size distribution was examined first for all in-cloud legs conducted during the
campaign to study the wide range of conditions observed over the SEP. The in-cloud legs conducted
cover the more polluted coastal troposphere as well as the remote marine environment. Most of
these 78 legs showed similar pattern of droplet distribution parameters exemplified for one in-cloud
leg during research flight 5 (October 25) in Figure 7.1. Plot (a) shows radar reflectivity returns
(color) above and below flight level (grey line) to illustrate cloud boundaries and typical shape
of an actively drizzling Sc cloud cell between 09:37 and 09:39 UTC. Using the average aircraft
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speed of 110 m s−1 this time span corresponds to about 13 km. A top view of such a closed cell
is shown in Fig. 3.1a. Cloud base is adiabatically derived and shown as a black line in Fig. 7.1a.
Fig. 7.1c illustrates the droplet distribution mean radius along the example leg. It shows rµ is
approximately stable until 09:37 UTC and increases rapidly upon entrance into the drizzling cell.
This is partially related to the formation of drizzle but also due to the sudden increase in cloud
depth compared to 09:36 UTC. While the aircraft did not change altitude, observations are now
made at a higher altitude above cloud base (black line in plot a). Consequently, rµ must increase
as discussed earlier (e.g. Fig. 2.2c). The opposite effect can be observed upon descending into subcloud air starting around 09:39 UTC. The location of heaviest precipitation can be inferred from
the radar return (∼ 09:38:30 UTC) but is also visible in vertical velocity exhibiting negative values
around this time (Fig. 7.1b), while the largest downdraft is observed just after 09:39 UTC. Vertical
velocity is also approximately inversely related to the width of the droplet size distribution (rσ ;
Fig. 7.1d), while it appears to trend with droplet concentration Nd (Fig. 7.1f). This could indicate
the competing effects of droplet activation and subsequent growth in the rising parcels ascending
from cloud base vs. droplet evaporation (i.e. before 09:37 UTC) or precipitation-scavenging (in
active cell) connected to downdrafts.
The empirical correction factor k utilized in climate models (∼ rµ / rσ ; Fig. 2.4a and discussion
in section 2.3) must be positively correlated to Nd during most of the in-cloud leg (Fig. 7.1e)
because rµ is approximately stable except for the descent into sub-cloud air. This is also shown in
Figure 7.2a illustrating the CDP k parameter as function of Nd for this in-cloud leg color coded
with normalized cloud height (0 - base, 1 - top). The plot reveals a strong correlation with Nd
that uniquely results from the inverse relation of Nd with rσ as Figs. 7.2b and c indicate. This
positive relationship of k with Nd was observed for most in-cloud legs during VOCALS and appears
to describe various stages of a typical cloud cycle (rising and sinking parcels) since rσ is linked to
vertical velocity as discussed above. However, k-Nd dependencies during in-cloud legs could also
be associated with changes in MBL air mass characteristics, which define cloud droplet properties
via CCN availability. This was tested by linking k-Nd relationships to carbon monoxide mixing
ratio data as shown for the example leg in Fig. 7.2d. This leg shows insignificant variation in ∆CO
(CO minus background value of 52 ppbv; section 5.2), which is characteristic for the majority of
in-cloud legs during the campaign.
The positive relationship of k with Nd during most in-cloud legs agrees with some previous
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studies (Grabowski, 1998; Daum et al., 2007; Ma et al., 2010; Xie et al., 2013), while others found
an inverse dependency of k with Nd (Martin et al., 1994; Hudson and Yum, 1997; Liu and Daum,
2002; Rotstayn and Liu, 2003). The type of k-Nd relationship could depend on the spatial scale
examined since a single in-cloud leg may not be representative for the complete Sc cloud deck
extending from the polluted coastline to the remote SEP. This is examined next by averaging
k and Nd data so that each cloud passage is described by a single k and Nd value. However,
vertical profiles through cloud rather than in-cloud legs will be used because measurements should
be obtained equally at every altitude level in cloud since k is ultimately linked to cloud optical
depth (section 2.3), which is proportional to the vertical integral of the of droplet distribution area
(Brenguier et al., 2011).

7.2

Vertical Profiles through the Sc Cloud Deck

60 vertical profiles (at 1Hz, every 4 - 5 m) through the Sc cloud deck are available for the analysis
of the k-Nd dependency. These profiles include conditions from polluted coastal environments to
remote conditions far from the shoreline as well as 8 profiles conducted in Pockets of Open Cells
(POCs). The analysis considers a recent recommendation that suggested a more useful representation of k may be obtained by integrating droplet distribution properties through the cloud
rather than just averaging k (Geoffroy et al., 2010; Brenguier et al., 2011). This novel retrieval
method is based on an empirical relationship discussed in section 2.3 (eq. 2.12), which links k to
integrated droplet surface area (second moment M2 ) and volume (third moment M3 ) so that M2
2/3

equals (kN )1/3 M3 . To obtain the integral of k defined here as k∗, droplet surface area, volume,
and number concentration Nd are integrated from cloud base to cloud top. The value k∗ can then
be expressed as
k∗ =

|M2 |3
|Nd | |M3 |2

(7.1)

where || denotes the vertical integral. This method has the advantage that it directly relates k∗ to
other important quantities obtained by integrating the droplet size distribution over cloud height
(i.e. cloud optical depth and liquid water path).
An overview of all profiles is given in Figure 7.3a for uncorrected CDP measurements. This
plot depicts k∗ as function of profile median Nd with each dot representing a single profile. Fig.
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7.3b shows the same observations just for corrected CDP data (undercounting and oversizing).
Both plots also illustrate whiskers for each profile that marks one standard deviation of added
uncertainty obtained by perturbing CDP size bin radii and bin concentrations via Monte Carlo
analysis (section 4.2). Comparison of both plots reveals similar pattern with three clearly separated
groups even if Monte Carlo-derived uncertainties are accounted for. This indicates CDP corrections
did not manipulate the k∗-Nd relationship (except for an anticipated increase in Nd related to the
undercounting correction). It should be mentioned these two groups also appear when comparing
k-Nd (not shown) instead of k∗-Nd .
The first group with lowest Nd values is clearly separated by observed drizzle rate (color).
These measurements are highlighted in orange to red indicating substantial drizzle rates above
approximately 0.1 mm hour−1 , while the other two populations have drizzle rates up to 3 orders of
magnitude lower. Note again drizzle rates above 0.1 mm hour−1 are typically considered as heavy
drizzle events and have been linked to the onset of POC formation (Wood et al., 2008). This is
also the case for this data set as these heavy drizzle observations were obtained in the vicinity
of VOCALS POCs. Drizzle rates below 0.01 mm hour−1 are probably too small to be detectable
below cloud and simply indicate only a few drizzle drops are present in cloud.
Two constraints are imposed on the data set before observed k∗-Nd groups are examined in
detail. The first constraint limits the examination of k∗-Nd dependencies to CDP measurements
exclusively because global climate models (GCMs) do not account for larger drizzle size drops measured with the 2D-C probe. In fact, radiative transfer codes in GCMs solely consider small droplets
(cut off diameter around 50 - 80 µm depending on model (Geoffroy et al., 2010)), while larger drizzle
drops are not treated and are considered to fall out of cloud immediately. Consequently, to provide
a useful estimate of k∗ to modelers, this obvious shortcoming needs to be accounted for. However,
comparison of the full size distribution k with CDP k indicates differences may be tolerable for
approximately half of the data set (black line in Fig. 7.4 marks median of frequency distribution).
The other part of the data set exhibiting larger k differences is connected to the heavily drizzling
POC measurements highlighted in red in Fig. 7.3. These open cells are characterized by low profile
median droplet concentration Nd in Fig. 7.3. A closer look at actual droplet size distributions
over height in cloud for these profiles also showed portions with literally no cloud measurements
present (LWC < 0.05 g m−3 ). As such, these clouds will not contribute greatly to cloud optical
depth and hence can be excluded from this analysis that aims to establish a k∗ that can be used
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for the parameterization of cloud optical depth in GCMs. Measurements have also been screened
for broken clouds to assure data are available at every altitude level (for integration of droplet
distribution moments). This criterion excludes the profile defined by an Nd of 175 cm−3 and a k∗
of 0.61 in Fig.7.3b. Since only closed cells are examined entrainment mixing should be confined to
Sc cloud top.
After these exclusions, two populations of observations remain in the k∗-Nd plot depicted in
Figure 7.5a. This is rather surprising given that previous studies only found a single relationship
between k∗ and Nd (see last paragraph in section 7.1). Hence, a detailed analysis is warranted
to understand differences between these two groups. Both populations are indicated by ellipses
in Fig. 7.5 and are denoted as lower (18 profiles) and upper (34 profiles) k∗-Nd group from here
on. Both populations are colored with drizzle rate in Fig. 7.5a indicating the lower k∗-Nd group
exhibits slightly higher drizzle rates compared to the upper k∗-Nd group, while both populations
exhibit lower drizzle rates at larger Nd . The onset of significant drizzle (> 0.01 mm hour−1 ) can
be roughly linked to maximum mean radius of each profile (Fig. 7.5b). Similar to the discussion
in section 6.2.2 (i.e. Fig. 6.8), the threshold diameter can be estimated to around 10-12 µm.
Figure 7.5c also color codes observations with CDP standard deviation (rσ ) to illustrate the
dependencies of the k∗ parameter on this property (k∗ ∼ rµ / rσ ). It shows rσ is relatively constant
for each group exhibiting averages values of 1.9 and 1.3 µm for the lower and upper k∗-Nd group,
respectively. To understand this behavior, CDP standard deviation is also illustrated over height
in cloud in Figure 7.6c. The plot depicts rσ over normalized cloud height (0 - base, 1 - cloud top)
for four selected profile sets as shown in Fig. 7.6a. The two depicted profile sets of the upper
k∗-Nd group are colored in green and black for low and high Nd values, respectively. The other two
profile sets linked to the lower k∗-Nd group are colored in blue and red for low and high Nd values,
respectively. Profiles colored grey in Fig. 7.6a are not examined over cloud height in Fig. 7.6. The
illustration over normalized cloud height shows rσ is also approximately constant for each k∗-Nd
group over height in cloud although the profile set colored in blue exhibits a noticeable deviation
(∼ 0.5 µm) from its profile average of 1.9 µm near 0.15 normalized cloud height.
The nearly constant rσ for all four selected profile sets allows for simple deductions of k parameter behavior with height in cloud (Fig. 7.6b). Given the k parameter dependencies illustrated
in Fig. 2.4a, it can be inferred that an increase of k with rµ at constant rσ (color in Fig. 2.4a) is
considerably larger at low rµ . For instance, since the blue and red data set yield an approximately
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constant rσ of around 1.9 µm (Fig. 7.6c), k must increase at a faster rate in cloud for the red data
set because these profiles exhibit a lower mean radius at cloud base (Fig. 7.6d). Consequently, k
differences between the red and blue data set at cloud base should vanish with height in cloud as
indicated in Fig. 7.6b. The same is true for green and black profiles just that rσ is around 1.3 µm
for these profile sets. Hence, theoretical considerations can already explain the behavior of k over
height in cloud. They can also explain general shape of the two observed groups (marked by ellipses
in Fig. 7.6a). While the slope is described by rµ , rσ is responsible for the converging of slopes
(or drifting apart) at large k∗ (or low k∗). The effect of rµ on both k∗-Nd groups is illustrated in
Figure 7.8 showing k∗ as strong function of profile median rµ , while the effect of rσ on k∗ is weaker
(color).
The theoretical considerations yield two questions that have to be answered to determine
whether the two k∗-Nd populations are real or just coincidence: What causes the increase of rµ with
decreasing CDP Nd ? And why do the two groups have different but nearly constant rσ ? Three
effects might influence the two k∗-Nd groups. These are (similar to chapter 6) cloud thickness,
entrainment-mixing and aerosol-cloud interaction and will be examined below.
Cloud thickness is illustrated in Fig. 7.5e exhibiting a weak tendency for thicker clouds at
highest k∗ for both k∗-Nd groups. This is in accordance with droplet growth theory that predicts
an increase of cloud height must increase mean radius rµ (Fig. 7.5b). Cloud thickness could also
account for the difference between the two slopes if the lower k∗-Nd group would exhibit lower cloud
thickness values across the spectrum of observed Nd values because smaller cloud thickness results
in smaller rµ and as such lower k values. Since measurements exhibit cloud thickness values are
comparable between the two slopes at constant Nd , this indicates cloud thickness does not explain
the difference between the two slopes.
Entrainment mixing can be recognized by comparing measured liquid water content (LWC)
to adiabatic LWC (LWCa) derived from cloud base temperature and pressure (Albrecht et al.,
1990). Since measured LWC exhibits considerable uncertainty the ratio of LWC/LWCa can greatly
exceed 1 near cloud base where LWC is low. Those measurements have been set to 1 to ease
illustration. Figure 7.5d shows profile median LWC ratio for all profiles revealing most profiles are
quasi-adiabatic (LWC ratio > 0.8; yellow to dark red color), while the remainder is moderately
diluted exhibiting LWC ratios in the range of 0.5 - 0.8 (Pawlowska et al., 2006). The plot also
indicates no visible tendency that would identify one k∗-Nd group as more diluted than the other.
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However, since this illustration considers profile median LWC ratio, the influence of entrainmentmixing could be masked because mixing is confined to Sc cloud top exclusively (see data screening
procedure discussed above). Hence, LWC ratio is also illustrated over normalized cloud height (Fig.
7.6f). This illustration reveals profiles with low k∗ and high Nd (in black) exhibit highest dilution
at cloud top, while profiles with high k∗ and low Nd (in blue and green) show moderate dilution.
Lowest dilution effects are observed for the profile set with low k∗ and low Nd (in red). The effect
of dilution is also visible in Fig. 7.7c that highlights available turbulent kinetic energy (TKE). It
links increased Sc cloud turbulence (black, green and blue) to increased dilution with FT air at
cloud top. Lowest TKE values around 1.8 m2 s−2 (averaged over cloud height) are observed for the
red profile set, which exhibits quasi-adiabatic conditions throughout the cloud (Fig. 7.6f).
The increase of rµ with decreasing Nd for both k∗-Nd populations was already linked to an
increase of cloud height H two paragraphs ago. But is it also connected to entrainment-mixing?
This could be true if mixing and subsequent dilution are much stronger at lower k∗ and higher
Nd (red and black profile sets) because entrainment-mixing may reduce rµ (and so k) at cloud
top if the mixing mechanism is homogeneous (see section 2.2). However, while this may be the
case for the upper k∗-Nd group, which exhibits stronger dilution at higher Nd (black in Fig. 7.6f),
dilution is weaker at higher Nd for the lower k∗-Nd group (compare blue and red profiles in Fig.
7.6f). Additionally, Fig. 7.6d highlights rµ does not decrease near cloud top for all four profile
sets, which is more consistent with the inhomogeneous mixing type that predicts a constant rµ
and a slight decrease of Nd upon dilution with FT air. The behavior of Nd over height in cloud is
illustrated in Fig. 7.7b showing Nd actually decreases at cloud top for the green and red profiles.
Both profile sets exhibit a 15% decrease near cloud top compared to their profile average Nd , while
profiles colored in blue and black are approximately constant. Note the Nd peak for the black
profile set near 0.85 normalized cloud height is related to Nd variability between profiles of this
set (not shown). Summarizing the above findings, green and red profile sets may be linked to
inhomogeneous mixing (co. rµ , decrease in Nd ), while blue and black profile sets reveal signatures
of both mixing types according to theory (co. rµ and Nd ). However, none of these mixing scenarios
can describe the increase of rµ with decreasing Nd for both k∗-Nd groups because rµ is unaffected
by entrainment-mixing (Fig. 7.6d).
Discussion in section 2.2 also showed entrainment-mixing tends to broaden the droplet size distribution near cloud top. This could explain the different but nearly constant rσ both groups show.
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However, entrainment-mixing only affects the upper portion of the Sc cloud as indicated in Fig.
7.6f. Because all profile sets are quasi-adiabatic below 0.4 normalized cloud height, entrainmentmixing cannot account for the different rσ near cloud base. Mixing is also unlikely to have caused
distinct rσ near cloud top because higher rσ values around 1.9 µm (blue and red in Fig. 7.6c) are
associated with weaker dilution at cloud top (Fig. 7.6f), while rσ values around 1.3 µm (green
and black) can be linked to stronger dilution but also higher cloud turbulence with values around
0.4 m2 s−2 near cloud top (Fig. 7.7c). Consequently, even though all profiles exhibit signatures of
entrainment-mixing of FT, this does not explain k∗-Nd behavior during VOCALS campaign.
The effect of MBL CCN on the k∗-Nd populations is discussed next. When profiles are compared
with MBL aerosol size distributions both k∗-Nd groups reveal distinct features as summarized in
Figure 7.9. Plot (a) depicts profiles with available size distribution information in color, while
missing MBL data are shown as grey dots. The colors are linked to individual MBL size distributions
(closest to profile) illustrated in Figs. 7.9b-c. The lower k∗ population can be connected to
previously discussed clean South Pacific air masses (less and more cloud processed in magenta and
green, respectively), while the higher k∗ group is connected to anthropogenic pollution (less and
more cloud processed in black and red, respectively). Since the top portions of both groups merge
together at high k∗ and low Nd , this might also reflect in MBL measurements. Indeed, this is
supported by MBL size distributions highlighting these measurements are associated with heavily
cloud processed air (clean or polluted, both in dark blue in Fig. 7.9b). The slightly elevated drizzle
rates at high k∗ and low Nd bolster this argument (Figs. 7.5a and 7.7a).
The above evaluation revealed the effect of cloud thickness H can explain the k∗-Nd populations,
while both the effect of H and entrainment-mixing cannot account for the difference in rσ . The
above findings also indicate both k∗-Nd groups are the result of cloud processing showing the
temporal development of the droplet size distribution at different cloud processing stages for two
different air masses. While this explains the increase in rµ with decreasing Nd it remains uncertain
why the two populations have different but nearly constant rσ . Earlier discussion showed the lower
k∗-Nd group exhibits slightly higher drizzle rates compared to the upper k∗-Nd group (Fig. 7.5a)
and as such may cause a broader droplet size distribution. However, rσ remains constant with
increasing Nd , while both populations exhibit lower drizzle rates at larger Nd . Additionally, while
increased drizzle rates at high k∗ and low Nd appear to be linked to droplet distributions that are
skewed to smaller sizes (green and blue in Fig. 7.6e), rσ is not connected to droplet distribution
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skewness. Hence, it is hypothesized here that wider CDP droplet distributions could simply be
a consequence of fluctuations in Sc cloud supersaturation (or updraft velocity) that can activate
smaller particles (see section 6.1). Since the South Pacific air mass can provide more Aitken mode
aerosol compared polluted air (compare Figs. 7.9c and d) more particles could activate at higher
than average Sc cloud supersaturation. This could broaden the droplet size distribution and hence
increase rσ for South Pacific air masses under otherwise similar conditions (i.e. rµ is similar for
both groups at Nd ∼ 150 cm−3 ; Fig. 7.5c). Nonetheless, whatever it is that causes the distinct rσ
for the two k∗-Nd groups, the result presented here certainly differs from previous findings.
Previous observations showed an increase of the droplet distribution width with increasing MBL
CCN concentration in marine stratus clouds (e.g., Hudson and Yum, 1997). VOCALS observations
clearly show rσ is unaffected by changes in droplet concentration Nd and so MBL CCN (see section
6.1). In fact, if only unprocessed air masses with low k∗ and high Nd are considered (red and black
in Fig. 7.6a), rσ actually decreases with increasing Nd (compare red an black in Fig. 7.6c). The
measurements discussed here also differ from those presented by Brenguier et al. (2011) who found
no relationship of k∗ vs. Nd in Sc clouds. This could be the result of their sampling strategy since
cloud observations at various altitudes were obtained during extended circles rather than single
vertical profiles. The extended circles might merge varying cloud microphysics since Sc cloud cells
are typically only a couple of tens of kilometers wide (e.g. Fig. 7.1a). The more likely explanation,
however, could simply be the constraint used here to define a cloud (LWC > 0.05 g m−3 ). In
literature, this definition varies greatly from 0.01 - 0.05 g m−3 without recognition of its profound
effect on the relationship of k∗ vs. Nd . This is shown in Figure 7.10 by illustrating k∗ as function
of Nd for two definitions of cloudy measurements. Plot (a) shows the definition used in this work
(LWC > 0.05 g m−3 ), while plot (b) illustrates cloud observations under the assumption that cloud
is defined as LWC > 0.01 g m−3 . If the cloud criterion is relaxed to 0.01 g m−3 the two discussed
k∗-Nd populations become less distinctive and the k∗-Nd relationship looks similar to what was
presented by Brenguier et al. (2011). However, if LWC > 0.05 g m−3 is used some of the cloud
boundary values are not considered. Hence, the VOCALS campaign average of k∗ (all profiles)
must be higher for LWC > 0.05 g m−3 because some of the lowest k values near cloud base are
omitted (see Fig. 7.6b). If LWC > 0.05 g m−3 is used average k∗ becomes 0.82, while it is 0.79
for LWC > 0.01 g m−3 . Nonetheless, while k∗ varies depending on the cloud criterion used, other
cloud parameters such as Nd and cloud optical thickness remain nearly constant. The average
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difference in cloud optical thickness is in fact smaller than 2% (not shown). This suggests the
k∗ - Nd relationship established here for LWC > 0.05 g m−3 can also be related to cloud optical
thickness of the complete profile (LWC > 0.01 g m−3 ). A comparison of VOCALS average k∗ with
previously derived values also shows k∗ for LWC > 0.05 g m−3 (k∗ ∼ 0.82) is close to the value of
0.81 commonly used in climate models for pristine Sc (Martin et al., 1994). However, it substantially
differs from the value of 0.74 established recently for various Sc decks around the world (Brenguier
et al., 2011). On the one hand, this difference could be related to the cloud criterion used here
because the assumption of LWC > 0.01 g m−3 yields a VOCALS average of 0.79, which is closer to
the value estimated recently. On the other hand, these k∗ differences may just reflect the diversity
of Sc clouds around the world since the DYCOMS-II study itself, also discussed by Brenguier et al.
(2011), showed a k∗ of 0.78. This DYCOMS-II value is close to the VOCALS average under the
assumption that cloud is defined as LWC > 0.01 g m−3 (k∗ ∼ 0.79).
Before the different VOCALS k∗ estimates are tested and compared in the next section, an
alternative method for determining k∗ is explored here as well. Instead of calculating k∗ directly
from droplet size distribution moments via equation 7.1, profile measurements of cloud optical
thickness τmeasured (eq. 2.8), cloud height H, profile median Nd and liquid water path LWP (eq.
2.9) are inserted into the equation used in GCMs to obtain τapprox (eq. 2.11). Equation 2.11 can
then be solved for an empirical correction factor that yields perfect agreement on both sides of the
equation. This empirical correction acting as substitute for k∗ is termed p here and is given by
τc ∼
= A · (Nd · p · H)1/3 · LW P 2/3
p=

3
τmeasured
A3 · Nd · H · LW P 2

.

or
(7.2)

Utilizing equation 7.2 to compute p for the 52 profiles discussed above it can be shown that p
actually converges to k∗ and as such supports the superiority of k∗ over profile averaged k as
indicated earlier (Brenguier et al., 2011). This is illustrated in Figure 7.11 showing k∗ as function
of the newly established empirical correction factor p. While it becomes clear k∗ trends with p,
this plot also highlights shortcomings of k∗ in yielding the best possible approximated optical cloud
depth for each profile. This is likely related to the underlying assumption that k∗ can be calculated
via equation 7.1. However, since equation 7.1 itself is based on an empirical fit from Martin et al.
(1994) who linked k to mean droplet volume and effective radius (according to equation 2.12), k∗
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is not likely to hold for all venues. In fact, Fig. 7.6b clearly shows k is not constant in cloud for
profiles with low k∗ and high Nd (in red and black color). Hence, equation 2.12 and 7.1 are not
accurate for all VOCALS observations.
The p-approximation, defined in equation 7.2, may be improved further. GCMs that use a
double-moment microphysics scheme (predicts Nd and LWP) often base their estimate of Nd on
computed grid-scale maximum vertical velocity (e.g., Abdul-Razzak and Ghan, 2000). Hence, GCM
Nd is closer to actual observations of Nmax found near the cloud base. Consequently, models tend
to overpredict cloud average Nd and as such may overestimate the effect of Nd on cloud optical
depth. This was noted recently by Brenguier et al. who suggested the use of an empirically derived
correction factor kact of around 0.87 for Sc clouds defined as the ratio of Sc cloud profile median
Nd and Nmax (measured near cloud base for each profile). This ratio was estimated to around
0.77 (±0.06) for VOCALS utilizing the 52 profiles discussed above. Since VOCALS kact has a
non-negligible median absolute deviation it is desirable to directly link Nmax to the p-parameter
defined above. In this case, p becomes p = kact k ∗ and equation 7.2 yields
τmeasured ∼
= A · (Nmax · p · H)1/3 · LW P 2/3
p=

3
τmeasured
A3 · Nmax · H · LW P 2

or

.

(7.3)

The outcome of the p-approximation for the 52 VOCALS profiles is shown in Fig. 7.10c. The plot
reveals a robust relationship pf it (with R2 ∼ 0.76 and standard errors of coefficients one order of
magnitude smaller) between p and Nmax . Hence pf it could be used in GCMs to approximate the
effect of the droplet distribution on profile median droplet concentration Nd and so cloud optical
thickness:
τp ∼
= A · (Nmax · pf it · H)1/3 · LW P 2/3

.

(7.4)

The advantage of equation 7.4 lies in the circumvention of the use of kact although it should
be mentioned that this and other approximations assume GCMs compute LWP, Nmax and H
sufficiently well so that the uncertainty in those parameters does not exceed the accuracy provided
by an Nmax -dependent pf it . Another advantage of this p-approximation is its potential use for
single moment microphysics schemes (only LWP calculated) that have a fixed Nd (typically one for
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polluted and one for clean clouds). Given a sufficiently large set of cloud profiles i with τmeasured (i),
H(i) and LW P (i), p could be adjusted to reflect the usage of a fixed Nd .

7.3

Implications for Models

The relative performance of the different approximations presented above can be tested by calculating actual and approximated radiative forcing F for each profile
F ∼
= −1432W m−2 sin6.6o · Ta2 · α

(7.5)

where α is the cloud albedo for a single profile (an approximation used here based on eq. 2.14),
Ta the atmospheric transmissivity above the cloud (∼ 0.76) and sin(6.6) the sun’s zenith angle at
noon on 11/01/2008, 20°S/70°W, the middle of the VOCALS field project. Actual radiative forcing
is inferred by inserting measured cloud optical depth into equation 2.14, while approximated F is
obtained by the use of approximated optical thickness using different approximations presented in
section 7.2.
Results are shown in Figure 7.12 illustrating k∗ as function of Nd color coded with the ratio
of approximated F to measured F . Figure 7.12a highlights measurements for the cloud criterion
of LWC > 0.05 g m−3 with k∗ approximated by fitting k∗-Nd groups for pollution and clean air
(linear fits in Fig. 7.12a). The two linear fits ppoll/clean were subsequently used to obtain cloud
optical depth via equation 7.6.
τp ∼
= A · (Nmax · ppoll/clean · kact · H)1/3 · LW P 2/3

.

(7.6)

The resulting approximated F (via eqs. 2.14 and 7.5) reveals the two linear fits ppoll/clean very well
describe measured F over the complete range of observed k∗ and Nd values. Approximated and
measured F agrees to within 1% (green color in Fig. 7.12a) for most VOCALS profiles. Fig. 7.12b
also illustrates results for the cloud criterion that defines cloud as LWC > 0.01 g m−3 . Since k∗-Nd
groups are less distinctive in this approximation, no linear fits were applied. The median VOCALS
k∗ (∼ 0.79 for LWC > 0.01 g m−3 ) is used instead to obtain approximated cloud optical depth via
equation 7.6. The assumption of a constant k∗ also shows good results for lower Nd values but
tends to overestimate local shortwave forcing by 5 - 10% for larger Nd . This could become critical
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for modeling coastal Sc clouds which should expect even higher Nd compared to measurements
used here made a couple of hundred kilometers away from the shoreline. The relative change in
shortwave forcing can also be converted to W m−2 utilizing the campaign medians of measured
albedo (0.6 ± 0.1) and measured shortwave forcing F (-57 ± 11 W m−2 ). With this, a change of 5 10% accumulates to about 3 - 6 W m−2 for a single vertical profile through cloud. This represents a
significant deviation from measured shortwave forcing regarding the spread of the Sc cloud field over
the SEP extending over several thousand square kilometers (e.g. Fig. 3.1). Moreover, in section
6.3 it was discussed that a shortwave forcing change of this magnitude on a local scale would still
be substantial if globally averaged and compared to the total net anthropogenic radiative forcing
(McComiskey and Feingold, 2008). The p-approximation was also tested by computing cloud optical
depth via equation 7.4. Results of this test are highlighted in Fig. 7.12c exhibiting approximated
forcing values close to measured F although estimates are less precise compared to the two-fit
approximation (Fig. 7.12a). However, because implementation of a two-fit approximation into
GCMs is not feasible, the p approximation emerges as useful alternative. This approximation
also yields good results at larger Nd above 500 cm−3 and hence should be preferred over the
approximation that uses a constant campaign-averaged k∗.
Overall, this analysis identified a dependency between k∗ and Nd for VOCALS measurements
that is clearly related to cloud processing of MBL CCN for polluted and clean air masses. This
analysis also indicates cloud parameterizations that predict cloud optical depth and cloud albedo
should include this dependency to obtain more realistic estimates of Sc cloud shortwave forcing. A
novel approximation that describes this dependency has been presented here and is recommended
for these cloud parameterizations.
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Figure 7.1: Typical behavior of cloud observations during in-cloud legs at constant altitude (grey
line in plot a). Shown are a) radar reflectivity (color) and adiabatically derived cloud base (black
line), b) vertical velocity, c) CDP mean droplet diameter, d) CDP standard deviation of droplet
diameter, e) CDP k parameter and f) CDP droplet concentration Nd during research flight 5
(October 25). All observations except for radar reflectivity are illustrated as 10s averages.

148

Figure 7.2: Same set of data as shown in Fig. 7.1 illustrated as relationships of CDP Nd with a)
CDP k parameter, b) CDP mean radius and c-d) CDP standard deviation. Data are color coded
with normalized cloud height (0 - base, 1 - top) in plots a-c, while plot d colors observations with
∆CO (CO minus background value of 52 ppbv).
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Figure 7.3: Profile median CDP-derived k∗ parameter as function of CDP Nd for a) uncorrected
and b) corrected CDP measurements. Whiskers mark one standard deviation of added uncertainty
obtained by perturbing CDP size bin radii and bin concentrations via Monte Carlo analysis. Color
illustrates profile median 2D-C derived drizzle rate.
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Figure 7.4: Frequency distribution of k parameter differences (see text for details). The average
difference is illustrated as black line.
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Figure 7.5: Profile median CDP Nd vs. k∗ color coded with profile median a) 2D-C probe drizzle
rate, b) maximum CDP rµ , c) CDP rσ , d) ratio of LWC to adiabatic LWC, e) cloud thickness H and
f) turbulent kinetic energy. Whiskers mark one standard deviation of added uncertainty obtained
by perturbing CDP size bin radii and bin concentrations via Monte Carlo analysis.
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Figure 7.6: a) 4 selected profile sets (6 profiles each) marked in green, blue, red and black. Profile
sets in corresponding color are illustrated over normalized cloud height (0 - base, 1 - top) for CDPderived b) k parameter, c) rσ , d) rµ and e) skewness. f) shows the ratio of measured LWC to
adiabatic LWC. Solid lines mark median values, while shading indicates median absolute deviation.
Each dot represents the average of all measurements over the range of 0.1 normalized cloud height.
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Figure 7.7: Same as Fig. 7.6 just for a) 2D-C drizzle rate, b) CDP Nd and c) turbulent kinetic
energy.
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Figure 7.8: Profile median CDP k∗ as function of CDP rµ , color coded with CDP rσ . Whiskers
mark one standard deviation of added uncertainty obtained by perturbing CDP size bin radii and
bin concentrations via Monte Carlo analysis.
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Figure 7.9: a) Profiles with available MBL aerosol number size distribution (closest to profile) are
colored, while missing MBL data are shown as grey dots. Colors are linked to individual MBL size
distributions (b-c) of 5 distinct air masses as defined in chapter 5. b) processed POC/Heavy drizzle
air, c) unprocessed and processed South Pacific air in magenta and green and d) unprocessed and
processed pollution in black and red, respectively.
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Figure 7.10: Profile median CDP Nd vs. k∗ for Sc cloud defined as a) LWC > 0.05 g m−3 and
b) LWC > 0.01 g m−3 . Plot c illustrates profile maximum Nd near cloud base vs. p with cloud
defined as LWC > 0.01 g m−3 . Profiles with available MBL aerosol size distribution are color coded
according to the color scheme used in Fig. 7.9.
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Figure 7.11: CDP k∗ parameter as function of p parameter for all vertical profiles.
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Figure 7.12: Same as Fig. 7.10 just color coded with the ratio of approximated to measured
shortwave forcing F (see text for details).
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Chapter 8

Conclusions
Aerosol characteristics and Sc cloud properties were measured during the VOCALS campaign in
2008 over the South East Pacific harboring the largest Sc deck in the world. The fourteen research
flights conducted covered a wide range of conditions from a more polluted coastline to the remote
marine environment. This work analyzed how different aerosol sources contribute to the observed
aerosol physiochemistry and total CCN concentration over the SEP. This study also examined
how source-dependent perturbations in aerosol physiochemistry and CCN concentrations relate to
observed variations in the cloud droplet size distributions. In a final step implications of observed
changes in cloud droplet size distributions to climate models were discussed. The findings of this
analysis were:
 Examination of air mass characteristics via k-means clustering of aerosol number size distri-

butions demonstrated its value for distinguishing between various marine and continental air
masses contributing to CCN abundance over the SEP during VOCALS. The analysis further
revealed these air masses can be sorted into source-dependent aerosol size distributions that
might be useful to initiate models and to test model representation of various atmospheric
processes as advection, entrainment or cloud processing of aerosol.
 The cluster technique yields four distinct aerosol size distributions in the FT. These are

attributed to two local coastal pollution sources and long-range transport of aerosol from the
South Pacific and Australia based upon back trajectory analysis and investigation of aerosol
physiochemistry. MBL observations reveal six distinct clusters associated with different stages
of aging and processing of coastal combustion sources, clean South Pacific and heavy drizzling
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air masses.
 CCN number concentration inferred from aerosol size distributions utilizing derived aerosol

hygroscopicity yielded good correlation with actual CCN measurements (R2 ∼ 0.92). Aerosol
hygroscopicity values and CCN concentrations in the FT range from 0.22 - 0.68 for concentrations of 50 - 930 cm−3 , respectively, at average Sc cloud supersaturation of 0.22%. MBL CCN
concentrations reveal a similar range of 50 - 600 cm−3 , while calculated hygroscopicity in the
MBL is generally higher (0.64 - 1.02) and exceeds the previously recommended value of 0.7
for 64% of the MBL observations. Overall, this work confirms earlier studies showing CCN
activity is strongly depended on aerosol number concentration and size distribution shape,
while aerosol hygroscopicity plays a smaller role.
 One case study highlighted enrichment of clean South Pacific air with pollution could be

linked to entrainment-mixing of Santiago plume air during research flight 12. The discussion
also showed most of this plume was advected out over the SEP and is likely to entrain into
Sc clouds over the SEP for the following day or two assuming a typical entrainment rate
near 0.2 - 0.5 cm s−1 . This suggests entrainment-mixing of FT CCN must be considered in
understanding the evolution of MBL cloud properties over the SEP.
 Cloud droplet number concentration Nd is closely connected to available sub-cloud CCN

concentration. Moreover, after Nd is corrected for droplet undercounting that becomes a
large source of error in the more polluted clouds, MBL CCN and Nd scatter closely around
the 1:1 line. This result significantly differs from previously derived relationships that often
utilized a power law fit to link MBL CCN to Nd likely because their Nd was not corrected
for droplet undercounting. This may have a considerable effect on the calculation of cloud
radiative forcing in global climate models and could result in local forcing of -3 to -10 W m−2 .
 A novel data set of black carbon observations made during cloud passage highlights the

increase/decrease of Nd /drizzle rate in Sc cloud in the presence of pollution aerosol. Moreover,
simultaneous examination of carbon monoxide reveals pollution aerosol is the controlling
factor that causes anticorrelation of drizzle rate and Nd .
 Aircraft measurements from the VOCALS campaign also show a robust dependency of k∗

with Nd , in apparent disagreement with the conclusions of Brenguier et al. (2011). This
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relationship can be traced to aerosol size distributions below the clouds. As fresh aerosol
populations undergo cloud processing, reducing the number of CCN and Nd , droplet mean
radius rµ increases while standard deviation rσ is unaffected. The associated k∗ increases, as
it is roughly proportional to rµ / rσ . If this dependency is not accounted for, local forcing
could be overestimated by 3 - 6 W m−2 in polluted clouds close to the Chilean coastline.
 A novel retrieval method of k∗ is also outlined that builds on previous recommendations

from Brenguier et al. (2011) who suggested the use of a correction factor kact in model
approximations of cloud optical depth.
These observations show aerosol variability in the MBL and FT can have an important influence
on CCN and cloud features over the SEP. Moreover, this work provides a detailed analysis of
several aerosol-cloud interactions during VOCALS and enhances our understanding of the complex
feedbacks of aerosol with cloud and of cloud with aerosol. While similar evaluations may yield
different conclusions for other Stratocumuli observations, this study also provides estimates on how
to reduce uncertainty in model parameterizations of cloud optical depth given the measurements
made over the SEP.
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