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ABSTRACT

A simple climate model is proposed for studying the key

parameters of the coupled ocean-atmosphere system, monthly

mean surface winds and precipitation. In this model, sea-level

pressure is thermodynamically determined from sea surface

temperature (SST) through a vertically integrated hydrostatic

equation in which the vertical mean lapse rate is a function

of SST plus a time-independent correction. The surface wind

are then computed from the sea-level pressure gradients

through a linear surface momentum balance with the anisotropic

and latitude-dependent Rayleigh friction coefficients. The

precipitation is calculated from a moisture budget by taking

into account the effect of SST on convective instability. This

model is capable of simulating a realistic annual cycle of the

surface winds, sea-level pressure, and precipitation over the

tropical Pacific. The response of the tropical atmosphere to

symmetric and antisymmetric SST forcing is examined using the

simple model. It is found that the annual variation of the

symmetric SST mode results in the westward propagation of the

surface zonal wind, sea-level pressure, and precipitation

along the equator and the antisYmmetric SST variation causes

the seasonal oscillation of monsoonal circulations and

rainfall.
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The mechanisms of annual variations of the tropical

Pacific sea surface temperature are investigated using a

reduced-gravity ocean model. It is found that the westward

propagation of the equatorial SST anomaly is' due to wind

related dynamic processes. Therefore, the westward propagation

of atmospheric and oceanic quantities is a manifestation of

coupled air-sea interaction. The initiation of anomalous

warming or cooling in the eastern Pacific, however, is

primarily due to the northward propagation of the SST anomaly

in response to solar radiation forcing. As a result, the

annual variation of the Pacific SST can be regarded as an

interplay between coupled air-sea interaction and solar

radiation forcing. The remote forcing of anomalous winds in

the western Pacific also shows contribution on the SST

variation in the eastern Pacific. The annual variation of

cloudiness has effects on the change of SST in the western

Pacific and the northeastern Pacific monsoon region.
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CHAPTER ONE

INTRODUCTION

In the last decade, coupled ocean-atmosphere models of

varying complexity have been developed to study the

interannual variability of El Nino/ Southern Oscillation

(ENSO) with either specified or oversimplified annual cycles

in both ocean and atmosphere (e. g., Anderson and McCreary

1985, Zebiak and Cane 1987, Schopf and Suarez 1988). These

numerical studies revealed the importance of annual cycles on

the phase locking of the ENSO-like oscillations. Since the

annual cycle is one of most dominant variations in the

tropical atmosphere and ocean, a natural question is what

physical processes are responsible for the annual variability

of the tropical Pacific atmosphere and ocean.

Webster and Lukas (1992) in their summary paper about

TOGA COARE state that:

"Although theories of low-frequency variability of the

coupled ocean-atmosphere system depend crucially on the form

of the basic state of the warm-pool region of the tropical

Pacific Ocean, the processes that determine and maintain the

basic state are not understood.

The two basic theories of the El Nino-Southern

Oscillation phenomenon (i.e., either coupled ocean-atmosphere

instability or cyclic equilibrium of a closed tropical ocean

basin involving successive boundary reflections and

1



interactions of equatorially trapped modes) depend on the

existence of a basic state with very specific properties. The

mechanisms that maintain the basic state are not well

understood."

Observations have indicated that there is a prominent

annual oscillation of monsoonal circulations and rainfall in

the tropical Pacific atmosphere. The oscillation is consistent

with an antisymmetric SST variation (Wang 1992b).

Climatological convergence zones also shows clear annual

variations. For instance, the intertropical convergence zone

(ITCZ) has maximum strength along SON in January and shifts to

lOON in JUly. The South Pacific convergence zone (SPCZ)

extends to 15°S in the northern winter and retreats

northwestward during the northern spring and summer. The

meridional shift of the atmospheric convergence zones

coincides with the annual cycle of SST (see Sadler et ale

1987).

A remarkable feature in the Pacific ocean is the annual

march and retreat of the equatorial Pacific SST cold tongue.

The first harmonic analysis of annual variation of SST along

the equator shows a systematic longitude change in both phase

and amplitude with a prominent westward propagation in the

eastern-central Pacific (Horel, 1982). Such propagation is

thought to be a manifestation of the interaction between the

Walker circulation and SST (Bjerknes 1966, Horel 1982) and can

be regarded as a result of the interplay between a forced

2



moneoonaL mode, a direct response of the Pacific ocean to

external solar radiation forcing, and a coupled equatorial

mode which reflects an interaction between atmosphere and

ocean (Wang 1992b). In the subthermocline region between 300

and 800 m, observed annual variations in thermal structure of

the central equatorial Pacific is found to be a forced lowest

mode Rossby wave in response to westward propagating annual

surface wind forcing (Lukas and Firing, 1985).

The objective of the present study is to investigate the

physical mechanisms of annual cycles of the tropical Pacific

atmosphere and ocean using simple atmosphere and ocean models.

I try to understand what physical processes cause the annual

oscillations of the monsoonal circulations and rainfall and

what processes are responsible for annual variations of the

equatorial cold tongue.

So far a number of simple atmosphere and ocean models

have been developed to study the atmospheric response to SST

and the oceanic response to surface wind forcing. Worth

particularly mentioning among them are a two and one-half

layer atmospheric model that consists of both Gill's (1980)

and Lindzen-Nigam's (1987) mechanisms (Wang and Li 1993) and

a reduced-gravity ocean model which simulates the tropical

Pacific SST climatology (Seager et ale 1988). Both the

atmospheric and oceanic models are capable of simUlating some

important features of annual cycles in the tropical Pacific.

However, some problems still remain.

3



This dissertation study contains two major parts. In

Chapter 2, the dynamic and thermodynamic problems of a simple

atmosphere model are diagnosed using climatological monthly

mean COADS data. Based on the observations, a simple tropical

atmosphere model is proposed to simulate the annual cycles of

surface wind, sea-level pressure, and precipitation over the

tropical Pacific. This model is also used to investigate the

physical mechanisms of atmospheric response to symmetric and

antisymmetric SST forcing. In Chapter 3, a modified reduced

gravity upper ocean model is described. This model is used to

investigate the physical mechanisms of the annual variations

of SST in the tropical Pacific. Two processes in terms of the

wind-induced dynamic process and heat flux forcing are

investigated. The effects of remote and local anomalous winds

on the equatorial eastern Pacific SST and the influence of

annual variations of cloudiness on the SST change are also

examined.
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CHAPTER TWO

A SIMPLE TROPICAL ATMOSPHERE MODEL

OF CLIMATOLOGY AND VARIABILITY OF

SURFACE WINDS AND PRECIPITATION

2.1 Introduction

A large number of simple or intermediate models in the

past decade have been developed to study climatology and

variability in the tropical atmosphere and ocean. The

fundamental physics involved in these models are large-scale

air-sea interactions. For the meteorological component, a key

element is to predict as accurately as possible surface winds

and precipitation/cloudiness for a given SST forcing.

Gill's single-vertical mode model has been a basic

dynamic framework for most of simple or intermediate

atmosphere models. Following linear wave solutions of the

tropical atmospheric motion (Matsuno 1966), Gill (1980)

presented a simple first-baroclinic-mode model in which the

wind and pressure fields in the upper troposphere have

opposite signs with those in the lower troposphere and maximum

vertical motion and atmospheric heating appear in the middle

troposphere. This model was originally built for studying the

response of tropical Walker and Hadley circulations to imposed

atmospheric heating (Gill 1982). Later it was used to study

interannual variability (e.g., Zebiak 1982, Zebiak and Cane,

1987) and the annual cycle (Seager 1991, Wang and Li 1993) as

5



well as intraseasonal oscillation (Wang 1988). This model is

referred to as the Gill-type model (or simply the Gill model,

hereafter) •

The improvement of the thermodynamics of t-lle Gill model

has been attempted through different physical considerations.

Zebiak (1982) assumed evaporational heating proportional to

SST and its anomaly, and later (1986) included circulation

dependent moisture convergence feedback. Davey and Gill (1987)

introduced a Newtonian cooling process as thermal forcing

through which the atmosphere tends toward an equilibrium state

controlled by SST. Seager (1991) considered the importance of

buoyancy in representation of convective heating through

convective instability, following the argument that the

tropical atmosphere is not always conditionally unstable

(Betts 1982, Emanuel 1986). Wang and Li (1993) (WL hereafter)

proposed a nonlinear SST-dependent atmospheric heating scheme

in which the atmospheric heating essentially incorporates all

three thermodynamic processes described in the aforementioned

models.

The essential premise of the Gill model is that tropical

low-level flow is driven by diabatic heating. On the other

hand, Lindzen and Nigam (1987) proposed a different mechanism

in which boundary-layer flows are driven directly by SST

gradients through momentum forcing. Both the Gill-type and

Lindzen-Nigam models have a similar mathematical formulation

and one can be derived from the another (Neelin 1989). In all
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~imple models, unrealistically large values of Rayleigh

friction ~nd Newtonian cooling are requi~ed to produce

reasonable magnitudes of the tropical wind and convergence.

When other physical processes are added to the ~r.L model,

the simulated surface or low-level winds do not show

significant improvement. The motivation of the present study

comes from a natural question, namely "What is the key

quantity for a simple model to simulate realistic surface (or

low-level) winds?". According to the surface momentum balance

equation, surface winds are only driven by the surface

pressure gradient. Therefore, the key element for simulating

a realistic wind field is to predict an accurate enough sea

level pressure field.

Observations show a high correlation between

climatological monthly mean SST and sea-level pressure (SLP).

Inspection of the tropical marine climatic atlas by Sadler et

ale (1987) discloses an obvious linkage between SLP and SST

(Figure 1a and 1b). In the western Pacific the highest SST is

located at 100S in January and moves to 15~ in July. The

surface pressure shows a similar shift with minimum pressure

at 100S (northwest of Australia) in January and 10-20~

(northwestern Pacific) in JUly. The SST cold tongues in the

eastern North and South Pacific are located east of the

subtropical high systems in the Northern and Southern

Hemispheres, respectively. The trade wind trough is strongest

in JUly along 10~ and weakest in January along 5~d, closely
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~ollowing the annual shift of the warm water zone as indicated

by the 27.SoC SST contour along 8-10~ in July and a contour

line of 26.5°C along 5-8~ in January. The similarity between

climatological monthly mean SLP and SST reminds us: Can we

establish a direct relationship between the two quantities?

Another issue is to what extent linear dynamics in the

Gill model is reasonable for the surface momentum balance. In

other words, can we use the linear three-force balance model

to simulate a realistic surface wind field by giving an

observed sea-level pressure field? Linear dynamics of the Gill

model provides the three-force balance among pressure gradient

force, Coriolis force and Rayleigh friction. What is the

function of nonlinear advection terms? Is nonlinearity of

transient-eddy effects important for the time-mean surface

momentum balance? How do we adequately parameterize these

transient effects if they are important? All these questions

are related to the linear dynamics of the Gill model and must

be addressed.

The purpose of the present study is to analyze detailed

dynamic and thermodynamic balances using observed

climatological monthly mean data and to develop a simple

atmosphere model to simulate key parameters for the coupled

ocean-atmosphere system. The model can be used to study

tropical atmosphere variabilities ranging from time scale of

months to years. In section 2.2, the dynamic and thermodynamic

problems of a simple atmospheric model are diagnosed by using
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qbserved climatological monthly mean data. Based on the

aforementioned observation, a simple tropical atmosphere model

is proposed and described in section 2.3. The ability of the

model to simulate the annual cycle in the tropical Pacific

atmosphere is shown in section 2.4 for given sea surface

temperature forcing. In section 2.5, the response of the

tropical Pacific atmosphere to symmetric and antisymmetric SST

forcing is investigated.

2.2 Diagnosis of problems in simple atmospheric models

In this section, the dynamic and thermodynamic problems

of simple atmospheric models are analyzed using climatological

monthly mean SST, SLP, and surface wind fields derived from

Comprehensive Ocean-Atmosphere Data Set (COADS) (1900-1979) by

Sadler et ale (1987). The data were on 2°x2° grid.

Climatological monthly mean 850 mb winds are derived from 7

year-mean ECMWF analyzed data (1979-1985) with the resolution

of 5°x5°.

2.2.1 Dynamics problems

The horizontal low-level (or surface layer) momentum

bUdget in the Gill-type model requires a balance among

pressure gradient force, Coriolis force and Rayleigh friction.

The three-force balance forms the basis of the linear dynamics

in the Gill model. The nonlinearity is shown to be unimportant

based on a diagnosis of a time-mean surface momentum or

9



yorticity equation using observed wind data (Lander 1987,

Murphree and van den Doul 1988, Zebiak 1990). It has been

suggested by many authors (e.g., Seager 1991) that the

difficulty in modeling tropical flows with simple models lies

in the treatment of diabatic heating and not in the linear

dynamics.

The simplest way to judge the relative importance of

different terms in the surface momentum budget is to diagnose

these terms based on observation. Consider a general form of

nonlinear time-mean momentum equations in a well-mixed surface

layer:

Ri = Pi + Ci + Ai

Rz = Pz + Cz + Az

(2.2.1a)

(2.2.1b)

where P stands for the pressure gradient force, C the Coriolis

force, A the inertial force or nonlinear mean advection

effect, and R the residual term which consists of frictional

and time-mean transient effects. The sUbscripts 1 and 2

represent zonal and meridional direction, respectively.

Figure 2 shows the horizontal distribution of the four

terms computed using observed climatological annual mean sea

level pressure and wind fields. There are several important

features:

(1) The pressure gradient force and Coriolis force have

opposite signs and comparable magnitudes except near the
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equatioz' within 3-5 0 latitude. Both fields have a dominant

meridional component.

(2) The inertial force (or nonlinear mean momentum

advection) can be neglected compared to the pressure gradient

force and coriolis force.

(3) The residual force which consists of frictional and

nonlinear transient effects has a comparable magnitude with

the pressure gradient and Coriolis forces. The direction of

the residual force is generally in agreement with the observed

surface wind field, particularly in trade wind regions. This

agreement suggests that the combined frictional and transient

effects may be parameterized by, to the first approximation,

a form of Rayleigh friction.

Further investigation indicates that there are some

particular areas where zonal/meridional wind has opposite

signs from residual force Rd~, as shown in Figures 3a/3b.

These particular areas define an important dynamical region in

the tropical boundary layer where the traditional three-force

balance in the atmospheric boundary layer breaks down. In

these regions, the nonlinearity of transient effect plays an

important role in maintaining the momentum balance. For zonal

momentum balance, the particular dynamical region is mainly in

the north eastern Pacific summer monsoon region and the

equatorial western Pacific. The prominent feature of onset of

the north eastern Pacific summer monsoon is the establishment

of westerly flow south of monsoon trough (Murakami at al.
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1992). The development of warm SST and strong convection

enhances transient activity which further affects mean flow.

Therefore, the absence of transient effects, as assumed in the

linear dynamics of the Gill model, could result in failure to

simulate monsoon westerlies. The transient effects in these

particular regions, shown in Figure 3a, can be thought as a

momentum source. For meridional momentum balance, the

particular dynamical region is in the south Pacific

convergence zone (SPCZ) and extra-tropical region. It follows

that in these particular regions, the linear dynamics in the

Gill-type model fails to produce tropical low-level (surface)

flows.

The linear dynamics in a simple Gill model can read

E1U -{3yv=-oep/ ox
Ezv+{3yu=-oep/ oy

(2.2.2a)

(2.2.2b)

where u,v and,ep represent low-level (or 1000 mb) zonal and

meridional wind components and geopotential height. The

Rayleigh friction coefficients E1 and Ez are usually assumed to

be the same and constant. In reality, the two friction

coefficients could be different and change with space and

time. For example, the friction coefficient might be larger

over land than that over the ocean. Since the model dynamics

does not include other physical processes such as transient

effects, the friction coefficients could have large
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variations. Figure 4 shows the horizontal distribution of

friction coefficients E1 and Ez calculated by using observed

annual mean SLP and surface winds through Equations (2.2.2ab).

The sea-level pressure field has been transferred to the

geopotential height at 1000 mb according to hydrostatic

relationship. To avoid negative and extremely large positive

values, the regions where the calculated friction

coefficients, E1 and Ez, are greater than 3x10·5 S·l or smaller

than 3x10-6 S·l were blanked out and interpolation was used to

obtain modified values. The corresponding damping time scales

for the maximum and minimum values of the friction

coefficients (i.e., 3"10.5 S·l and 3"10-6 s') are approximately

3 days and 8 hours, respectively. The friction coefficients in

the regions where u and v are less than 0.5 m/s are also

interpolated.

One important feature found in Figure 4 is that the zonal

friction coefficient E1 (Figure 4a) is much smaller than the

meridional friction coefficient Ez (Figure 4b), particularly

in the equatorial region where E1 is up to 3-5 times smaller

than Ez. It is physically reasonable since larger (smaller)

zonal (meridional) wind is forced by smaller (larger) zonal

(meridional) pressure gradient in the equator. The friction

coefficients generally tend to increase with latitude and have

larger values over land than over the ocean.

It is noted from Figure 4 that the meridional variations

of both E1 and Ez are much larger than the corresponding zonal
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yariations. Figures 5a and 5b illustrate the zonally-averaged

friction coefficients E1 and ~. Climatological monthly mean

5LP and surface wind are used in these calculations. The 12

month-mean E1 and ~ is shown in Figures 5c and 5d. It is noted

that both zonal and meridional friction coefficients show

systematic change with latitude for all 12 months. Therefore,

the zonally-averaged annual mean friction coefficients can be

used as a time-independent quantity in the simulation of

annual cycle of surface winds. Generally, the zonal friction

coefficient is smallest at the equator and increases with

latitude. The meridional friction coefficient is also smallest

in the equator but shows a maximum value around 20 0N or 20°5.

Both zonal and meridional friction coefficients are

approximately SYmmetric with respect to the equator. Near the

equator between 10 °5 and 10 ON the annual mean zonally-averaged

Ez is 2-2.5 times as large as Ep This result agrees with

Deser's (1993) recent study.

The use of the direction- and latitude- dependent

Rayleigh friction coefficients is critical in improving the

model behavior in simulating low-level (or surface)

cirCUlations in the Gill model. Figure 6 shows the difference

between simulated and observed winds using the direction- and

latitude- dependent annual-mean friction coefficients as

illustrated in Figures 5c and 5d. Climatological annual mean

sea-level pressure is used in this calculation. The friction

over land is set 5 times as large as over the ocean. A nine-
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point smoothing method (Liao and Wang 1986) is applied in the

calculation of the surface wind field, namely, ~iJ = (1-S2 )

f ij + 0.5 s(1-s) (fi+1j + fi-lj + fij-I + fij+1) + 0.25 S2 (fi+1J+1 + f i-1j-l

+ fi-lj+l + f i+1j-l)' where the smoothing coefficient, s, is set to

be 0.5. It is found that the difference between simulation and

observation is, in most region, less than 1 mts in both zonal

and meridional components. Thus, the magnitude and location of

both zonal and meridional winds are well simulated. For

instance, the simulated trade winds and equatorial easterly

flows are both close to the observed. The convergence along

ITCZ is well reproduced.

As a comparison with the direction- and latitude

dependent friction coefficients, the simulation with a

constant zonal and meridional friction coefficient (El=Ez=10~

S-I) is performed. This constant friction coefficient

corresponds to a damping time scale of 1 day and is used by

many authors (e.g., Zebiak 1982, Davey and Gill 1987). The

same smoothing as in the previous calculation is used. The

difference between simulated and observed winds is shown in

Figure 7. It is found that the simulated trade wind between

10 0N to 20 0N is too strong and too zonal. The equatorial

easterly within 10°8 and 10 0 N is relatively weak with a

maximum error of 1-2 mts in the eastern equatorial Pacific.

The largest errors in the zonal component (greater than 3 mts)

occur along the coast of Mexico and Central America. The most

serious problem is the simulation of meridional wind component
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in the equatorial eastern Pacific where the error is up to 7

m/s. The large error in meridional wind directly affects

convergence field near the ITCZ. Further sensitivity tests

indicate that decreasing friction coefficient can increase

equatorial easterly, but the trade wind becomes more zonal and

the cross-equatorial meridional wind becomes unrealistically

large. As a result, the corresponding convergence field in the..
equatorial region becomes worse. with an increased friction

coefficient, the simulated trade winds are close to the

observed, but the equatorial easterly becomes too weak. It is

concluded that the direction- and latitude-dependent Rayleigh

friction coefficients are important in simulating surface (or

low-level) winds in a simple Gill-type model.

2.2.2 Thermodynamics problems

Wang and Li (1993) proposed a two and one-half layer

tropical atmosphere model (the WL model) to stUdy the response

of atmospheric circulations to SST forcing. The nondimensional

thermodynamic equation in the WL model can be written as:

(2.2.3)

A1 A2 A3 A4

where ¢ represents lower-troposphere geopotential height (or

thickness between upper and lower troposphere), ~~ represents

an equilibrium state of the geopotential height which is
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assumed to be a function of SST, V and VB represent,

respectively, the lower-troposphere and boundary-layer winds.

The nondimensional parameters I and B represent the heating

intensities in the free atmosphere and boundary layer, which

are related to SST. The evaporation coefficient F is a

constant which depends on the drag coefficient and boundary

layer depth. The Newtonian cooling coefficient, N, represents

an inverse of the time scale during which the geopotential

height relaxes to its equilibrium state. The parameter d is a

nondimensional boundary-layer depth. The nonlinear-heating

switch-on coefficient, 0, is important for taking into account

the SST effect on convective instability. It linearly increase

from 0 to 1 when SST changes from 25.5°C to 28.5°C. It is

equal to zero when SST is below 25.5°C and remains one when

SST is larger than 28.5°C. The detailed derivation can be

found in Wang and Li (1993).

Term A1 in Equation (2.2.3) stands for the Newtonian

cooling process, term A2 the effect of adiabatic and diabatic

processes associated with lower-troposphere convergence, term

A3 the effect of adiabatic and diabatic processes associated

with boundary-layer convergence, and term A4 the evaporational

effect. The thermodynamic Equation (2.2.3) can be transferred

to that of Davey and Gill (1987) if the boundary-layer process

and evaporation (i. e., term A3 and A4) are dropped. It becomes

that of Zebiak (1982, 1986) when the boundary-layer term (A3)
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and the equilibrium geopotential height (~~) in term A1 are

not included.

Thermodynamic equation (2.2.3) is diagnosed using

observed annual mean SST and surface and 850 mb winds. Figure

8a shows the diagnosed annual mean lower-troposphere

geopotential height field based on the model thermodynamic

equation. For comparison with the diagnosed field, Figure 8b

illustrates annual mean 850 mb geopotential height field

calculated from observed annual mean sea-level pressure with

an approximated boundary-layer temperature profile proposed by

Lindzen and Nigam (1987). The result in Figure 8b is regarded

as observation. The diagnosed sUbtropical highs in both

hemispheres are severely underestimated. The low-pressure

system in the western Pacific is, on the other hand,

overestimated. Generally, the model-diagnosed geopotential

height is too close to the SST field. There is an obvious

east-west phase difference between the diagnosed and observed

sUbtropical highs. For instance, the center of the observed

sUbtropical high in the southern hemisphere is located at

100 0 W whereas the diagnosed center is east of 90 0 W. In the

northern hemisphere, the observed subtropical high center is

located at 140 oW but the simulated is at 110 oW. It is

difficult to use such a diagnosed geopotential height field to

simulate realistic trade winds.

The discrepancies arise partially from the model

assumptions in parameterization of Newtonian cooling. In term
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Al of Equation (2.2.3), the equilibrium geopotential height

is, according to hydrostatic relationship, related to mid

troposphere equilibrium temperature perturbation which is

further assumed to have the same horizontal distribution as

the SST perturbation with a reduced amplitude (Davey and Gill

1987, Wang and Li 1993). In reality, the relationship between

the mid-troposphere and surface temperature perturbations must

be complicated and change with time and space. Consider a

general formula between the mid-troposphere temperature

perturbation, T~I, and the SST anomaly, T.I, namely

(2.2.4)

where ~Iis the perturbation lapse rate, PF1000 mb, and P2=475

rob when the top of the boundary layer is at 850 rob. The

perturbation lapse rate is generally not constant in space and

time. For instance, the lapse rate in the deep convection

regions where the temperature profile reaches a saturated

adiabatic lapse rate should be much different from that in the

sUbtropical high or strong inversion regions. The phase shift

between observed SST and SLP fields in the north and south

eastern Pacific (Fig. 1) also suggests a geographically

dependent vertical temperature profile.

The perturbation lapse rates (as shown in Figure 9) are

diagnosed from Equation (2.2.3) by applying the hydrostatic

relationship between ¢~ and Tcq I and Equation (2.2.4). The
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maximum positive perturbation lapse rates occur in the north

western Pacific, the south Pacific convergence zone (SPCZ),

and the north eastern Pacific. The negative perturbation lapse

rates appear in Australia and North America, subtropical

regions, and the coast of the South America. The amplitude of

the perturbation lapse rate is around 1 ()'lO-s °C/Pa

(approximately l°C/km). The positive perturbation lapse rate

implies a larger temperature decrease with height and a colder

temperature in mid troposphere or a higher pressure at sea

surface. The east-west contrast between the positive and

negative perturbation lapse rates in the north and south

eastern Pacific cold tongue regions is critical for the phase

shift between the lowest SST and the highest SLP.

The annual cycle of the computed perturbation lapse rate

is illustrated in Figure 10. In the north eastern Pacific

around SON, the lapse rates are negative in January with an

amplitude of -4~0~ °C/Pa. They become positive in JUly with

an amplitude of 8-1fr10~ °C/Pa. In the north western Pacific,

the maximum positive perturbation lapse rate is at lOON in

January and moves to 20 0N in July. In the southern hemisphere,

the maximum positive perturbation lapse rate approaches 110 0W

in January and retreats to 160 0W in April and 160 0E in July.

The maximum negative perturbation lapse rate occurs in

Australia in October and in the North America in April.

Overall, the diagnosed perturbation lapse rate shows a

complicated annual variation. without proper description of
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annual variation of the perturbation lapse rate, it is

difficult to simulate the realistic strength, location, and

time variations of the sUbtropical highs in the WL model.

2.3 The model

Consider a hydrostatic equilibrium troposphere with a

vertically averaged lapse rate 1, i.e., T(Z)=T. -1z, where T.

is surface air temperature which, for simplicity, is assumed

to be equal to sea surface temperature, T. (an experiment with

T.=T.-1 shows that the simplification does not affect model

results). The top of the troposphere is assumed undisturbed

with constant pressure (Pu) and height H. This assumption is

approximately valid for the tropical troposphere between 20~

and 20°8. For a hydrostatic equilibrium atmosphere,

(Jp/(Jz=-gp/RT (2.3.1)

where p, g, and R represent the pressure, gravity, and gas

constant for dry air. Integrating (2.3.1) vertically from

surface z=o to the tropopause z=Zu yields

In (P./Pu)= (g/R1) In[T./ (T.-1Zu)] (2.3.2)

where P, stands for 8LP. For a constant mean lapse rate

(GoC/kIn) and a tropopause at 100 W, the _height of the

tropopause is 16.8 km as determined by (2.3.2) if domain-
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averaged (1200E-80OW, 30oS-30'W) climatological annual mean SST

and SLP are used as reference temperature and pressure. The

calculated tropopause height is close to the observed value in

the tropics.

Generally speaking, the lapse rate ~ changes with time

and space. By applying climatological monthly mean SST and SLP

data in Equation (2.3.2), we can compute mean geographic

distribution of the vertically averaged lapse rate for January

through December. Figure 11 shows the model diagnosed ~ field.

Note that the lapse rates shown in Figure 11 display a

reasonable range of variation from 6.4°C/km to 5.4°C/km.

To compare the diagnosed lapse rate with observation, a

so called observed lapse rate was calculated using ECMWF's

analyzed 200mb and 850mb geopotential height climatology (Li

and Wang 1992). Both lapse rates show similar amplitudes and

spatial and temporal variations. The largest difference lies

in subtropical regions (north or south of 20 0N or 20 0S).

Figure 11 shows that large lapse rates occur in high SST

regions. The annual variation of the lapse rate exhibits a

systematic meridional migration in the western Pacific and

westward propagation in the equatorial eastern Pacific. The

annual variation of the lapse rate appears to be in harmony

with that of SST field. In fact, there is high correlation

between SST and the diagnosed lapse rate. The linear

correlation coefficient which is calculated for the entire

tropical Pacific domain (1200E-80'W and 300S-30~) and for all
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12 months (sample size: 30132), is 0.99. The linear regression

equation for the lapse rate can be expressed as

~~(OC/km) = 10~[0.106719T.(OC)+3.26009] (2.3.3)

Using this empirical formula, an estimate of lapse rate

can be made from SST. The results indicate that the estimated

lapse rate captures the most important features of spatial and

temporal variabilities of the vertically averaged lapse rate

field. The difference between the estimated (from empirical

relationship (2.3.3» and diagnosed (based on observation)

lapse rates is quite small. The maximum error is smaller than

0.05°C/km. More importantly, inspection of the difference for

all 12 months (not shown) reveals that there is a systematic

bias between the estimated and diagnosed fields. The 12-month

averaged bias (estimated minus diagnosed lapse rate) is shown

in Figure 12. There are two negative centers in the

sUbtropical high regions of the respective hemisphere,

indicating that a larger-than-estimated lapse rate in these

regions is needed. This implies that in the sUbtropical high

regions the estimated mean tropospheric temperature is

systematically higher than the observed and the estimated SLP

is systematically lower than the observed. Two areas of major

positive bias are found in the SST cold tongue regions along

the coast of South ~~erica and Mexico. Over those regions the

model tends to underestimate the mean tropospheric
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temperature. It is worth noting that the annual variation of

the bias is negligible. Therefore, the bias is nearly season

independent and is primarily a function of geographic

location. This bias must be due to processes, such as

transient effects, which are not described by the model. It

follows that the time-independent bias can be included for a

steady state climate model by

"I = "IRgreaaion + 'Ybiu (2.3.4)

The premise involved here is that the lapse rate is determined

by SST and other unresolved free atmospheric processes,

especially the transient and radiational effects. The latter

is related to the nature of mean climate systems.

Substitution of (2.3.3) and (2.3.4) into (2.3.2) results

in a single equation to predict SLP, given a SST field and the

time-independent bias which is empirically determined from

climatological data (Figure 12). Once sea-level pressure is

known, surface winds can be computed using the surface

momentum balance equations (2.2.1ab) and the direction- and

latitude-dependent Rayleigh friction coefficients. The

precipitation rate, Pr , is determined from a moisture budget

by taking into account the effects of SST on convective

instability, following the WL model:

Pr=8A{-Pa~zV·{CIaVB) + PeeD/VB/ (qe-~)}
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where CL is sea surface specific humidity which is function of

SST and SLP according to the Clausius-Clapeyron equation, CD

is drag coefficient (O.0015), VB represents surface wind, p.

is surface air density (1.2 kg/m3
) , A is a fraction (O.75)

which represents the precipitation efficiency, following Kuo

(1974), 0 is a SST-dependent nonlinear heating switch-on

coefficient, as proposed by Wang and Li (1993), and ~z is the

depth of boundary layer (1500 m). Here we have assumed that

moisture convergence takes place only in the well-mixed

boundary layer. Surface air specific humidity (q.) can be

empirically decided since there is a high correlation between

climatological monthly mean SST and q.. The correlation

between the SST and q. for all 12 months within model domain

exceeds 0.99. The data of surface air specific humidity are

derived by Esbensen and Kushnir (1981) with a resolution of 5

degrees longitude by 4 degrees latitude. The linear regression

equation between SST and q. can be written as

(2.3.6)

2.4 Simulation of the annual cycle of the tropical Pacific

atmosphere

Annual variation of tropical Pacific SLP, surface winds,

and precipitation are simulated using the present model forced

by climatological monthly mean SST. The domain of the forcing

spans 1200E to 800W and 300S to 30~ with a resolution of 2
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degrees longitude by 2 degrees latitude. The same smoothing

method as in section 2.2.1 is applied in the calculation of

surface wind fields. Figure 13 presents simulated monthly mean

SLP fields. The simulations can be compared with the observed

fields, as shown in Figure 1a. It is obvious that the simple

model is able to reproduce most fundamental features of the

annual cycle of SLP. For instance, the position and intensity

of the subtropical highs in both hemispheres are well

simulated. The low-pressure system in the western Pacific

shows clear meridional migration with maximum intensity

occurring in the summer hemisphere. The trade wind trough

shows a seasonal shift with maximum intensity along 5~ in

January and up to 10~ in July. The pressure difference

between the simulated and observed fields is within 1-2 rob in

most regions.

Figures 14a and 14b show simulated and observed surface

wind fields. The trade winds in both hemispheres are well

simulated. In the western Pacific, there is an obvious annual

variation of monsoon circulation with reversed cross

equatorial flow from winter to summer hemispheres. In the

eastern Pacific, the cross-equatorial southerly component

reaches a maximum in July and October when the ITCZ or eastern

North Pacific monsoon trough reaches its northernmost

position. The southwesterly flow is also found north of the

equator during the eastern North Pacific summ~r monsoon. The

trade wind convergence zone (the ITCZ in the central Pacific)
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is found close to the equator in April and at its northernmost

location in October. The South Pacific convergence zone (SPCZ)

is strongest in January but nearly disappears in July because

the northerly component occurs in 5-100S around 180-160OW in

January but not in JUly.

The annual cycle of precipitation pattern shows

consistent features with surface wind and pressure variation.

Figure 15a illustrates the mean precipitation rate in January,

April, July, and October. As an indirect comparison, observed

climatological monthly Highly Reflective Cloud (HRC) data

derived by Garcia (1985) are displayed for corresponding

months (Figure 15b) • According to Wang (1992a), a monthly mean

value of HRC of 3 days/month corresponds approximately to a

rainfall rate of 7 mm/day. The precipitation along SPCZ shows

the strongest phase in January with the contour of 3 mm/day

extending eastward to 1400W and the weakest phase in JUly with

the same contour retreating back to 160OW. In the western

Pacific, the precipitation center moves toward the northern

hemisphere during northern spring. The maximum precipitation

in the western Pacific reaches 15 mm/day, which is a

reasonable magnitude compared with the climatological

precipitation rate there (e.g., Taylor 1973). In the eastern

Pacific, maximum precipitation is consistent with the

development of the eastern North Pacific monsoon circulation.

The simulated precipitation rate along the ITCZ in the central

Pacific shows a maximum in October and a minimum in January,
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which is also in agreement with observations (Wang 1992a). The

major discrepancy of the simulated precipitation field lies in

its strength in the SPCZ region during the northern winter

where the observed Highly Reflective Cloud shows the maximum

value. Because SPCZ is a deep convergence zone in the lower

troposphere, whereas the model precipitation only takes

boundary layer moisture convergence into account, this

discrepancy is expected. It may be improved by assuming a

space-varying depth of boundary layer.

2 .5 The response of tropical atmosphere to symmetric and

antisYmmetric SST forcing

The annual variation of Pacific SST is alternatively

dominated by a quasi-symmetric equatorial mode with the

maximum amplitude in late spring/fall and an antisymmetric

monsoonal mode with the maximum amplitude in late

summer/winter (Wang 1992b). The former is a consequence of

coupled air-sea interaction and the latter reflects a response

to global solar radiation forcing. In this section, I

investigate how the atmosphere responds to the symmetric and

antisYmmetric SST modes.

Following Wang (1992b), climatological monthly anomalous

SST is divided into a symmetric and an antisymmetric mode in

reference to the equator. The atmospheric response to annual

mean SST is first obtained by forcing the model towards an

equilibrium state. This solution is referred to as an annual
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mean solution. Then the atmospheric response to the sum of the

annual mean SST and a symmetric (or antisymmetric) mode is

obtained. The solution is referred to as the total solution.

Finally, the response of atmosphere to the symmetric (or

antisymmetric) SST forcing is obtained by sUbtracting the

total solution from the annual mean solution.

Figure 16 shows that the sYmmetric SST mode exhibits a

systematic westward phase propagation along the equator. In

January, there is a weak positive SST anomaly occurring in the

equatorial eastern Pacific near the coast of South America. It

then intensifies and propagates westward. By March, the

maximum anomaly moves to 100 0W with an amplitude of 2.6°C, and

the front of the positive anomaly approaches 150 0W. In

addition to the westward propagation, the SST anomaly also

expends poleward. In May, the maximum anomaly occurs at 5-10°

latitude•. When the positive SST anomaly continues to move

westward, a cold SST center occurs in the equatorial eastern

Pacific in July (an approximately opposite image to January) .

The anomalous cold SST evolves in a similar way as that of the

anomalous warm SST.

The atmospheric response to the symmetric SST forcing is

illustrated in Figure 17. The atmospheric zonal wind

component, precipitation and sea-level pressure all show,

along the equator, a westward propagation similar to that in

SST. For example, the maximum anomalous precipitation occurs

in March around 100 0W with a magnitude of 10 mm/day and
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propagates to 140 0W in April (7.0 mm/day) and 170 0W in June

(9.4 mm/day). The meridional wind component, however, does not

show any significant westward phase propagation, which is

consistent with observations. The maximum anomalous SLP is at

100 0W with a magnitude of 2.5 mb , The magnitude of the

westerly wind anomaly is about 3.7 m/s and the amplitude for

the meridional anomaly is about 1 mIse There is a phase

difference between the zonal wind and SST along the equator.

The westerly lies west of the maximum anomalous warm SST. The

maximum precipitation occurs in March at 100 0W and moves to

170 0W in June and 140 0E in August. The sea-level pressure

shows a semi-annual variation in the western Pacific and an

annual oscillation in the eastern-central Pacific.

Inspection of the antisymmetric SST mode (not shown)

indicates that there are dominant meridional variations

throughout the year. The amplitude of the zonal-average

antisymmetric SST mode (Figure 18) is about 3°e far away from

the equator (at 30 0N and 30 0S). The maximum warming of the

antisymmetric mode occurs in February in the southern

hemisphere and shifts to the northern hemisphere in August in

response to the solar radiation forcing.

Figure 19 shows the atmospheric response to the

antisymmetric SST forcing. The maximum precipitation occurs at

5-10 0S or N, along the climatological convergence zones: the

intertropical convergence zone and south Paci~ic convergence

zone. The maximum precipitation rate is about 4.2 mm/day in
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~eptember along the ITCZ and 1.5 mm/day in April along the

SPCZ. Compared with the structure and evolution of the

antisymmetric SST mode, the sea-level pressure field shows

similar characteristics, with the maximum low pressure center

at 30 0S in the northern winter (February) and at 30 0N in the

northern summer (August). The surface winds exhibit a

monsoonal pattern, with the westerly anomaly occurring in the

summer hemisphere and the cross-equatorial flow from the

winter hemisphere. The maximum zonal wind component occurs in

February and August-september with a magnitude of 1. 7 m/s. The

maximum meridional wind component occurs in March and

September in the equator with an amplitude of 2.8 m/s. These

results generally agree with the observed antisymmetric mode

in OLR, SLP and surface wind fields (Figure 18).
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CHAPTER THREE

ON THE ANNUAL CYCLE OF THE TROPICAL PACIFIC

SEA SURFACE TEMPERATURE

3.1 Introduction

Studies in the tropical atmosphere-ocean interaction have

indicated that the primary direct influence of the ocean on

the atmosphere is through sea surface temperature (Zebiak and

Cane, Schopf and Suarez 1988, Philander 1990). Atmospheric

influence on the sea surface temperature, on the other hand,

is rather complicated. This is because both dynamic (e.g.,

surface wind stress) and thermodynamic (e.g., surface heat

fluxes) processes contribute to the SST change. Although the

surface wind stress is a major cause of the positive feedback

through coupled instability during the EI Nino/Southern

Oscillation (Philander et al. 1984), quantities such as air

surface temperature and humidity as well as cloudiness, which

all affect net surface heat flUX, are also important in the

annual cycle of the sea surface temperature in the tropical

Pacific.

Annual variation of sea surface temperature shows the

clear signals of westward propagation along the equator and

northward propagation along the eastern Pacific (Figures 20a

and 20b). It is found from Figure 20a that the maximum

positive SST anomaly (with a magnitude of 2~8°C) occurs in

March around 100 0 W • The positive SST anomaly then propagates
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westward from the eastern Pacific to the date line in June.

While the positive anomaly continues to propagate westward, a

negative SST anomaly occurs in the equatorial eastern Pacific.

It also propagates westward. It is noted that a semi-annual

SST variation appears in the equatorial western Pacific while

an annual variation of the SST occurs in the eastern-central

Pacific. In the time-latitude profile of the SST anomaly along

100-110 0W (Figure 20b) , there is prominent northward

propagation. A positive SST anomaly occurs at 30 0S in February

and moves northward to the equator in April. Similar to the

time evolution of the positive SST anomaly, a negative SST

anomaly appears at 30 0S in August and at the equator in

October.

A key question related to the observed phenomena is what

physical processes are responsible for the westward

propagation of the SST anomaly along the equator and for the

northward propagation of the SST anomaly in the eastern

Pacific. This forms the first motivation of the present study.

Physically, there are two essential types of processes

which can change the sea surface temperature. One is the

thermal forcing through which ocean surface gets heat from the

solar radiation, emits longwave radiation, and loses the

latent and sensible heat to atmosphere. Another is the wind

induced dynamical process which includes turbulent mixing and

horizontal temperature advection by oceanic currents. So far,
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it is not clear which process plays a key role in determining

the annual variation of the Pacific SST.

The annual variation of equatorial western Pacific

surface wind may have remote influences on the equatorial

eastern Pacific SST through oceanic wave dynamics (Lukas 1981,

Wang 1992b). Equatorial oceanic waves such as Kelvin and

Rossby waves may carry information away from the local wind

forcing region and cause remote response. It was observed from

the eastward transport and sea level signal that there is

eastward propagation with a phase speed of 2-3 m/s due to a

strong April 1980 westerly burst in the western Pacific (Knox

and Halpern 1982). Lukas et al. (1984) analyzed the phase

speed of sea level records from a number of island stations

during the onset of the 1982-83 ENSO and found that the

propagation modes are the first and second vertical-mode

Kelvin waves. It is observed from climatological surface wind

data that both total and anomalous zonal winds in the

equatorial western Pacific are westerlies during the northern

winter (Sadler et al. 1987), and two month later, a warm SST

anomaly occurs in the equatorial eastern Pacific around 85°W

(Wang 1992b). Are the two phenomena related? This forms the

second motivation for the present study.

Climatological annual mean cloudiness derived from

Esbensen and Kushnir (1981) shows distinct spatial

distribution in comparison with climatological annual mean

highly reflective cloud data (Garcia 1985). Figure 21 shows
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the two fields. Note that the maximum HRC along the ITCZ and

SPCZ is one order of magnitude larger than that in the eastern

Pacific sUbtropical high region. The pattern of HRC coincides

well with observed annual precipitation field derived by

Taylor (1973) (Figure omitted). The ratio between the eastern

and western Pacific in the annual mean cloudiness field, on

the other hand, is quite large (about 2/3). For instance, the

annual mean cloud cover is about 0 •4-0.5 in the eastern

Pacific and about 0.7-0.8 in the equatorial western Pacific.

The difference is because there are a number of low stratus

(non-convection) clouds in the eastern Pacific and sUbtropical

high regions due to strong inversion and due to cold SST.

The indication is that there is difficulty in

parameterizing annual mean cloudiness using either observed or

model-output precipitation. However, inspection of monthly

mean cloudiness and precipitation anomalies indicates that

there is some similarity in the two fields. Figure 22

illustrates January and July cloudiness anomaly fields. The

positive anomaly is found along the SPCZ and the north

Australia monsoon region in January while negative anomaly is

found in July. In the north eastern Pacific, the positive

anomaly of monthly mean cloud cover occurs in July and the

negative anomaly is in January. The features are consistent

with the seasonal variations of simulated anomalous

precipitation fields (see Figure 15a).
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The amplitude of annual variation of the cloudiness is

quite small compared with its annual mean value. For example,

the maximum mean cloud cover in the equatorial western Pacific

(around 150 0E) is about 0.78 whereas the anomaly is only about

0.1. In the subtropical high region, the annual mean value of

cloudiness is 0.4-0.5 while the anomaly is about 0.05. Does

such a small variation of cloudiness affect the change in SST?

This question forms the third motivation.

The purpose of this study is to numerically investigate

the physical mechanisms which affect the SST in the tropical

Pacific Ocean. In section 3.2, a reduced-gravity ocean model

is described. To identify the relative importance of the

dynamic and thermodynamic processes in the SST change, four

experiments are designed in section 3.3 in terms of annual

mean and annual cycle of surface wind and heat flux forcing.

In section 3.4, I investigate the influences of remote and

local wind forcing and effects of oceanic waves on the SST

variations. Results from two experiments are analyzed in

section 3.5 to examine the effects of annual variations of

cloudiness on the SST change.

3.2 The model description

The ocean model used in this study is an extension of the

conventional 1.5 layer reduced gravity system, following that

of Cane (1979), Zebiak and Cane (1987), and Seager et ale

(1988). It describes the linear dynamics of an homogeneous
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~pper layer with a varying thermocline that overlies a

motionless abyssal layer with a constant temperature. A

constant buoyancy is assumed in the upper ocean (b=5.6 cm/s2)

which corresponds to a Kelvin wave speed of 290 cm/s for a

mean thermocline depth of 150 m. The equations for mean upper

ocean currents (u) and thermocline depth (h) can be written

as:

au/at + fk x u + Vbh = T/H + ~V2u - ru

ah/at + H~(u) = -rh

(3.2.1)

(3.2.2)

where T, ~, r, and H represent the surface wind stress, the

diffusion coefficient, the Rayleigh friction coefficient, and

the mean depth of thermocline, respectively. Following Zebiak

and Cane (1987) and Seager et ale (1988), a constant surface

frictional (Ekman) layer is incl~ded in the upper ocean to

capture the intensity of wind driven surface currents.

Therefore, the vertically averaged currents in the upper ocean

can be expressed as U= (H1Ul+~~) /H, where SUbscripts 1 and 2

refer to the surface layer and underlying layer, respectively.

The equations governing the shear between layers 1 and 2

can be written as

r.u. - fV.= T(x)I PJ:Il

r.v. + iu.= T(Y)I PJ:!l
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where u, = U 1-U2 and .,.(x> and .,.(Y) are wind stress in zonal and

meridional directions, respectively.

The entrainment velocity (which equals the upwelling

velocity for a constant depth mixed layer) at the base of

surface layer is determined from the Ekman divergence of the

surface-layer currents, namely,

(3.2.4)

The model allows prediction of sea surface temperature.

The mean temperature in the surface layer can be written as

(3.2.5)

where Tc is temperature of entrained water below the constant

mixed layer, Po and Cw are the density and specific heat of

water, Q is diabatic heating in the mixed layer, and H(x) is

a heavyside step function which equals to 1 when xe-o and

equals to 0 when x<o. The equation (3.2.5) shows that the

change in SST depends on horizontal advection, vertical

advection, and surface heat fluxes.

So far there are a number of maps showing the annual mean

net surface heat flux at the tropical Pacific Ocean basin

(e.g., Wyrtki 1965, Esbensen and Kushnir 1981, Weare et ale

1981). These maps are estimated from marine climate data using

various empirical formulas. There is considerable uncertainty
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regarding the pattern and magnitude of the surface heat flux.

For example, Weare et ale show a large downward annual mean

net heat flux (60 Wm~) over the equatorial western Pacific

around 140-160 0E whereas Esbensen and Kushnir's data show a

value of 20 Wm~. If the mean net heat flux has an error of 40

Wm~, the surface temperature with a typical mixed layer depth

of 50 m will change at a rate of 6°C sr', which is greater

than that observed in ENSO transitions (Webster and Lukas

1992). Gordon and Corry (1991) simulated the seasonal cycle in

the tropical Pacific ocean using an ocean GCM model in which

a flux correction term, in addition to observed surface heat

flux, is added to the diabatic heating term, namely, Q = Q (Tc)

- 1] (T-T-), where Q (Tc ) is the observed net heat flux, T- is

taken to be the climatological monthly mean SST, and 1] is

assigned a value of 35 Wm~~l which corresponds to a Newtonian

cooling time scale of two months for a mean mixed layer depth

of 50 m (PrCwHd1]). In the present study, T- is set as

climatological annual mean SST rather than monthly mean SST so

that the simulated SST is relaxed only toward the annual mean

SST and the flux correction has little effect on the annual

variation of SST. A value of 14 Wm~~l for 1] is taken in the

p~esent study so that the relaxation time extends to 5 months.

This value is supported by Gent's (1991) recent study for the

heat budget in the TOGA-COARE domain. The climatological

surface heat fluxes of Esbensen and Kushnir (1981) are used in

the present study.

39



The solar radiation in the model is allowed to penetrate

below the base of the mixed layer according to a "two band"

approximation. Therefore, the climatological net heat flux in

the surface temperature equation can be written as:

(3.2.6)

where Q1 is available insolation flux and Q2 is the sum of

sensible, latent and longwave radiation heat fluxes. The

parameter, J, represents the penetration rate of solar

radiation flux down to the base of surface layer which is

parameterized as

(3.2.7)

The temperature of entrained water below the base of the

mixed layer, Te , is given by

(3.2.8)

where a is an adjustable parameter taken to be 0.75 and T~ is

temperature below the surface layer which is set to be the

climatological annual mean temperature at 50 meters (Tam) plus

an annual variation. since the model does not predict the

change of T~, the change in TRW is assumed to be related to

the variation of thermocline depth. There are several
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different formulae relating T~ and h (e.g., Zebiak and Cane

1987, Seager et ale 1988, Chang 1993). In the present study,

I use a simple relation given by

(3.2.9)

where Tm and hm are model-output annual mean surface

temperature and thermocline depth and Tr is the constant

reference temperature in the abyss.

The model ocean covers from 120 0E to 80 0W between 30°8

and 30 0N with a realistic description of the Pacific ocean

boundaries in the east and west sides. The model spatial

resolution is 2 ° longitude by 1 ° latitude and the time

interval is approximately 3 hours. To make sure that the

current resolution is proper, a sensitivity test with a twice

resolution (1° longitude by 0.5° latitude) was carried out and

the results are very close. An absolute potential enstrophy

conserving scheme is used and the finite-difference equations

are formulated on the staggered C grid in a spherical

coordinate. No-flux boundary conditions for temperature and

free slip conditions for velocities are applied at the ocean

boundaries. At northern and southern boundaries, the large

Rayleigh friction and Newtonian damping with a time scale of

a half day, which rapidly decay toward the ocean interior, are

introduced to eliminate coastal Kelvin waves. The

climatological monthly mean surface winds and heat fluxes are
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~ecomposed to 6 harmonics so that their values at each time

step can be precisely determined.

The model contains a number of parameters. The values of

these parameters are set as following. The density of ocean

water, Po, equals to 1 g/cm3 , the air density at surface, Pa ,

is 1.2xl0-3 g/cm3 , the drag coefficient, CD' is set to be

1. 5x10-3 , the heat capacity of water, cw , is 4. 2Xl03 Jkg-I1{"I, the

solar radiation penetration coefficient, R, is 0.58 and e

folding depths r l and r 2 are 35 cm and 2300 cm, respectively,

the reference temperature, Tr , is set 10 oC, the Rayleigh

friction coefficient, r, is set to be 1/150 day-I, the

diffusion coefficients in momentum and thermodynamic

equations, ~ and K, are set to be 5xl07 cm2/s, the mean depth

of thermocline, H, is 150 m, the depth of the constant surface

layer, HI' is 50 m, and the Rayleigh friction coefficient in

the shear equation (3.2.3), r., is set to be 2 day-I.

3.3 The response of the tropical Pacific SST to dynamic and

thermodynamic forcing: surface wind stresses verse heat fluxes

According to the thermodynamic equation (3.2.5), time

change rate of SST depends on two physical processes: the

wind-induced dynamic process that includes horizontal and

vertical temperature advection and the thermodynamic process

associated with surface heat fluxes. To identify the relative

importance of the two processes, four experiments are

designed. In the first experiment, the model ocean is forced
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by both annual mean wind stress and annual mean net surface

heat flux. In the second experiment, the annual cycles of wind

stress and annual mean of surface heat flux are specified. In

the third experiment, the ocean is forced by annual mean of

wind stress and annual cycle of heat flux. In the fourth

experiment, it is forced by the annual cycles of both wind

stress and heat flux. By isolating dynamic and thermodynamic

processes, I attempt to understand what physical processes are

responsible for the westward propagation of the SST anomaly

along the equator and what processes are responsible for the

northward propagation of the SST anomaly in the eastern

Pacific.

Climatological monthly mean surface winds derived from

the COADS data (Sadler et al. 1987) and surface heat fluxes

derived from Esbensen and Kushnir (1981) are used in the

section.

3.3.1 Experiment one: annual mean wind and heat flux forcing

In the first experiment, annual mean SST is simulated

using observed annual mean wind stresses and surface heat

fluxes as external forcing. The model is integrated for two

years and the initial conditions for ocean surface

temperature, currents, and thermocline depth are set to be

constants and equal 30 oC, 0 cms-1 , and 150 m, respectively.

Figure 23 shows the simulated SST and thermocline depth

fields. The western Pacific warm pool, the south and north
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eastern Pacific cold tongues, and warm water belt (27°C

contour line) along the intertropical convergence zone (ITCZ)

are simulated. The error is less than 1°C in most region and

the maximum errors occur in the equatorial eastern Pacific

(1.3°C) and along the North and South America coasts (2.S0C).

The thermocline depth is shallow in the equatorial eastern

Pacific and the coasts of South and North America and is deep

in the equatorial western Pacific and sUbtropical regions.

The major terms influencing SST in the thermodynamic

equation (3.2.5) are zonal and meridional temperature

advection, vertical temperature advection, and thermal forcing

(net heat flux) terms. To examine the relative importance of

these terms, I calculated these aforementioned four terms

(Figure 24). It is seen from the thermal forcing field that

net downward heat flux occurs in the equatorial eastern and

western Pacific ocean. The maximum diabatic heating lies at

110 0W along the equator. In the sUbtropics, the surface heat

fluxes generally tend to cool the ocean and cause the decrease

of sea surface temperature. The wind-induced zonal and

vertical temperature advection has a comparable magnitude with

the thermal forcing term. The meridional temperature advection

is relatively small. The strongest cooling associated with the

zonal temperature advection appears in the eastern and central

Pacific with a maximum value at 120 0W, 100S. The maximum

cooling related to the vertical upwelling process lies in the
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equatorial eastern Pacific and along the coasts of North and

South America.

3.3.2 Experiment two: annual mean wind stress and annual cycle

heat flux forcing

In the second experiment, I investigate the temporal

evolution of sea surface temperature in response to the annual

cycle of thermal forcing and annual mean of surface wind

forcing.

Figure 25 shows the annual variation of simulated SST and

external thermal forcing term (the Q term in the thermodynamic

equation (3.2.5» along the equator. The annual mean fields

have been removed from the both fields. It is found that the

anomalous warming (cooling) occurs in April (October) at

100 0W. Such anomalous warming or cooling is associated with

the annual variation of the thermal forcing in the eastern

Pacific. The maximum positive (negative) anomaly in the

thermal forcing field appears at 90-100 0W in March (July and

October). In the western-central Pacific, there is a semi

annual variation (a period of 6 months) in both the thermal

forcing and SST fields. The annual variation is ~ominant in

the eastern Pacific. Generally, the SST lags the ocean surface

net heat flux by an approximate time scale of 1-2 months along

the equator. Both the simulated SST and thermal forcing

anomalies show little systematic westward propagation along

the equator.
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The above results suggest that the initial warming (or

cooling) of the equatorial SST in the eastern Pacific is a

response to thermal forcing of net surface heat flux. The

response time scale is approximately 1-2 months. However,

after it initiates the anomalous warming (or cooling) in the

eastern Pacific, the surface heat flux does not cause the

westward propagation of the SST anomaly.

Figure 26 shows the annual variation of the simulated SST

and thermal forcing along 100-110 oW. As in Figure 25, the

annual mean fields have been removed. Both the SST and thermal

forcing anomalies exhibit systematic northward propagation.

For example, the maximum warm SST occurs at 25°S in March and

propagates to the equator in April whereas the maximum thermal

forcing anomaly appears at 30 0S in January and propagates to

the equator in March. The phase difference between the SST and

thermal forcing anomalies is approximately 2 months at 30 0S

and 1 month at the equator.

The numerical results suggest that the annual variation

of the surface heat fluxes plays an important role in

determining the meridional propagation of the SST anomaly

along the eastern Pacific. Further investigation reveals that

solar radiation flux is a dominant term to cause the

meridional propagation of the SST anomaly (figure not shown).

Therefore, the initial anomalous warming (cooling) in the

equatorial eastern Pacific may be due to the annual cycle of

the solar radiation flux which propagates northward along the
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eastern Pacific from the southern hemisphere to the northern

hemisphere.

A interesting question related to the above phenomenon is

why there is no southward propagation of the SST anomaly in

the eastern Pacific while the sun goes back to the southern

hemisphere. Due to unstable interaction between southerly wind

and SST gradient, a number of low stratus clouds develop which

greatly affect the solar heat flux at ocean surface (Mitchell

and Wallace 1992). It is shown from the latitude-time profile

of the downward surface solar flux (cloudiness effects

included) (Esbensen and Kushnir 1981) that there is no

southward propagation (Figure 27). Therefore, the low-stratus

cloudiness feedback plays an important role in causing only

northward propagation of the SST anomaly in the eastern

Pacific.

3.3.3 Experiment three: annual cycle wind stress and annual

mean heat flux forcing

In the third experiment, the response of the tropical

Pacific SST to the annual cycle of wind forcing and annual

mean of thermal forcing is examined.

Figure 28 shows the simulated SST and observed surface

zonal and meridional wind fields along the equator (annual

mean has been removed). Unlike in the previous experiment, the

SST anomaly does show systematic westward propagation along

the equator. Since there is no anomalous thermal forcing, the
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westward propagation of the SST anomaly is purely due to the

wind-related dynamical process. The observed zonal wind

anomaly along the equator shows similar westward propagation.

There is a phase difference between the SST and zonal wind

anomalies. The westerly (easterly) anomaly lies west (east) of

the anomalous warm SST. The observed meridional wind anomaly

along the equator does not show significant phase propagation.

Zonal temperature advection and vertical upwelling are

two major processes associated with the wind-induced dynamic

process. The anomalous westerly wind west of the anomalous

warm SST suppresses the upwelling by reducing the Ekman

divergence and induces a positive zonal advection anomaly

through mean negative SST gradients. In order to examine the

relative importance of the two processes, the time-longitude

profiles of the zonal and vertical temperature advection

anomalies are illustrated in Figure 29. The systematic

westward propagation of the SST anomaly is mainly due to the

anomalous zonal temperature advection. The vertical

temperature advection mainly contributes to the warming (or

cooling) in the eastern Pacific (east of 120 0W).

The amplitude of the SST anomaly due to the ~ind-induced

dynamical process in the eastern Pacific (l.l°C) is almost

same as that due to the anomalous thermal forcing (1.2°C). The

maximum SST anomaly due to the anomalous wind forcing occurs

in May while the anomaly due to the anomalous thermal forcing

appears in April. This suggests the importance of surface heat
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flux thermal forcing in the timing of initial warming or

cooling in the equatorial eastern Pacific.

The simulated SST and observed surface wind anomalies do

not show systematic meridional propagation in the eastern

Pacific (Figure 30). The result suggests that the observed

meridional propagation of the SST anomaly along the eastern

Pacific, as shown in Figure 2Gb, is not due to the surface

wind stress forcing.

3.3.4 Experiment four: annual cycle wind stress and heat flux

forcing

In the fourth experiment, the response of the tropical

Pacific ocean to the annual cycles of surface wind and heat

flux forcing is examined.

Figure 31 illustrates the simulated SST field along the

equator and along 100-110 oW. Both westward propagation of the

SST anomaly along the equator and northward propagation along

the eastern Pacific are simulated although the amplitude of

the SST anomaly is smaller than the observed (see Figure 20).

The SST anomaly in experiment 4 is approximately the sum of

the previous two isolated experiments (Experiments 2 and 3).

Along the equator, the simulated maximum anomalous warm (cold)

SST occurs in April (August) at 90-100 0W while the observed

appears in l-1arch (September). The phase speed of westward

propagation of the simulated SST anomaly. is close to

observation. Such westward propagation is due to the wind-
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induced dynamic process and not due to the heat flux forcing.

In the eastern Pacific around 100-110 oW, the maximum SST

anomaly (1.1 ° C) occurs in March along 20 °S. It propagates

northward and reaches to the equator in May. The meridional

propagation of the SST anomaly results from the annual

variation of surface heat fluxes.

3. 4 The remote and local wind forcing on the equatorial

eastern Pacific SST

Climatological monthly mean surface wind over the

equatorial western Pacific shows a clear annual variation.

Both total and anomalous (to annual mean) zonal winds between

120 0E and 170 0E are westerlies during November and December

(Figure 32). Maximum westerly anomaly occurs in November at

160 0E with a magnitude of 2.2 m/s whereas the maximum westerly

(2.5 m/s) of the total field appears in December at 140 oE.

Lukas (1981) suggested that the change of sign of pressure

gradient associated with equatorial undercurrent at 86°W-96°W

during early spring is caused by the remote wind forcing in

the west side of the ocean through the propagation of an

oceanic Kelvin pul ae since the phases of local win<;l stress lag

the pressure gradient change by 1-2 months. Wang (1992b)

implied that the change in SST off the coast of Ecuador (80

86°W, 2°N-2°S) is a remote response to the annual variation of

the zonal wind in the western Pacific since it leads by about

two months (his Fig. 12c).
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In this section, using the ocean model described in 3.2,

I attempt to investigate the response of the equatorial

eastern Pacific SST to remote and local surface wind forcing.

Two experiments are designed. In the first experiment, I

specify the annual cycle of surface wind forcing in the

western Pacific (west of the date line) but keep the annual

mean wind forcing in the rest ocean. In the second experiment,

the annual cycle of wind forcing in the eastern Pacific (east

of 120 0W) and the annual mean of wind forcing at west of 120 0W

are specified. In both experiments, observed annual mean

surface heat fluxes are applied.

3.4.1 The remote forcing

In the first experiment, the response of the equatorial

eastern Pacific SST to anomalous wind forcing west of the date

line is examined. There is no anomalous wind forcing east of

180 0E. Figure 33 shows the simulated anomalous SST field along

the equator. A maximum positive SST anomaly occur in January

in the eastern Pacific around 110 0W. The amplitude of the

anomaly is O.23°C. Another positive SST anomaly appears in

December around 170 0E with an amplitude of O.16°C. The

positive SST anomaly propagates eastward along the equator

with an approximate phase speed of 75° longitude per month

(about 3 m/sj , This speed is the same as that of oceanic

Kelvin waves. The eastward propagation of the anomalous SST

signal coincides well with the thermocline depth anomaly field
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(Figure 34). The time evolution of the SST anomaly in the

eastern Pacific is highly asymmetric between transition

periods from maximum warm to cold SST anomalies (3 months from

January to April) and from maximum cold to warm SST anomalies

(9 months from April to January). The thermocline depth

anomaly shows a similar feature. Due to anomalous westerly

(easterly) forcing in the western Pacific, downwelling

(upwelling) oceanic Kelvin waves are excited which propagate

eastward along the equator away from the forcing region. For

example, a positive thermocline depth anomaly, which

represents a downwelling Kelvin pulse, occurs at 170 0E in

November when the maximum westerly anomaly appears. The

thermocline depth anomaly propagates eastward and approaches

160 0W in December and 110 0W in January. Such eastward

propagation results from oceanic free Kelvin wave dynamics and

is extremely different from the westward propagation of the

SST anomalies due to the coupled air-sea interaction

mechanism.

To further identify the horizontal structure of the

eastward-propagating free Kelvin wave, Figure 35 illustrates

the simulated anomalous thermocline depth field.· It clearly

shows the Kelvin wave structure with the maximum amplitude in

the equator: Since there is no anomalous forcing east of

180 oE, the thermocline depth anomaly east of the date line is

due to remote forcing of anomalous winds in the western

Pacific. After it approaches the eastern boundary, the Kelvin
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wave propagates poleward along the coasts of North and South

America.

Of particular interest in contrast to this experiment is

the examination of the response of the SST to the annual cycle

of wind forcing east of the date line with a specified annual

mean wind field west of 180 0E. Different from the eastward

propagation of free oceanic Kelvin waves, the SST anomaly

shows westward propagation in response to surface wind forcing

in the central and eastern Pacific (Figure 36). When the

annual cycle of surface wind forcing is applied in all Pacific

region, the two waves, the eastward-propagating free Kelvin

wave and the westward-propagating forced wave, will interfere.

For example, an anomalous cooling (-O.23°C) occurs in April in

the eastern Pacific due to the free Kelvin wave (Figure 33)

while an anomalous warming of 1.2°C occurs at same time and

place due to the forced wave (Figure 36). The net effect of

the two waves is a SST anomaly of 1.0 0C in April (Fig. 28).

Although the amplitude of the SST anomaly in the eastern

Pacific due to remote forcing of the anomalous wind in the

western Pacific is quite small compared with that due to local

wind forcing, the remote forcing may play a role in the

initiation of the anomalous warming or cooling in the

equatorial eastern Pacific.

3.4.2 The local forcing
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In this experiment, the response of the eastern Pacific

SST to the local (120 0W-SOOW) anomalous wind forcing is

examined.

In response to the anomalous loc,al lorind forcing, SST

anomalies are confined in the eastern Pacific (east of 120 0W)

while thermocline depth anomalies are found farther to the

west (Figure 37). A maximum SST anomaly occurs in the

equatorial eastern Pacific around 1000-110 0W. The anomalous

warming starts from February, reaches its peak in March, and

disappears in July-August. The maximum cold SST anomaly in the

eastern Pacific appears in November. The amplitude of both the

anomalous warming and cooling in the equatorial eastern

Pacific due to local wind forcing is about 1°C.

The thermocline depth anomaly field shows more obvious

westward propagation than the anomalous SST field. For

example, a negative thermocline depth anomaly occurs in April

at 130 0W and propagates westward along the equator to 140 0E in

August. The phase speed of the negative anomaly is about 22.5°

longitude per month (about 1 m/s). Since there is no anomalous

wind forcing west of 120 oW, the westward propagation is

regarded as a free oceanic Rossby wave. This is confirmed from

the horizontal structure of the anomalous thermocline depth

field (figure omitted) in which there is dominant symmetric

structure with a lowest meridional mode, resembling Rossby

wave structure.
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~.5 The effect of annual variation of cloudiness on the SST

change

In previous sections, surface heat fluxes are specified

from climatological monthly mean fields (Esbensen and Kushnir

1981). For a coupled ocean-atmosphere system, solar radiation

at the top of the earth atmosphere is the sole external input.

The coupling between ocean and atmosphere is strongly

influenced by atmospheric parameters such as clouds, wind

speed, air surface temperature and specific humidity.

In this section, annual mean and annual cycle of the

tropical Pacific SST are simulated using empirical heat flux

parameterization formulae. Only surface wind and cloud cover

are specified as external parameters. Air surface temperature

and specific humidity are determined from SST through

empirical regression equations derived from climatological

monthly mean fields (Esbensen and Kushnir 1981).

3.5.1 Surface heat flux parameterization

The net downward heat flux at ocean surface can be

expressed as

Qnet = SR - LW - LH - SH ( 3 • 5 • 1)

where SR represents downward solar radiation at ocean surface,

LW net upward lon~lave radiation flUX, LH latent heat flux,

and SH sensible heat flux.
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Philander et ale (1987) in their study of seasonal cycle

using an OGCM model assumed a constant solar radiation flux

equatorward of 20° latitude and a constant longwave radiation

flux and used standard bulk formulae to compute latent and

sensible heat fluxes. They also assumed a constant relative

humidity (80%) with a specified observed air surface

temperature field. Seager et ale (1988) in a simple model of

the tropical Pacific SST used Weare et ale 's (1980) formula to

compute the solar radiation flux by giving climatological

cloud cover fields. The longwave radiation and sensible heat

flux were simply parameterized as a Newtonian cooling term by

forcing the model SST towards a constant temperature with an

upward heat flux in the range of 30-45 Wm~.

In the present study, following Esbensen and Kushnir

(1981), the solar radiation flux at the ocean surface is

computed according to Berliand's formula (Budyko 1974). It

consists of two parts: an estimate of the monthly averaged

maximum available direct plus diffuse solar flux at sea level,

which is a function of latitude and month, and a factor which

includes the effect of cloudiness, i.e.,

(3.5.2)

where Qo is the monthly averaged direct and diffuse maximum

solar flux calculated from observation by Budyko (1974, Table

3), A is surface albedo which is taken to be 0006, a typical

56



value for the tropical oceans (Payne 1972), n is the monthly

averaged cloudiness, and coefficients al and az are given in

Budyko's book (Table 4).

The net upward long-wave radiation flux is parameterized

as

(3.5.3)

where T. and T. are the monthly mean air and sea surface

temperatures, e is the monthly averaged water vapor pressure

(in rob), e is the emissivity of water (=0.97), a is the

Stefan-Boltzmann constant, a3 is a coefficient depending on

latitude in order to account for the varying radiative

properties of clouds at different latitudes (Budyko, 1974,

Table 9).

The latent and sensible heat flux estimates are based on

the bulk aerodynamic formulae, i.e.,

(3.5.4)

and

(3.5.5)

where P.

of air,

is the density of air, Cp the isobaric specific heat

L the latent heat of evaporation, CD the drag
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coefficient, and q. and q. the monthly averaged sea and air

specific humidities.

To apply the aforementioned surface heat flux formulas,

one has to specify atmospheric variables such as surface wind,

cloudiness, air surface temperature and humidity. According to

a statistical analysis, there are high (greater than 0.9)

correlations between T. and q. (see empirical relationship, Eq.

(2.3.6) in Chapter 2) and between T. and T. (the linear

regression equation is T. = 1.03T. - 1.32). The climatological

monthly mean data of Esbensen and Kushnir (1981) in the domain

of 120 0E-800W and 30 0S-300N for all 12 months are used for the

above regression analysis (sample size: 33x16x12). Therefore,

air surface temperature and specific humidity can be

empirically determined from the model SST, and only surface

winds and cloudiness are specified.

3.5.2 The results

In this section, annual mean and annual cycle of SST are

simulated using the aforementioned parameterization formulas

of solar radiation, longwave radiation, latent and sensible

heat fluxes described in section 3.5.1. In the annual mean SST

simulation (Figure 38a), climatological annual mean surface

wind (Sadler et ale 1987), cloudiness (Esbensen and Kushnir

1981), and direct plus diffuse solar flux (Budyko 1974) are

specified. The western Pacific warm pool and eastern Pacific

cold tongue are simulated. It is noted from Figure 38b that
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the difference between the simulated and observed SST is less

than 1°C in most region. The largest error (-3.8°C) appears in

the artificial eastern boundary along 82 oW due to strong

coastal upwelling there while the realistic coast of the South

America lies a few degrees to the east.

The effect of annual variations of cloudiness is examined

by analyzing the following two experiments in annual cycle SST

simulations. In one experiment, annual mean cloudiness is

fixed. In the second experiment, annual cycle of cloudiness is

specified. Figure 39 shows the simulated SST fields in the

second experiment for two extreme months in terms of the SST

cold tongue: March and September. In the western Pacific, the

warm pool lies along the southern Pacific convergence zone in

March and moves northwestward to the north western Pacific in

september. In the eastern Pacific, the equatorial cold tongue

is much stronger in September than in March. Along the south

America coast, the SST is 4°C colder than that in March. Along

the intertropical convergence zone, the SST shows strong phase

in September characterized by a 27°C SST zone whereas it is

only 26°C contour line in March.

The difference of the simulated SST fields-between the

two experiments (as shown in Fig. 40) indicates that due to

the absence of description of annual cycles of cloudiness, the

simulated SST is overestimated in summer/fall hemisphere and

underestimated in winter/spring hemisphere. The largest

difference (about 0.9°C) occurs in the northeastern Pacific
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monsoon region. The difference in the other region is less

than 0.4°C. Compared with the amplitude of annual variation of

SST, the difference in the eastern Pacific sUbtropical high

region is small. However , it is relatively large in the

western Pacific. The result suggests that the annual variation

of cloudiness is important for simulating a realistic annual

cycle of SST in the western Pacific and the northeastern

Pacific monsoon region and is not important in the rest of the

ocean.

60



CHAPTER FOUR

SUMMARY

In this study, I investigate the physical mechanisms of

the annual cycle in the tropical Pacific atmosphere and ocean.

A simple atmospheric model is proposed for studying the

key parameters of the coupled ocean-atmosphere system, monthly

mean surface winds and precipitation, for a given sea surface

temperature forcing. The model atmosphere is assumed to be in

a hydrostatic equilibrium with a linear lapse rate in the

troposphere. A vertically integrated hydrostatic equation is

derived to directly determine the sea-level pressure field

from SST. Since the annual variation of the mean lapse rate is

highly correlated with that of SST, it is empirically

determined from the monthly mean SST field. The determination,

however, contains a systematic bias. The bias is basically

independent of season. It is important in accounting for the

east-west phase difference between cold SST tongues and

subtropical high pressure systems even though its magnitude is

moderate. So far all simple models fail to reproduce

accurately such a phase difference so that the simulated

easterly trades in the eastern Pacific Ocean and along-shore

meridional winds near Mexico and South America are weaker than

those observed. The exact physical mechanisms causing such a

phase difference remain unanswered in this stage. I speculate

that the effects of the upper-troposphere circulations and
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radiation transfer as well as transient processes may be

possible causes.

The empirical relationship between the vertically

averaged lapse rate and SST implies that from a statistical

sense, there is a climatological advection/adiabatic/radiation

thermodynamic equilibrium in the tropical troposphere.

Thermodynamics in the Gill model involves the feedback of low

level convergence through adiabatic processes and a variety of

atmospheric heating. Compared with it, the present model has

a much simpler formulation. Only hydrostatic equation and the

equation of state are applied in determining an important

thermodynamic quantity, sea-level pressure. Success in

modeling a realistic annual cycle of sea-level pressure

implies that the tropical atmosphere is in a climatological

advection/adiabatic/radiation equilibrium so that complicated

thermodynamic processes can be parameterized in terms of

underlying SST.

The diagnosis of linear three-force balance in the Gill

model indicates that the use of direction- and latitude

dependent Rayleigh friction coefficients is crucial for

surface momentum balance and can significantly reduce surface

wind errors. The diagnosis of thermodynamic problems in a

simple atmospheric model shows that the difficulty in

producing a realistic SLP field lies in the proper description

of spatial and temporal variations of vertically averaged

lapse rates.
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The response of the tropical atmosphere to the symmetric

and antisymmetric SST forcing is examined using the proposed

simple atmosphere model. It is found that the time evolution

of the symmetric SST mode results in the westward phase

propagation of the surface zonal wind, precipitation and sea

level pressure along the equator. It is also found that the

annual variation of the antisymmetric SST mode causes the

seasonal oscillations in the precipitation field with maximum

rainfall along the climatological convergence zones such as

the ITCZ and SPCZ, in the sea-level pressure field with large

amplitudes in the sUbtropical region away from the equator,

and in the monsoonal circulations with the anomalous westerly

in the summer hemisphere and the cross-equatorial flows

directed from the winter hemisphere.

The model is extremely cheap in computational costs.

Despite its simplicity, it is capable of simulating realistic

annual cycles of the surface wind, sea-level pressure, and

precipitation over the tropical Pacific. It can also be used

to study the interannual variability associated with El

Nino/Southern Oscillation (Li and Wang 1992). The results

suggest that the physics of the tropical atmospheric response

to external SST forcing can be understood in terms of the

proposed conceptional dynamic and thermodynamic framework.

A reduced-gravity ocean model is used to study the

response of the tropical Pacific SST to the surface wind

stress and heat flux thermal forcing. The model contains

63



~inear dynamics in the upper ocean that predict mean currents

and thermocline depth and a nonlinear thermodynamic equation

to predict sea surface temperature. A constant buoyancy is

assumed in the upper ocean so that the model dynamic

quantities such as horizontal currents and thermocline depth

are independent of SST and depend only on surface wind

stresses. Following Cane (1979), Zebiak and Cane (1987), and

Seager et ale (1988), a constant depth, frictional, linear

surface layer is added to the upper ocean so that vertical

entrainment rate is dynamically determined from wind-induced

upwelling through Ekman divergence at the surface layer. The

temperature of entrained water below the surface layer is

assumed to be observed climatological annual mean temperature

at base of the layer plus a perturbation which is

parameterized by annual variation of simulated thermocline

depth fields.

with specified surface wind and heat flux forcing, the

ocean model is able to capture many fundamental features of

climatological SST in the tropical Pacific. For instance, the

western Pacific warm pool and the eastern Pacific cold tongue

are simulated and there are clear annual variations in the SST

field.

The mechanisms for annual cycles of the tropical Pacific

SST are investigated using the ocean model. Physically, there

are two important processes which affect the SST. One is wind

related dynamic processes that include horizontal advection
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· and vertical upwelling. Another is thermal forcing which

consists of solar radiation, longwave radiation, latent heat

and sensible heat fluxes. By examining the response of the SST

to the annual mean or annual cycle of surface wind and thermal

forcing, I find that the westward propagation of the

equatorial SST results from the wind-induced dynamic processes

and the northward propagation of the anomalous SST in the

eastern Pacific is due to the annual variation of solar

radiation forcing.

From a meteorological view, the westward propagation of

atmospheric quantities such as surface zonal wind, SLP, and

precipitation along the equator is due to westward propagating

symmetric SST forcing. From an oceanographic view, the

westward propagation of equatorial SST is due to wind-related

dynamic processes. Therefore, the westward phase propagation

of the atmospheric and oceanic components along the equator is

a manifestation of air-sea interaction.

Although coupled air-sea interaction is an important

mechanism to cause the westward propagation of the equatorial

SST anomaly in the Pacific, the initiation of anomalous

warming (or cooling) in the eastern Pacific is primarily due

to the northward propagation of the SST anomaly in response to

solar radiation forcing. The remote forcing of anomalous

westerly (or easterly) winds in the equatorial western Pacific

also has contribution on the eastern Pacific SST variation by

exciting ocean Kelvin waves which propagate eastward.
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The parameterization of solar radiation, longwave

radiation, latent heat and sensible heat fluxes has been

carried out to examine the effects of annual variations of

cloudiness on the SST change. The solar and longwave radiation

fluxes follows Berliand' s formulas and the latent and sensible

heat fluxes use empirical bulk formulations. Only winds and

cloud cover are required as external inputs. Other parameters

such as air surface temperature and specific humidity are

determined from SST through empirical relationships derived

from climatological monthly mean data. By avoiding the

specification of the parameters, one obtains two advantages.

First, the model can be coupled to a simple atmosphere model

which does not predict these variables, and second, the model

is not sensitive to the expected errors in the determination

of these variables from a more complex atmosphere GeM.

Runs using specified annual mean and annual cycle of

cloudiness indicate that the annual mean cloud cover has a

primary effect on the SST field and the seasonal variation of

cloud cover is obviously of secondary importance. The

difference of SST in the two experiments is generally less

than O.4°C. However, the difference is important in the

western Pacific since it has a comparable magnitude as that of

annual or interannual SST variation there. The results suggest

that the effect of annual variation of cloudiness on the SST

is crucial in the western Pacific and in the northeastern

Pacific and is not important elsewhere in the Pacific.
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The major discrepancy in the ocean model is failure to

produce the realistic strength of annual variations of the SST

in the equatorial eastern Pacific. For example, the observed

SST anomaly in the eastern Pacific azround 100 0W is 2.8 °C while

the simulated is 2.0 0C. Furthermore, the observed maximum SST

anomaly in the equatorial eastern Pacific occurs in March

while the simulated appears in April. The assumptions of

constant mixed layer depth and the empirical entrainment

temperature formulation are possible causes. within the model

framework, a number of modifications can be made. For example,

both mixed-layer and thermocline depths can change with time

and space by formulating a simple two and one-half layer model

similar to that of Schopf and Cane (1983), and the mixed layer

physics such as turbulence mixing can be combined with model

dynamics in order to better describe the vertical entrainment

process.

In this dissertation study, I have analyzed and simulated

the annual cycles of the tropical Pacific atmosphere and ocean

using a simple atmosphere model and a reduced-gravity ocean

model. Future work will focus on the study of the mechanisms

of low-frequency variabilities in a coupled air-sea

interaction system and the simulation of the intraseasonal

oscillation, annual cycle, and interannual oscillation in the

tropical Pacific atmosphere and ocean.
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APPENDIX
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Fig. 1a Observed climatological monthly mean sea-level
pressure (rob) field derived by Sadler et ale (1987)
in January, April, July, and October, respectively.
Contour interval is 1 mb.
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Fig. 1b Observed climatological monthly mean sea surface
temperature field derived by Sadler et al. (1987) in
January, April, July, and October, respectively .
Contour interval is 1°C.
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Fig. 2 The pressure gradient force (a), coriolis force (b),
inertial force (c), and residual force (d) computed
from climatological annual mean sea-level pressure
and surface winds derived from COADS by Sadler et
al. (1987). The unit vector is 5xl04 ms~.
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Fig. 3 Geographic distribution of the regions (represented
by shaded areas) where opposite signs exist between
the zonal residual force (R1) and zonal wind
component (a) and between the meridional residual
force (R2) and meridional wind component (b).
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(a) Zonal friction coefficient
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Fig. 4 Diagnosed annual mean zonal (a) and meridional (b)
friction coefficients (in units 10.5 S·l ) based on
observation. Contour interval is 0.5x10·S S·l.
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Fig. 5 The meridional distribution of zonal-averaged zonal
(a) and meridional (b) friction coefficients from
January (line A) through December (line L), and 12
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balance model (2.2.2) with the direction- and
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Fig. 8 (a) The diagnosed annual mean . lower-troposphere
geopotential height perturbation (in units m) based
on the thermodynamic equation (2.2.3) in the WL
model, using climatological annual mean SST and
surface and 850mb winds. (b) The annual mean 850mb
geopotential height perturbation (in units m)
computed from climatological annual mean sea~level

pressure with .an approximate temperature profile
proposed by Lindzen and Nigam (1987). Contour
interval is 10 m.
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Fig. 9 The annual mean perturbation lapse rate ( in units of
10.5 °C/Pa) diagnosed from the thermodynamic
equation (2.2.3) using climatological annual mean
SST, 850mb and surface winds, and 850mb geopotential
height. Contour interval is 2x10~ °C/Pa.
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rate (in units °C/km) distribution calculated from
equation (2.3.2) by using observed climatological
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Fig. 12 The 12-month-mean difference between the empirical
lapse rate calculated from Equation (2.3.3) and the
diagnosed lapse rate calculated from Equation
(2.3.2). Contour interval is 0.01 °C/km.
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Fig. 20 (a) The time-longitude section of SST anomaly along
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COADS by Sadler et al. (1987). Contour intervals are
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Fig. 21 Observed climatological annual mean cloudiness
derived from Esbensen and Kushnir (1981) and annual
mean HRC derived from Garcia (1985). Contour
intervals are 0.05 and 1 day/month.
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Fig. 22 Observed climatological January and JUly cloudiness
anomaly fields derived from Esbensen and Kushnir
(1981). Contour interval is 0.05.
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units of 10-8 °C/s) in the thermodynamic equation
(3.2.5) for the first ocean experiment. Contour
interval is 5x10·g «ct«,
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Fig. 24 (continued)
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Fig. 26 The time-latitude section of the simulated SST
anomaly and the observed thermal forcing anomaly
along lOO-llOoW for the second ocean experiment.
Contour intervals are O.loe and 2xlO-8 0e/s
respectively.
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Fig. 27 The time-latitude section of downward solar flux at
ocean surface derived from Esbensen and Kushnir
(1981) along 90 oW, 100 oW, and 110 oW, respectively.
The effect of cloudiness has been considered.
Contour interval is 10 Wm~.
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Fig. 29 time-longitude section of the simulated zonal
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the equator in the third ocean experiment. Contour
interval is 2x10-8 °C/s.
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The time-latitude section of the simulated SST
anomaly and the observed surface zonal and
meridional wind anomalies along 100-110 0W in the
third ocean experiment. contour intervals are 0.1 °C,
0.5 mIs, and 0.5 mIs, respectively.
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Fig. 31 The time-longitude profile of the simulated SST
anomaly along the equator (a) and the time-latitude
profile of the simulated SST anomaly along 100-110 0W

(b) in the fourth ocean experiment in which both
annual cycle winds and heat fluxes are specified.
Contour interval is O.l°C.

103



DEC zonal
NOV
OCT
SEP
AUG
JUL
JUN
MAY
APR
MAR
FEB
JAN

120E

wind

i60E i60W 120W

(a)

BOW

zonal wind anomaly (b)

160E

Fig. 32

DEC ~--"'<"""'C'"-'----'::>"'T""""=-T7"T'T"-:::-,-""'<;:]'-,,"--,,-,,","-r--;r--r<=-r--r---,

NOVE~~§§~~~;'OCT
SEP
AUG
JUL
JUN
MAY
APR
MAR
FEB
JAN

120E

Climatological monthly mean surface zonal wind (a)
and the corresponding monthly mean anomaly (b) along
the equator. contour interval is 0.5 m/s.
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Fig. 33 Time-longitude section of simulated SST (OC) anomaly
along the equator in response to anomalous surface
wind forcing west of the date line. Contour interval
is 0.05°e.
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Fig. 35 Horizontal structure of the thermocline depth
anomaly (m) in January, April, July, and October,
respectively in response to anomalous surface wind
forcing west of the date line. Contour interval is
1 m.
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Fig. 36 Time-longitude section of the simulated SST anomaly
(OC) along the equator in response to anomalous
surface wind forcing east of the date line. Contour
interval is O.l°C.
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Fig. 37 Time-longitude section of the simulated SST (OC) and
thermocline depth (m) anomalies along the equator in
response to anomalous surface wind forcing east of
120 0W. contour intervals are O.l°C and 1 m.
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simulated annual mean SST field (a) and its error
(b) for given climatological annual mean wind and
cloudiness fields with the heat flux formulas of
Equations (3.5.2)-(3.5.5). contour interval is lOCo
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Fig. 39 simulated March and September SST fields for given
climatological monthly mean wind and cloudiness
fields with the heat flux formulas of Equations
(3.5.2)-(3.5.5). Contour interval is 1°C.
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Fig. 40 The simulated SST difference in March and September
between the experiments with fixed annual mean
cloudiness and with varying monthly mean cloudiness.
Contour interval is O.l°C.
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